







Experimental determination of Fe 
isotope fractionations in the diagenetic 

















Doctorate of Philosophy 







Initial published work suggested that Fe isotope fractionations recorded in 
sediments were a product of biological activity. Experiments and measurements of 
natural samples now indicate that Fe isotope fractionation can be the product of both 
biological and inorganic processes. Sedimentary iron sulphides provide unique 
information about the evolution of early life which developed under anoxic 
conditions. It is in these sedimentary Fe-S species and in particular in Archean and 
Proterozoic pyrites that the largest Fe isotope variations (up to a range of ~5‰ for 
56/54Fe) have been measured. Most research has focussed on potential processes 
responsible for the formation of a 56Fe depleted Fe(II) pool from which iron 
sulphides would precipitate without additional fractionation, recording the light Fe 
isotope composition of the pool. Much less attention has been given to the possibility 
that the iron sulphide forming mechanisms themselves could produce significant 
fractionations.  
The Fe-S system constitutes a diverse group of stable and metastable phases, the 
ultimate Fe sequestrating phase being pyrite. The aim of this study was to examine 
experimentally where Fe isotope fractionations occur during the abiotic formation of 
iron sulphides in order to assess whether or not the measured Fe isotope signatures in 
natural pyrite could be explained by chemical mechanisms only. Both analytical and 
experimental protocols were developed in order to determine the partition of Fe 
isotopes for each step towards diagenetic pyrite formation. 56/54Fe and 57/54Fe ratios 
were measured on an IsoProbe-P Micromass MC-ICP-MS, and all experiments were 
performed under oxygen-free N2 atmosphere. 
Supporting previously published data, the results indicate that the precipitation of 
the nanoparticulate iron(II) monosulphide mackinawite (FeSm) kinetically 
fractionates lighter isotopes with initial fractionations of 56FeFe(II)aq-FeS = 1.17 ± 0.16 
‰ at 25°C and 56FeFe(II)aq-FeS = 0.98 ± 0.16 ‰ at 2°C. The rate of isotopic exchange 
between Fe(II)aq and FeSm decreases as FeSm nanoparticles grow. Fe isotope 
exchange kinetics are consistent with i) FeSm nanoparticles that have a core–shell 
structure, in which case Fe isotope mobility is restricted to exchange between the 
surface shell and the solution and ii) a nanoparticle growth via an aggregation–
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growth mechanism. Because of the structure of FeSm nanoparticles, the approach to 
isotopic equilibrium is kinetically restricted at low temperatures. 
The equilibrium Fe isotope fractionation between Fe2+aq and FeSm was 
determined using the three isotope method and is 56FeFe(II)-FeS = -0.33 ± 0.12 ‰ at 
25°C and 56FeFe(II)-FeS = -0.52 ± 0.16 ‰ at 2°C. This suggests that at equilibrium, 
FeSm incorporates heavier isotopes with respect to Fe
2+
aq, and the isotopic 
composition of most naturally occurring FeSm does not represent equilibrium. 
During pyrite formation, pyrite incorporates kinetically lighter isotopes with a 
fractionation 56FeFeS-pyrite ~ 2.2 ‰. Because pyrite is sparingly soluble in 
sedimentary environments, isotope exchange is prevented and pyrite does not 
equilibrate with its Fe(II) source. Combined fractionation factors between Fe2+aq, 
mackinawite (FeSm) and pyrite permit the generation of pyrite with Fe isotope 
signatures that encapsulate the full range of sedimentary 56Fepyrite recorded in both 
Archean and modern sediments. Archean Fe isotope excursions reflect various 
degrees of pyritisation, extent of Fe(II)aq utilisation, and variations in source 
composition rather than microbial dissimilatory Fe(III) reduction only. Our results 
show that sedimentary pyrite is not a passive recorder of the Fe isotope composition 
of the reactive Fe(II) reservoir forming pyrite. It is the formation process itself that 
influences pyrite Fe isotope signatures with consequent implications for the 
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Understanding biogeochemical processes and biogeological interactions is 
increasingly more difficult when going backwards to the early stages of the Earth’s 
history. For these periods, paleontological records are rare and poorly preserved, and 
geochemical proxies are often altered. It is well known that the evolution of biological 
systems and the surface of the Earth are closely related. The rise of oxygen into the 
atmosphere is an eloquent example; its consequences for continental erosion and the 
redox state of the oceans (e.g. Anbar et al., 2007; Reinhard et al., 2009) have 
demonstrated the impact of biological oxygenic photosynthesis upon the Earth’s 
surface and the deposition of major geological formations such as the Banded Iron 
Formations (e.g. James, 1966; Beukes et al., 1990). The concept of a biological 
interaction with the Earth system is not recent (e.g. Hutton, 1788; Vernadzky, 1929; 
Lovelock, 1979). In recent decades, studies have highlighted the potential role of 
inorganic geochemistry in the synthesis of prebiotic organic molecules (e.g. 
Wächtershäuser, 1988; Russell et al., 1994). The still highly debated theory of the 
“iron-sulphur world” and its implications on the emergence of life, conceived by 
some authors as a “by-product of the Earth’s convection cells” (Russell, Prebiotic 
chemistry workshop, Durham University, 2010) accentuate the inseparable links 
between biology and geology.  
 
Major bio-geochemical processes have been assessed by traditional geochemistry 
using light stable isotope systems such as those of C, O, S, H and N. These systems 
provided successful insights into various branches of geology including planetary 
chemical evolution, evolution of life, environmental remediation, climate change, and 
the formation of ores and resources. Much less attention has been given to transition 
metal isotope systems. This was mainly due to analytical challenges, but also to the 
scientific consensus that because of their mass, heavier metal isotopes could not 
fractionate significantly. In the preface of Geochemistry of Non-traditional stable 
isotopes (Johnson, Beard and Albarede Ed., 2004), James R. O’Neil wrote “Until a 
few years ago, I would never have imagined that a volume on the stable isotope 
geochemistry of elements like Mg, Fe or Cu would be written”. Since the 2004 review 
on “non-traditional” isotopes, advances in Fe isotope research have quickly evolved 
and reviews dedicated to Fe isotopes have been published  (Dauphas and Rouxel, 
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2006; Anbar and Rouxel, 2007; Johnson et al., 2008a; Poitrasson, 2010). The recent 
development of Multi-Collector Inductively Coupled Plasma Mass Spectrometry 
(MC-ICP-MS) has allowed precise and accurate measurement of transition metals 
isotopes (Walder and Freedman, 1992; Walder et al., 1993; Halliday et al., 1998), and 
opened up an intense field of research since 1999. Measurements of the isotopic 
signatures of transition metals found in different natural systems have been 
extensively documented. Amongst the transition metals, particular focus was given to 
Cu, Zn, Mo, Cr, Ni and Fe, because i) their cycle is closely related those of C, S and 
O, and ii) these nutrients can potentially trace major biogeochemical processes. As we 
will discuss later, most work has been dedicated to Fe isotopes. Fe is the ninth most 
abundant element in the universe (Anders and Grevesse, 1989), the most abundant 
transition metal on Earth, and its biological importance as an organism nutrient, an 
electron acceptor for respiration (Vargas et al., 1998), a potential key for prebiotic 
chemistry (Wächtershäuser, 1988) raises Fe to a central position for tracing 
biogeochemical processes.  
 
In sedimentary environments, major sinks for Fe are Fe-(oxyhydr)oxides, carbonates 
and sulphides, but when going back in geological times, sulphides - and ultimately 
pyrite - become a dominant Fe sequestrating sink. Fe isotope signatures in pyrite are 
subjects of controversial interpretations. The main discussions arise from 
discrepancies between calculated fractionation factors and measured data, and without 
experimental insights, it has been difficult, if not impossible, to interpret these 
signatures successfully. The reason for this is that measuring isotopic signatures of 
mineral phases only tells about one end-member of the system, and equivocal 
assumptions have to be made for the compositions of the source or of the residue. Is 
pyrite a passive recorder of the isotopic composition of the Fe(II) pool? Is bacterial 
activity a prerequisite to produce the observed range of fractionations? Can we trace 
oceanic redox events from Fe isotope signatures in pyrite? The lack of experimental 
work on the fractionations occurring during the formation of metal-sulphides has 
prevented us from assessing confidently these fundamental questions.  
 
This PhD project addresses the experimental determination of Fe isotope 
fractionations occurring on abiological reactions within the diagenetic Fe-S system. 
The ultimate Fe sequestrating phase being pyrite, our study assesses potential 
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fractionations between dissolved Fe(II) and solids before and during the formation of 
pyrite. This study firstly reviews previous work established on traditional and 
transition metal isotope systems, with emphasis on the genesis of metal-sulphides and 
their application for tracing early Earth’s biogeochemical processes. We then present 
experimental and analytical developments that address the behaviour of Fe isotopes in 
a low temperature system that is oxygen sensitive and mostly comprised of metastable 
phases. This thesis provides fundamental answers to the mobility of Fe atoms through 
metastable Fe-S phases and also presents the first experimental data on Fe isotope 
fractionation during the formation of diagenetic pyrite. 
 
The chapter I reviews the fundamental backgrounds of the biogeochemical evolution 
of the Earth’s surface in order to put into context the issues raised by Fe isotopes in 
sedimentary sulphides. Section 1.1 illustrates the importance of iron sulphides and of 
the global Fe and S cycles for ancient environments in which life evolved. Indeed, 
iron sulphide geochemistry has been linked intimately with proposals for the onset of 
life on Earth (section 1.1.1) and with the global cycles of C, H and O from traditional 
geological and stable isotopic approaches (section 1.1.2). The mechanisms controlling 
the formation of iron sulphides under diagenetic conditions are presented in section 
1.2. Finally, section 1.3 reviews the results and the implications of using Fe isotopes 
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1.1. The role of the Fe and S geochemical cycles in the evolution of the Earth’s 
subsurface 
The accumulation of oxygen in the Earth’s atmosphere is probably the most 
important event in the history of the surface chemistry after the emergence of life 
itself. Not only did the oxygenation of the atmosphere and the oceans promote the 
vast diversification of weathering and geochemical processes, but it also provided O2 
as a favourable electron acceptor involved in the various metabolic pathways of 
subsequent aerobic organisms. None of these dramatic changes for the Earth’s 
subsurface could have happened without the appearance of the prokaryotic 
cyanobacteria, an anaerobic oxygenic photoautrophic eubacteria. The oldest 
unquestioned fossil evidence of cyanobacteria is found in the 2.1 Ga Belcher Islands 
cherts, Canada (Golubic and Hofmann, 1976; see also Knoll, 2003). These fossilised 
colonies indicate with confidence that biological O2 production was active in the 
Paleoproterozoic. Nevertheless, the presence of cyanobacterial fossils at 2.1 Ga does 
not provide further indications on the existence of cyanobacteria at earlier times, or 
about O2 accumulation in the atmosphere. The existing models for the timing of the 
oxygenation of the atmosphere and the hydrosphere are still controversial (e.g. 
Ohmoto, 1996; Farquhar et al., 2000; Canfield, 2005; Ohmoto et al., 2006). Older 
microfossil records are rare and their biogenecity can be vigorously debated as is the 
case for the oldest putative fossil evidence for Archean life in the 3.4 Ga Apex cherts 
from the Warrawoona Group, Pilbara block, western Australia (e.g. Schopf, 1993, 
2006; Hofmann et al., 1999; Brasier et al., 2002, 2005; Schopf et al., 2007). The main 
reason for these controversies is the lack of preserved sediments deposited during the 
Proterozoic and the Archean. Garrels and Mackenzie (1971) estimated that ca. 90 % 
of the sedimentary rocks deposited during the Precambrian has gone through 
subsequent geological recycling. Today, the oldest sedimentary rocks found on Earth 
are the 3.8 Ga amphibolite-facies metasediments of the Isua Supracrustal Group in 
south-western Greenland. But the paucity of sedimentary geological records older 
than the Proterozoic Era makes the understanding of the early Earth’s 
biogeochemistry difficult to assess. 
 
1.1.1. The iron-sulphur world theory, the emergence of life and its evolution 
Most of the early and contemporaneous theories on the emergence of life involve 
strong concentrations of organic compounds in the early ocean. These theories include 
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Darwin’s “hot organic pond” (Darwin, 1888); the “hot dilute soup” proposal (e.g. 
Oparin, 1938); the Miller-Urey generation of organic molecules from a reduced 
atmosphere through electrical discharges (Miller, 1953) and the incorporation of 
replicating compounds such as RNA into organic cells (e.g. Dysen, 1985). As pointed 
out by Russell and Hall (1997), much less research has focussed on the initial 
geochemical conditions necessary to concentrate, and even generate the organic 
molecules required for life, although some authors (Bernal, 1951; Bada and Lazcano, 
2002) proposed the concentration of organic molecules on hydrated clay minerals. 
Assuming that prebiotic organic molecules favourable for life were somehow 
concentrated in the early oceans, other conditions – a reducing atmosphere, and the 
substantial decrease of meteorite bombarding and of geological stressing - are a 
prerequisite for the emergence of living organisms in a clement environment. This is 
an issue since it is now known that the Hadean atmosphere was not reducing and the 
Hadean ocean was not an organic soup (Gillet, 1985). Instead, Hadean oceans were ~ 
85 to 110°C and acidic (~ pH 5) due to high CO2 atmospheric concentration 
(Grotzinger and Kasting, 1993). However, there is now increasing evidence 
supporting the early development of a continental crust at ~ 4.5 Ga (e.g. Harrison et 
al., 2005), giving new prospects on the Hadean landscape, and thus, on the early 
formation of a potential habitat. 
Strong interest has been given to the relatively low temperature Fe-S system 
during the last 20 years, for its potential role as a “driver” from inorganic, prebiotic 
geochemistry to the emergence of the first cells and the catalysis of the first organic 
molecules necessary for life. Thus, as opposed to the previous theories implying that 
the earliest life was heterotroph, this approach suggests that it was characterised by 
autotrophism. It constitutes the “iron sulphur world theory”, first proposed by 
Wächterhäuser and co-workers (e.g. Wächtershäuser, 1988, 2006; Drobner et al., 
1990) and by Russell and co-workers (e.g. Russell et al., 1994; Russell and Hall, 
1997; Martin and Russell, 2003; Russell, 2007). The common observation for these 
two groups of research is the ubiquity of Fe-S clusters in biochemistry, as active 
centres of various proteins such as NADH dehydrogenase, Coenzyme Q – cytochrome 
C reductase, hydrogenases, and nitrogenise (for a review, see Beinert, 2000; and 
Johnson et al., 2005a). Fe-S proteins are common in photosynthetic bacteria, plants 
and mitochondrial membranes as they participate in the electron transport chain, as is 
the case for complexes I and II of oxidative phosphorylation. Most importantly, Fe-S 
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clusters are present in the most ancient biological catalyst: the ferredoxins (Hall et al., 
1971). Thus, the Fe-S system is considered in this theory as a means to produce and 
catalyse small organic molecules from the initial reduction of inorganic CO2 and CO.  
Black smoker inputs provided Hadean oceans with high dissolved Fe(II) with 
concentrations up to 0.02 mol kg-1 (Von Damm, 1990) and under acidic conditions, Fe 
would have remained in solution and accumulated in the ocean. The degassing of high 
temperature, mafic to ultra mafic magmas would produce soluble volatiles such as 
CO, CO2, SO2, polyphosphates, H2O2. Wächtershäuser (1988) suggested that CO2 
could be reduced into organic sulphur molecules by the H2S/FeS reducing agent. 
Negatively charged organic compounds can bond at the positively charged pyrite 
surface in a two-dimensional network. The diversity of organic compounds would 
have grown as such, via cycling C fixing chemical reactions. Experiments 
successfully produced organic compounds such as thiolated formic acid, CH3SH, and 
CH3COSH, a precursor for the important citrate cycle’s acetyl coenzyme A (Huber 
and Wächtershäuser, 1997). 
By contrast, Russell et al. (1994) proposed that C fixation occurred within three-
dimensional mackinawite (iron(II) monosulphide) precipitate bubbles. They showed 
that the precipitation of such structures occur when alkaline fluids are injected into 
acidic Fe(II)aq rich solutions, as expected for off-ridge hydrothermal regions in 
Hadean oceans. Off-ridge systems result from lower temperature rock-water 
interactions which produce highly reduced alkaline fluids (Macleod et al., 1994). In 
their proposal, Russell and co-workers do not consider pyrite as a catalysing mineral 
nor the H2S/FeS to be an energy source for the synthesis of organic molecules. 
Instead, they favour other mineral species in the Fe-Ni-S sytem such as FenSn clusters, 
greigite (Fe3S4) and FeNi2S4 to act as catalytic centres. Interestingly, apart from the 
Fe2S2 cluster which displays a mackinawite-like structure, FeS clusters and greigite 
diplay cubane structures similar to those of ferredoxins. The binding of various 
nucleic acids to nanoparticulate mackinawite has been reported by Hatton and 
Rickard (2008). In Russell and co-workers’ proposal, the geochemical pH gradient 




Figure 1.1: The FeS membrane protocell proposal, where FeS bubbles precipitate at the interface 
between an acidic Fe(II)aq solution and an alkaline solution. The figure is from Martin and Russell 
(2003). The model supports a geochemical origin of prebiotic organic molecules evolving within the 
3D FeS protocells. 
 
This FeS bubbles model has been suggested to act as a proto-cell membrane, 
favourable for organo-synthesis and a progressive evolution towards lipid-membrane 
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and cell diffraction into the two prokaryotic domains, i.e. the Bacteria (or eubacteria) 
and the Archaea (or archaeabacteria) (Martin and Russell, 2003; Fig. 1.1). However, 
FeS precipitates are more likely to act as a permeable barrier rather than a pH 
membrane (Filtness et al., 2003).  
An increasing number of experiments involving Fe, Ni, W and Mo have shown 
various pathways to produce organic molecules that are essential to biochemistry (See 
Cody, 2004, for a review of the transition metal pathways). However, the debate 
between the “iron-sulphur world theory” and the “RNA world theory” (e.g. de Duve, 
2003; Forterre and Gribaldo, 2007) is still ongoing. Independently of the “iron-
sulphur theory”, the importance of the cycles of Fe and S, and therefore, of iron 
sulphides during the early stages of the Earth’s history can be assessed by traditional 
geological and stable isotopic approaches. 
 
1.1.2. Evidence from traditional approaches 
1.1.2.1. The geochemical evolutions of Fe, S and O in the atmosphere-ocean system 
Iron-rich sedimentary deposits known as the Banded Iron Formations or BIFs (e.g. 
James, 1966; Beukes et al., 1990), mainly comprised of Fe(II)-bearing minerals such 
as siderite and magnetite, are remarkable demonstrations that dissolved Fe(II) 
accumulated, at least regionally, in early oceans until 1.8 Ga when their occurrence 
ceases (e.g. Holland, 1984). Archean seawater Fe2+ concentration is difficult to 
quantify, but an estimate of 40 to 120 M can be made using the Phanerozoic Ca2+ 
concentration (10-30 mM, Horita et al., 2002) and the siderite-calcite solubility ratio 
(Canfield, 2005). This compares to modern nanomolar concentrations (Wu et al., 
2001), and was probably amplified in hydrothermal regions as it is the case in modern 
systems where Douville et al. (2002) measured millimolar concentrations. Isley and 
Abbott (1999) documented the frequency and relative distribution of BIFs through 
geological time, and showed that BIFs are common sedimentary rocks before 2.4 Ga. 
The amplitude of BIFs deposition highlights that the O2 and S(-II) concentrations in 
Archean seawater should be low, since Fe would otherwise be removed from the 
solution as oxides or sulphides without accumulating in the ocean (Holland, 1984; 
Canfield et al., 2000). 
Low seawater sulphate concentrations in the Archean until ~ 2.5 Ga are supported 
by S isotope systematics. Biologically mediated S isotope fractionation is recorded 
during dissimilatory sulphate reduction by anaerobic prokaryotic respiration, where 
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sulphate is used as a final electron acceptor for the oxidation of organic matter. The 
difference in 34/32S isotopic compositions between reduced H2S and sulphate, 34SSO4-
H2S varies from 20 - 40 ‰ when initial sulphate concentrations are high (Thode et al., 
1953; Habicht and Canfield, 1997; Canfield et al., 2000). By contrast, the 
fractionation is small when sulphate concentration is < 200 M (Harrison and Thode, 
1958; Habicht et al., 2002). Cameron (1982) pointed out that for geological times 
older than 2.5 Ga, the recorded S isotope fractionations are small, implying that 
oceans were sulphate depleted compared to modern concentrations of ~ 28 mM (e.g. 
Millero, 1996). This was confirmed by Canfield et al. (2010) who further constrained 
Proterozoic sulphate concentrations to ~ 1 mM and Archean concentrations < 200M. 
The atmospheric O2 partial pressure in the Hadean and the Archean is thought to 
be 10-5 times the present atmospheric level (e.g. Pavlov and Kasting, 2002; Bekker et 
al., 2004). Low O2 concentrations seem to be the likely explanation for low sulphate 
concentrations (Canfield et al., 2000), limiting continental oxidative weathering of 
pyrite-containing rocks. Also, the preservation of redox sensitive phases such as 
pyrite, siderite and uraninite in detrital sediments older than 2.3 Ga (e.g. Roscoe, 
1957; Schidlowski, 1981; Rasmussen and Buick, 1999) supports low O2 
environments. Rye and Holland (1998) reported that a large number of Precambrian 
paleosols older than 2.2-2.3 Ga did not show evidence for Fe oxidation. Fe oxidation 
profiles in paleosols usually indicates atmospheric O2 (e.g. Rye and Holland, 1998; 
Beukes et al., 2002) and the earliest paleosol supporting evidence for oxidative 
weathering is the 2.2 Ga Hekpoort Paleosol in the Transvaal Supergroup, South 
Africa (Yang and Holland, 2003). This is consistent with atmospheric O2 
accumulation during the “Great Oxidation Event”, (GOE, 2.2-2.5 Ga). 
Isley and Abbott (1999) showed that BIF deposition almost ceases between 2.4 
and 2.0 Ga. Somehow synchronous to the GOE, it has been suggested that the O2 
level could have been high enough to oxygenate the oceans and prevent Fe(II)aq 
accumulation. However, BIFs reappearance at ~ 2.0 Ga would suggest O2 decrease 
and a new Fe(II)aq accumulation between 2.0 and 1.8 Ga, which is supported by Cr 
isotopes (Frei et al., 2009). Instead of a complete oxygenation of the ocean, Bjerrum 
and Canfield (2002) proposed that continental oxidative weathering would promote 
bacterial sulphate reduction (BSR) due to sulphate inputs, resulting in Fe removal 
from solution as sulphides. There is now an increasing collection of evidence for a 
progressive increase of atmospheric PO2 50 to 100 Ma before the GOE, stimulating 
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euxinic conditions through the increase sulphate fluxes due to oxidative continental 
weathering (Anbar et al., 2007; Kaufman et al., 2007; e.g. Reinhard et al., 2009). 
After 1.8 Ga, the extent of oxygenation has been assumed by some authors (e.g. 
Holland, 2002) to reach a level at which Fe(II) could not remain dissolved in the 
ocean. However, large S isotope variations (Canfield, 2001) support large sulphate 
concentrations, which would promote the preservation of anoxic, euxinic regions in a 
stratified ocean (Canfield, 1998). The 0.7 Ga largest recorded 34S signatures cannot 
be explained by dissimilatory sulphate reduction only. Canfield and Teske (1996) 
proposed that those signatures could reflect the evolution of sulphur 
disproportionating bacteria, producing 34S depleted S-bearing species such as 
elemental sulphur, sulphite, and thiosulphate (e.g. Canfield and Thamdrup, 1994). 
Sulphur disproportionation has also been confirmed by Parnell et al. (2010). It is also 
worthwhile noting that abiotic reduction of sulphate containing fluids can produce S 
isotope fractionations > 20 ‰ (Ohmoto and Goldhaber, 1997). 
Recent Fe mineral speciation studies on basin scales (Raiswell and Canfield, 
1998; Raiswell et al., 2001; Anderson and Raiswell, 2004; Poulton et al., 2004, 2010; 
Poulton and Canfield, 2005) have demonstrated the transition from Fe(II)aq rich to 
euxinic regions within anoxic basins. Combined Fe speciation and S isotope 
variations support euxinic conditions in the Mesoproterozoic (Shen et al., 2001, 
2003), including the transition from deep, distal ferruginous conditions to shallower, 
proximal sulphidic conditions in the 1.8 Ga Animikia Group, Canada (Poulton et al., 
2010). Unfractionated Mo isotope compositions of Proterozoic sediments have first 
been interpreted as widespread anoxia during the Proterozoic (Arnold et al., 2004) but 
further research (Siebert et al., 2003, 2005, 2006; Poulson et al., 2006) indicates that 
the mechanisms responsible for Mo isotope fractionation, particularly during Mo 
supply to the oceans (e.g.Archer and Vance, 2006), are poorly known and 
quantification of anoxia is difficult using Mo isotopes only. 
The above overview on the reconstruction of the geochemical cycles from the 
anoxic Archean and Proterozoic to the more recent oxygenated time demonstrates the 
necessity of combined geological and multi-geochemical studies to fully understand 
the complex chemical evolution of the Earth subsurface. Although seducing, the idea 
that the use of one single geochemical tool could be sufficient to describe entirely one 
system has not yet been demonstrated. 
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1.1.2.2. The records of biological oxygen production in sediments older than 2.2 Ga 
The previous section described the “geochemical context” in which oxygen could 
start accumulating into the atmosphere. But how far back can we go in timing the start 
of biologic oxygen production? The first direct evidence for cyanobacterial activity 
are microfossils found in ~ 2.1 Ga cherts (Golubic and Hofmann, 1976). Phylogenetic 
studies reveal that cyanobacteria develop relatively late in the history of prokaryotes 
(Woese, 1987; Woese et al., 1990; Pace, 1997). Before their appearance, life on the 
anoxic Earth was likely to have been dominated by anaerobic prokaryotes, since 
cyanobacteria are the only photosynthetic organisms that produce O2 as a by-product 
(Blankenship, 1992), although there is evidence for some aerobic life in the early 
Archean, possibly before the prokaryotic differentiation into Bacteria and Archaea 
(Castresana and Saraste, 1995; Pereira et al., 2001). These isolated aerobic organisms 
may have used H2O2 derived O2 as an electron acceptor (see Canfield, 2005). 
Research into organic geochemistry led to the discovery of molecular fossils in 
ancient sedimentary rocks that support evidence for cyanobacterial activity (e.g. 
Brocks et al., 1999, 2005; Summons et al., 2006; Eigenbrode, 2008; Eigenbrode et 
al., 2008; Waldbauer et al., 2009). These preserved organic molecules, referred as 
biomarkers, are derived from cellular lipids, and characterise certain organisms or 
particular metabolic pathways. The presence of 2-methylhopanes in the 2.7 Ga 
Pilbara Craton, Australia (Brocks et al., 1999) supports oxygenic photosynthesis in 
the late Archean as 2-methylhopanes derive from 2-methylbacteriohopanepolyol, 
which is only synthesised by some cyanobacteria (Summons et al., 1999). In fact, the 
presence of sterane in the same units has been interpreted as evidence for eukaryotes 1 
Ga before the first direct eukaryote fossil record (Brocks et al., 1999), although it has 
been argued that sterols can also be synthesised by archaeabacteria (see discussions 
by T. Cavalier-Smith and E. Nisbet in Martin and Russell, 2003). Jahnke and Nichols 
(1986) showed that molecular oxygen is required to synthesise sterols, implying that 
certain extents of aerobic conditions, even localised to oxygen producing zones, 
occurred at 2.7 Ga (Knoll, 1999, 2003). Recent research on biomarkers, although still 
controversial, supports oxygenic photosynthesis as a major source of organic carbon 
through CO2 fixation in the Neoarchean (Brocks et al., 1999; Eigenbrode et al., 2008; 
Waldbauer et al., 2009). 
Another source of evidence supporting oxygenic photosynthesis (and thus the 
presence of cyanobacteria) comes from carbon isotopes. Biological C fixation 
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produces large distinct fractionations, with preferential incorporation of 13C depleted 
inorganic carbon into organisms (Nier and Gulbransen, 1939; Murphey and Nier, 
1941). The initial step is the diffusion of inorganic CO2 into the organism’s tissue, 
which is accompanied by small isotope fractionation (e.g. O'Leary, 1981). The 
subsequent enzymatic carboxylation step, by which CO2 is processed into R-COOH is 
responsible for the larger fractionations and depends on the different pathways used 
by the organism to produce R-COOH. Schidlowski (2001) reviewed the major 
carboxylation/decarboxylation pathways and their associated C isotope fractionation. 
The Calvin cycle’s key enzyme, the ribulose-1,5-bisophate (or Rubisco), produces a 
13C ranging from – 20 ‰ to – 28 ‰ (Sirevåg et al., 1977). The phosphoenolpyruvate 
pathway (or PEP) that produces oxaloacetate involves smaller fractionation (~ -3 ‰, 
Schidlowski, 2001). Organisms that use acetyl coenzyme A as a CO2 acceptor for 
ferredoxin-linked carboxylation in anoxygenic photosynthesis also produce small 
fractionations (Sirevåg et al., 1977). Carbon fixation also occurs through methane 
processing by methanotrophic bacteria with a 13C range form ~ -10 to -34 ‰ 
(Summons et al., 1994) and can produce in some extreme cases 13C signatures as 
low as -80 ‰ (Coleman et al., 1981; Freeman et al., 1990). As noted by Schidlowski 
(2001), all these pathways are reversible and the overall range of C isotope 
fractionations produced by both carboxylation and decarboxylation are summarised in 
Fig. 1.2 Light ( ~ -50 to -60 ‰) 13C signatures recorded in organic carbon of the 2.7 
Ga Fortescue formation (Fig. 1.2) has been interpreted as reflecting C fixation by 
aerobic methanotrophic bacteria (e.g. Hayes, 1994).  This supports the presence of O2 
in levels adequate for sustaining aerobic life, even locally, and thus O2 production. 
 
Figure 1.2: C isotope secular fluctuations recorded in organic carbon (Corg) and inorganic (carbonate) 
carbon (Ccarb) compared with the biologically mediated fractionations produced by: 1) C3 plants 
(Calvin cycle), 2) C4 plants (PEP), 3) Crassulacean acid metabolic plants, 4) eukaryotic algae, 5) 
cyanobacteria, 6) anoxigenic photosynthetic bacteria, 7) methanogenic bacteria and 8) methanotrophic 





1.1.2.3. Assessing the timing of the emergence of cyanobacteria 
In the paragraphs above, I discussed the largely accepted evidence supporting 
cyanobacterial activity at 2.7 Ga, i.e. 0.6 Ga before their first fossil record. The 
possibility for a greater cyanobacterial antiquity first emanates from geological 
structures: the stromatolites. Stromatolites, amongst other definitions, are referred to 
“accretionary sedimentary structures, commonly thinly layered, megascopic and 
calcareous, interpreted to have been produced by the activities of mat-building 
communities of mucilage-secreting micro-organisms, mainly photoautotrophic 
prokaryotes” (e.g.Schopf et al., 2007). The presence of stromatolites in Archean rocks 
(e.g. Lowe, 1980; Awramik, 1992; Hofmann et al., 1999) has been a promising piece 
of evidence for life on the early Earth and for oxygenic photosynthesis since the early 
Archean, although Walter et al. (1980) noted that non-oxygenic photosynthetic 
bacteria such as Chloroflexus are capable mat-builders. However, it has been 
demonstrated that stromatolite-like structures could be produced abiogically (Lowe, 
1994; Grotzinger and Rothman, 1996) and the differences in the definition of 
stromatolite itself reflect the difficulty in unambiguously distinguishing between 
biogenic stromatolites and abiotic stromatolite-like structures. The criteria proposed 
by Buick et al. (1981) and Walter (1983) to establish the biogenecity of stromatolites 
focus on the presence of fossilised micro-organisms within the structure. Although the 
presence of these preserved microfossils itself does not prove the biologic origin of 
the surrounding mat structure, their abundance in Proterozoic stromatolites remove 
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any doubts about their biogenicity. However the presence of putative microfossils is 
extremely scarce in the merely Archean stromatolites. This is mainly due to the fact 
that, for these microscopic microbial structures to be preserved, the initial carbonate 
needs silica replacement in the very early stages of diagenesis, before any further 
fossil-destructive diagenetic or low-grade metamorphic process occurs (Schopf et al., 
2007). Although there has been controversial work on assessing the biogenecity of the 
~ 3.465 Ga Tower Formation and Apex chert (Warawoona Group, western Australia, 
Schopf, 1993, 2006; Brasier et al., 2002, 2005; Schopf et al., 2007), improvement in 
Raman technology has permitted the 3D visualisation of a cylinder like structure for 
the putative filamentous oldest microfossil (Schopf et al., 2007), refuting the abiotic 
graphite-like structure proposed by Brasier et al. (2002). 
Other controversies derive from the long term record of 13C signatures of organic 
matter (i.e. the relics of living organisms) and of carbonates (which represent the 
inorganic counterpart). Organic matter is preserved on geological scales as 
kerogenous substances and their graphitic derivatives (Durand, 1980). The uniformity 
in 13C signatures of reduced C (13Corganic ~ -25 ‰) and carbonated C (13Corganic ~ 0 
‰) throughout geological times (Fig. 1.2) has been interpreted as evidence for 
continuous biological carboxylation since Rubisco, the dominant C fixation pathway, 
imposes its C isotope fractionation in modern sediments (e.g. Schidlowski, 1988, 
2001). This signature is more or less continuous until 3.5 G, and an offset has been 
measured for carbonates and their graphitic counterpart in the 3.8 Ga Isua supracrustal 
belt, western Greenland (Schidlowski et al., 1979). Schidlowski et al. (1979) 
interpreted the offset as a metamorphic effect since the sediments have suffered 
amphibolite facies metamorphism (Rosing et al., 1996; Fedo and Whitehouse, 2002). 
Mojzsis et al. (1996) also reported biological range for 13C of graphite inclusions in 
apatite grains in the 3.8 Ga Akilia rocks (Greenland). In both examples, the biological 
origin of the graphite used as the fossilised organic carbon record has been questioned 
(van Zuilen et al., 2002; Fedo and Whitehouse, 2002). Furthermore, it has been 
demonstrated that abiologic production of hydrocarbons from CO2 and CO through 
Fisher-Tropsch reactions involves 13C depleted hydrocarbon with 13Corganic-inorganic ~ - 
50 ‰ (Horita and Berndt, 1999). These abiotic reactions, where inorganic carbon is 
reduced by H2 (Lancet and Anders, 1970), can be produced by hydrothermal fluids. It 
has thus been argued that abiotic processes can reproduce similar fractionations as 
biologically mediated C fixation (e.g. Horita, 2005), and therefore that the C isotope 
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signatures for rocks older than 3.5 Ga are likely to reflect abiotic processes since they 
have been metasomatised (Fedo and Whitehouse, 2002). 
 
1.1.2.4. Evidence for anoxigenic biological activity in the Archean 
In phylogenetic models, metabolisms predating cyanobacterial oxygenic 
photosynthesis involve fermentation, sulphate reduction, dissimilatory iron(III) oxide 
reduction, anoxygenic photosynthesis and maybe methanogenesis (e.g. Nisbet and 
Sleep, 2001). The antiquity of methanogenesis (production of CH4 as a by-product by 
anoxic archaeabacteria) is still debated (e.g. Nisbet and Sleep, 2001; Cavalier-Smith, 
2002; Grassineau et al., 2006), but the C isotope evidence for methanotrophs suggests 
that CH4 was actively produced at 2.7 Ga (e.g. Schidlowski, 2001), and supports 
Archean methanogenesis (e.g. Hayes, 1994). The C isotope fractionation associated 
with methane production by methanogenic archaeabacteria is poorly known, but may 
produce a 13Cmethane range from ~ - 5 to – 40 ‰ (Schidlowski, 2001; House et al., 
2003), and further methanotrophy involves lighter organic carbon 13C signatures. 
The closest organisms to the last common ancestor are anaerobic sulphate 
reducing hyperthermophiles (e.g. Stetter, 1996) and therefore S reduction is 
considered as one of the earliest forms of microbial respiration. Archean bacterial 
sulphate reduction (BSR) has been suggested by Ohmoto and Felder (1987) and 
supported by further studies (Shen et al., 2001; Londry and Des Marais, 2003; Shen 
and Buick, 2004). As mentioned before, large S isotope excursions start in sediments 
younger than 2.7 Ga (Fig. 1.3) and it is generally accepted that BSR was active at this 
time. Evidence for BSR for geological times older than 2.7 Ga is however more 
ambiguous (e.g. Ohmoto et al., 1993; Habicht and Canfield, 1997). This is mainly 
because sulphates are rare in Archean sediments and therefore the S isotopic 
composition of seawater sulphate is not well constrained. However, convincing data 
were given by Shen et al. (2001) who presented the isotopic compositions of 
sulphides and related barite in 3.47 Ga sediments from the North Pole area, Western 
Australia. They argued that the large S isotope fractionations recorded supports 
evidence for early BSR. Because S isotope fractionations can also be produced 
abiotically (Ohmoto and Goldhaber, 1997), evidence for ancient ecosystems is given 
more confidence when assessed through a collection of multi-isotope or multi-
disciplinary tools (e.g. Grassineau et al., 2001, 2002, 2006; Archer and Vance, 2006; 
Czaja et al., 2010). 
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Vargas et al. (1998) showed that Archaea and Bacteria that are the most closely 
related to the last common ancestor use Fe(III) reduction as a metabolic respiration 
pathway. In particular, even prokaryotes thought to only have a fermentation 
metabolism could use Fe(III) as an electron acceptor. Therefore Vargas et al. (1998) 
proposed that Fe(III) reduction was an important process on the early Earth, and 
might have been more likely than sulphate to be the first external electron acceptor for 
their respiration. The Fe isotope fractionations associated with Fe(III) reduction will 
be reviewed later. 
 
 
Figure 1.3: S isotope secular fluctuations recorded in sedimentary sulphides. The upper double lines 
represent seawater sulphate. The lower single line is a deviation of 55 ‰ from seawater sulphate, 
enveloping the largest fractionation. Surrounded data highlight the large S isotope variations in the 
early Archean. The figure is from Shen et al. (2001). 
 
1.1.3. Conclusions 
In the previous sections, I have demonstrated that the traditional approaches to 
assess biogeochemical processes on the early Earth are not straight forward, and are 
often the source of active debate. A brief history of stable isotope geochemistry 
clearly demonstrates the need of multiple approaches to avoid such debates. I also 
showed that the acquisition of large amounts of natural data, although extremely 
valuable as a means to build Earth evolution models, cannot be used with certainty 
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without the contribution from experimental data that directly assess the foundations of 
those hypotheses. 
The second central point is the importance of Fe and S cycles for the early Earth 
geochemical cycles. They both played a major role for the chemical evolution of the 
oceans, the atmosphere, and living metabolisms. As emphasised by Berner and 
Maasch (1996), Berner et al. (2003), Canfield (2005), the geochemical cycles of C, O, 
S and H are closely related as oxygen accumulates in the atmosphere as a function of 
the burial of organic matter and of pyrite. If oxygen respiration is in equilibrium with 
oxygenic photosynthesis, there should be no oxygen accumulation into the 
atmosphere, unless the burial of organic matter occurs. When oxygen is free to 
accumulate, reactions with Fe and sulphides occur. Similarly, the burial of pyrite 
permits oxygen accumulation since pyrite-sulphide is produced by sulphate reduction 
driven by organic matter production (Canfield, 2005). Isotope mass-balance models 
(e.g. Berner and Raiswell, 1983) support the idea that the burial of organic matter has 
been the major source of O2 during the Phanerozoic. Canfield (2004, 2005) proposed 
that significant sulphate input into the oceans implied pyrite burial to be as, if not 
more, important than organic matter burial for O2 production in the Proterozoic. 
There is now growing interest in coupling traditional approaches with recently 
measurable new isotope ratios, involving transition metal isotopes and Fe in 
particular. But studying the behaviour of Fe in the early stages of the Earth’s history, 
characterised by anoxia and for which Fe and S cycles are so closely related, 
necessitates a complete understanding of its sulphur chemistry. 
 
1.2. The diagenetic cycles of Fe and S in anoxic environments 
In ambient aqueous systems, iron sulphides constitute a diverse group of minerals 
with iron and sulphur atoms in different oxidation states. At low temperature, the 
ultimate stable phase is pyrite (also the most common sulphide mineral on the Earth’s 
subsurface) but other metastable Fe-S phases are persistent in sediments. The 
formation of iron sulphides in modern diagenetic environments is closely related to 
biological processes, as the predominant sources of dissolved iron and sulphide in 
modern aqueous systems involve the biological reduction of Fe(III) (oxy)hydroxides 
(dissimilatory iron reduction, DIR) and of sulphate (BSR) (e.g. Berner, 1981; 
Raiswell and Berner, 1985; Canfield et al., 1992). 
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Formation of Fe-S minerals in sediments mainly depends on the ambient pH, the 
concentrations in aqueous Fe(II) and S(-II), and the redox state of the system. 
Mineralisation and burial of organic matter determines the oxygen content in the 
atmosphere, thus the fixation of pyrite in sediments is directly linked to the 
oxygenated environment (e.g. Berner, 1982). S(-II)aq and Fe(II)aq can be naturally 
found in sedimentary pore waters and in anoxic basins (Black Sea, Cariaco Trench, 
fjords in Norway). Fig. 1.4 illustrates the relative oxic, suboxic and anoxic zones in 
porewaters, and the main geochemical redox reactions linked with sulphides and 
metals. It is important to distinguish the chemical terms “oxic, suboxic and anoxic” 
(based on the O2 concentration) from the biological terms “aerobic, dysaerobic and 
anaerobic” (referring to the characteristics of organisms inhabiting specific 
environments). The boundaries between these zones are arbitrary and based on the 
detection limits of the potentiometric electrodes (in the case of sulphide) and the 
traditional Clark cell oxygen electrode (Luther et al., 1991). The oxic zone is defined 
by O2 concentrations > 10
-6 M. The suboxic zone is defined by O2 concentrations < 
10-6 M and S(-II) concentrations < 10-6 M. This zone is a site where numerous redox 
reactions occur resulting in changes of speciation of many elements such as Fe and 
Mn (Murray et al., 1989). The anoxic zone is defined by S(-II) concentrations > 10-6 
M. In near shore environments, the oxic zone represents 1-2 mm (Revsbech et al., 
1981). In the deep ocean, O2 is depleted after several centimetres (Revsbech et al., 
1986). The thickness of the suboxic zone can vary from a few millimetres or 
centimetres (Skei, 1988) to several metres (Murray et al., 1989). These diagenetic 
zones can be stretched by physical forcing (seasonal weather, storms, bioturbations) 
and chemical contents (e.g. the availability of organic matter and of electron acceptors 
for redox reactions). 
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Figure 1.4: Schematic diagram showing the biogeochemical reactions in a sediment profile, from oxic 
porewaters to anoxic porewaters. The oxic, suboxic and anoxic zones are defined by O2 and S(-II) 
contents. Microbial reducing reactions are shown in red. 
 
1.2.1. The aqueous geochemical cycles of S and Fe 
1.2.1.1. Sulphur chemistry in subsurface environments 
The average oceanic sulphate concentration is 0.028 M (Millero, 1996). Before 
the discovery of hydrothermal vents, it was thought that sulphides in low temperature 
aqueous environments were a result of the microbial reduction of sulphate. This 
assumption was supported by the fact that sulphate is far more soluble than dioxygen 
in water, and thus sulphate is a more abundant electron acceptor for microbial 
respiration. Respiration via microbial sulphate reduction is the most important 
pathway for mineralisation of organic matter in marine sediments (Bottrell and 
Newton, 2006). In contrast, abiotic sulphate reduction at low temperatures is 
kinetically extremely slow (see Rickard and Luther, 2007). Although the microbial 
reduction of sulphate is a large and widespread process, it cannot solely explain the 
actual sulphur budget, which is solved by hydrothermal activity and other processes 
linked to burial diagenesis of methane and organic sulphur (e.g. Raiswell et al., 1993). 
In aqueous solutions, dissolved S(-II) exists mainly in the forms H2S and HS
-. 
Contributions of S2- are minor or non existent. Fig. 1.5 illustrates the activities of the 
main sulphide species as a function of the pH. The pK1(H2S) is 6.99 ± 0.03 at 25
oC 
and 1 bar (Suleimenov and Seward, 1997). It means that acidic pH systems will be 
dominated by H2S whereas neutral to basic pH systems (and therefore in modern 
natural marine systems) will be dominated by HS-. The pK2(H2S) is less precisely 
constrained (mainly because of polysulphide contamination in experimental 
measurements), but estimated to be > 17 (Giggenbach, 1971; Schoonen and Barnes, 
1988; Migdisov et al., 2002). This means that S2- has no significant activity in natural 
or most ambient temperature experimental systems. Polysulphide ions act as minor 
species in basic pH. They consist of chains of sulphur atoms that have never been 
individually isolated in aqueous solutions, but the sodium salts can be readily 
synthesised at high temperature (Rosen and Tegman, 1971). The evidence for their 
existence is based on an arithmetic analysis of spectroscopic data. They can also be 
identified using X-ray diffraction and fast scan voltammetry (e.g. Luther et al., 2001). 




dissolved FeS clusters dominate in reduced environments below the oxic/anoxic 
interface (Luther et al., 2003). Models for the geometry of polysulphide species have 
been reported by Muller and Diemann (1987). As the Lowest Unoccupied Molecular 
Orbital (LUMO) of HS- is at a very high energy state, HS
- is unlikely to be an electron 
acceptor. The Highest Occupied Molecular Orbital of HS- (HOMO) is also higher 
than that of H2S, making HS
- more susceptible to be an electron donor than H2S. 
Consequently, HS- acts as a Lewis base in aqueous solutions. H2S can be an excellent 
electron acceptor but a poor electron donor due to the HOMO being at a very stable 
energy level. Thus H2S can act as both a Lewis base or a Lewis acid in aqueous 
solutions. 
 
Figure 1.5: S(-II)aq speciation for {S(-II)} = 10
-3 M. H2Saq dominates the S(-II) speciation for acidic 
pH. HS- dominates the S(-II) speciation for near neutral to alkaline pH. The figure is from Rickard and 
Luther (2007). 
 
1.2.1.2. Iron chemistry in subsurface environments 
Iron is a trace metal in the present day upper ocean (Wu et al., 2001) recognised 
as a limiting nutrient in large regions of the oceanosphere and in certain coastal areas 
(e.g. Johnson et al., 1997). The upper ocean has nanomolar total Fe concentrations 
and some modern marginal environments display micromolar concentrations. The 
main sources for dissolved Fe are the input from the atmosphere (aerosols), the 
continental detrital input (via fluvial systems) and hydrothermal systems. Since Fe has 
a very short residence time in seawater, highest Fe concentrations are found near the 
sources i.e. in coastal and ridge areas. 
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In normal seawater, the dominant Fe-bearing aqueous species are Fe(III) hydroxyl 
complexes (e.g. FeOH2+, Fe(OH)2
+, Fe(OH)3) and Fe
2+
aq (Turner et al., 1981). The 
ferrous ion in aqueous solution is usually written as Fe2+aq, but essentially consists of 
the hexaqua complex [Fe(H2O)6]
2+
aq. The complex shows a coordination number of 6 
and thus has an octahedral geometry. The cavity produced has the appropriate size to 
allow Fe2+ to be contained while providing enough space for significant Fe-OH2 
bonding interactions. The value for Gof(Fe2+aq) has been largely discussed (e.g. 
Randall and Frandsen, 1932; Patrick and Thompson, 1953; Sweeton and Baes, 1970; 
Whittermore and Langmuir, 1972; Cobble and Murray, 1978; Tremaine and LeBlanc, 
1980). The value now commonly accepted is the modern IUPAC value of -90.53 ± 1 
kJ.mol-1 (Parker and Khodakovskii, 1995), although many published models have 
used the incorrect Gof(Fe2+aq) even recently (for review, see Rickard and Luther, 
2007).  
In oxic waters, dissolved Fe precipitates quantitatively as solid oxides at marine 
pH (Fig. 1.6). Although the stable Fe-oxides in the Fe-H2O system are hematite 
(Fe2O3), magnetite (Fe3O4) and wüstite (FeO), the major observed phase is 
nanoparticulate goethite (FeOOH) and other oxy(hydr)oxides because the formation 
of more stable phases at ambient temperatures is kinetically hindered (van der Zee et 
al., 2003). 
Fe2+aq is much more soluble than Fe(III)aq species and Fe can remain dissolved in 
reduced anoxic environments (Fig. 1.6) for large spatial and temporal scales (Morse 
and Rickard, 2004). Fe in mantle and crustal rocks is mainly ferrous, so their 
weathering through hydrothermal vents produces Fe2+aq inputs to the ocean. Fe
2+
aq 
oxidation is thermodynamically favoured in oxic waters (Fig. 1.6), but other 
mechanisms responsible for the oxidation of hydrothermal Fe2+aq include abiotic 
photo-oxidation (Braterman et al., 1984), O2 oxidation from oxygenic cyanobacterial 
photosynthesis, anaerobic phototrophic Fe(II) oxidation by purple and green bacteria 
(e.g. Widdel et al., 1993), nitrate reduction coupled Fe oxidation (e.g. Benz et al., 
1998) and O2 reduction (e.g. Edwards et al., 2000). Microbial Fe(II) oxidation is 
usually restricted to anoxic environments since the presence of O2 would oxidise 
Fe(II) at a faster rate than microbial oxidation. Fe(II) acts as an electron donor for 
energy generation and/or carbon fixation (e.g. Emerson, 2000; Straub et al., 2001). 
Photosynthetic Fe(II) oxidation may have played a major role in the early Earth 
history since oxygen contents in the atmosphere were very low.  
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All these mechanisms produce Fe(III) oxy(hydr)oxides or Fe(III)aq species that 
quickly precipitate as Fe(III) oxy(hydr)oxides. Further reduction of Fe(III) 
oxy(hydr)oxides and oxides involves DIR (e.g. Wells et al., 1995; Lovley, 2006) or 
sulphidation mechanisms (e.g. Rickard, 1974; Pyzik and Sommer, 1981; Dos Santos 
Afonso and Stumm, 1992; Wei and Osseo-Asare, 1996) where H2Saq reduces Fe(III) 
into Fe(II)aq and Fe-S species as well as S(0). In dissimilatory Fe(III) reduction, 
Fe(III) acts as an electron acceptor required for bacterial respiration (e.g. Nealson and 
Saffarini, 1994). Fe(III) is reduced from Fe(III) oxides such as hematite, goethite and 
ferrihydrite and products are, in addition of  Fe(II)aq, FeOOH, siderite and ankerite 
under anaerobic conditions. In sedimentary basins, Fe2+aq mainly emanates from the 
bacterial reduction of Fe(III) minerals rather than from hydrothermal inputs. Note that 
the reduction of Fe(III) by bacterial activity occurs before sulphate reduction, near the 
suboxic-anoxic interface (Fig. 1.4). 
Dissolved Fe is also involved in biogeochemical processes as a nutrient. 
Assimilatory Fe metabolism is the stepwise uptake and incorporation of Fe into the 
organisms, and the reaction products are Fe biomolecules (e.g. Lowenstam, 1981). 
 
Figure 1.6: Eh-pH diagram illustrating the stability fields of dissolved Fe(III) and Fe(II) species in 
equilibrium with SO4




1.2.2. Fe-S mineralogy: from complexes to minerals 
Although a large variety of Fe-S minerals could form in aqueous systems, some of 
them have never been observed (or very rarely) in actual marine sediments. This is the 
case of cubic iron monosulphide, troilite, pyrrhotite, smythite and marcasite which are 
only rarely found in modern marine sediments. In contrast, the stable phase pyrite and 
the metastable phases mackinawite (FeSm) and greigite (which have been however 
rarely clearly identified or assimilated to Acid Volatile Sulphides, or AVS) have been 
reported in natural sediments and play, along with dissolved FeS species and clusters, 
a major role for the global Fe-S biogeosystem. The Fe-S system has been investigated 
for about 160 years; however, as discussed below, some of the mechanisms involved 
in mineral forming reactions are still subject of debate. 
 
1.2.2.1. Complexes and clusters in the Fe-S system 





- and [Fe(SH)]+. FeS clusters, 
referred here to FeS0aq, are defined as multinuclear iron sulphide complexes that 
develop to form the first nanoparticulate iron sulphide condensed phase. Solubility 
and voltammetric approaches are generally used to report the iron sulphide complexes 
and clusters (e.g. Chadwell et al., 1999, 2001; Wincott and Vaughan, 2006). Although 
FeS clusters are well-known in biochemistry as they are essential components of FeS 
proteins, they were first measured in aqueous environments only in 1988 (Buffle et 
al., 1988). FeS0aq as a dominant species has been widely observed in environments 
with greater than micromolar total dissolved S(-II) concentration (Rickard et al., 
2006) at marine pH range. The FeS0aq cluster stoichiometry could range from Fe2S2 to 
Fe150S150 (Rickard and Luther, 2007), where the first condensed phase of mackinawite 
appears with a 2 nm size (Wolthers et al., 2003, 2005; Ohfuji and Rickard, 2006). As 
discussed below, FeS0aq clusters are very central components in the Fe-S reaction 
pathways and play an essential role in both mackinawite and pyrite formations, since 
they act as a dissolved intermediate phase. Clusters are also structural components of 
mackinawite, and molecular models for the smaller clusters (Rickard and Luther, 
2007) have a similar structure as found in proteins. FeS0aq could be a link between the 
organic and the inorganic worlds in the iron sulphide system. 
Metal sulphide complexes and clusters enhance the solubility of metal sulphide 
minerals in natural aqueous systems (Rickard and Luther, 2006). Many of the stability 
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constants in inorganic systems for metal sulphide complexes are very uncertain 
because of the lack of independent evidence for their existence. The formation of 
metal sulphide complexes involves a ligand substitution reaction, where the sulphide 
species replaces the water in the first coordination sphere of the free metal ion. As 
discussed above, both HS- and H2S are likely to interact with Fe(II) as electron donors 
because the LUMO of Fe(II) is more stable than the HOMO of both HS- and H2S. The 
octahedral geometry in hexaqua Fe(II) produces a cavity such that the metal ion can 
be contained whilst providing enough space for significant metal-OH2 bonding 
interaction. 
 
1.2.2.2. Mackinawite (FeSm): the aqueous iron(II) monosulphide 
The first condensed phase that occurs during the reaction between aqueous Fe(II) 
and S(-II) is the iron(II) monosulphide mackinawite, FeSm (Wolthers et al., 2005; 
Ohfuji and Rickard, 2006). Lennie et al. (1995) showed that crystallographic data 
support stoichiometric tetragonal FeS, but the stoichiometry of mackinawite remained 
uncertain until Rickard et al. (2006) showed that mackinawite is stoichiometric FeS. 
This material was previously described as amorphous FeSam but structural analyses 
have demonstrated that the FeSm phase is in fact tetragonal (Berner, 1962; Lennie et 
al., 1995; Rickard, 1995; Wolthers et al., 2005). The reason for these long-standing 
confusions emanated from analytical challenges to quantitatively assess 
nanomaterials. FeSm is readily formed in aqueous solutions as a nanoparticulate 
precipitate (Wolthers et al., 2003; Ohfuji and Rickard, 2006; Rickard et al., 2006; 
Jeong et al., 2008) and the first FeSm nanoparticles precipitate with a 2 m mean 
diameter (Wolthers et al., 2003). Size determinations were reviewed by Ohfuji and 
Rickard (2006) and Jeong et al. (2008). Mackinawite nanocrystals have a platy shape 
(Fig. 1.7, e.g. Wolthers et al., 2003) and Guilbaud et al. (2010) (chapter IV) suggested 
that FeSm nanoparticles have a core-shell structure similar to those described for TiO2, 
ZnS and NiS nanoparticles (Banfield and Zhang, 2001; Zhang et al., 2003; Huang et 
al., 2009). Such disordered-shell structures are favourable for aggregation growth 
(e.g. Zhang et al., 2003) and Guilbaud et al. (2010a) showed that FeSm nanoparticles 
are likely to grow via aggregation growth rather than Ostwald-ripening mechanism 
(chapter IV). 
Investigations into the solubility of FeSm (Rickard, 2006) are illustrated in Fig. 1.8 
and show two distinct pH-areas. For acidic pH, the solubility of FeSm is pH dependent 
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with a slope of -2. For neutral to alkaline regions, the solubility of FeSm does not 
show a dependence on pH. This feature provides evidence for two competing 
reactions, depending on the pH and the total S(-II) concentration. In acidic solutions, 
log [Fe(II)] is inversely proportional to pH, which is consistent with the dominance 
of H2S for acidic pH, following Eq. 1.1: 
SHFeHFeSm 2
22 +=+ ++     (1.1) 
pHSHFeFeSK msp 2}log{}log{)(log 2
2
,1 ++=
+  (1.2) 
 
 
Figure 1.7: Illustration of the layered mackinawite stracture, from Ohfuji and Rickard (2006). 
 
Rickard (2006) found a value for log K1,sp = 3.5 ± 0.25, consistent with the 
equilibrium shown in Eq. 1.2. Voltammetric titration has given evidence that the 
dissolved Fe(II) product in those acidic solutions is only Fe2+. In alkaline solutions, 
log [Fe(II)] is independent of the pH. Rickard (2006) showed that in this pH-
independent area the dominant dissolved Fe(II) species is FeS0aq, and the solubility of 
FeSm is given by Eq. 1.3: 
0
aqm FeSFeS =    (1.3) 
for which log K0(FeSm) = -5.7. Such pH-independent behaviour had been observed in 
1999 (Davison et al., 1999), but the complex FeSH2, rather than the clusters FeS
0
aq, 
was supposed to be involved. The solubility constant K0(FeSm) indicates that for a 
total sulphide concentration of [S(-II)]T < 10
-5.7, FeSm dissolves to form Fe
2+. FeS0aq 
as a dominant species is limited to environments with [S(-II)]T > 10
-6 M. 
The kinetics and mechanisms of FeSm formation from aqueous solutions have 
been reported (Rickard, 1995) and involve two different pathways: the H2S path 
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)( 2 aqmaqaq HFeSSHFe   (1.4) 
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2
)( aqmaqaq HFeSHSFe   (1.5) 
 
 
Figure 1.8: Solubility diagram for FeSm, from Rickard (2006). 
 
Both FeSm forming reactions are non-redox (i.e. Fe and S remain in the same 
oxidation states) and proceed via the exchange of H2O with either H2S or HS
- 
followed by the release of protons after the formation of a charged inner sphere 
complex. Ligand exchange occurs between the outer-sphere sulphide and the inner-
sphere water in the hexaqua Fe(II) to form FeH2S.(H2O)5
2+




-). The subsequent nucleation of FeSm is fast. The reaction 
with HS- involves cluster formation, as suggested by the solubility studies where 
FeS0aq as a dominant species was found under alkaline conditions, in which HS
- is the 
dominant sulphide species. The rate laws for both reactions forming mackinawite are 
pH dependent and consistent with Eigen-Wilkins mechanisms (Eigen and Wilkins, 
1965), in which the rate of reaction for most transition metals is determined by the 
rate of water exchange between the aqua-ion and the solvent. The rates of FeSm 
formation are fast (>107 M-1 s-1) and can be written as Eq. 1.6 for the reaction 





+=∂∂   (1.6) 
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For the reaction 1.5, the rate is more difficult to estimate because the HS- 
consuming process is so fast. In sulphide rich systems, the rate of FeSm precipitation 
is greater in neutral to alkaline solutions. By contrast in sulphide poor systems, the 
rate is greater in neutral to acid conditions. 
 
1.2.2.3. Greigite (Fe3S4): the iron(II)-iron(III) thiospinel 
Greigite is the sulphur analogue species to the iron oxide magnetite Fe3O4. 
Similarly to magnetite, Fe atoms in greigite occur in both ferric and ferrous states as 
FeIIFeIII2S4, where Fe
II atoms occur in tetrahedral sites and FeIII atoms occur in 
octahedral sites. The cubic structure of Greigite shows homology with the structure of 
mackinawite, as pointed as by Yamaguchi and Katsurai (1960). 
The solubility of greigite is poorly constrained and has only been measured once 
(Berner, 1967). This is due to the fact that the synthesis of pure greigite without 
residual FeSm is hard to achieve (e.g. Benning et al., 2000). The stability of greigite at 
total Fe concentrations lower than micromolar concentrations is insignificant. This is 
supported by field observations which suggest that greigite occurs scarcely in natural 
sediments. 
Experiments carried out on greigite formation have shown that greigite forms 
from Fe-S species such as FeSm after its partial oxidation. This could be reached by 
direct O2 oxidation when FeSm is shortly exposed to the open air (Lennie et al., 1995). 
However in solution, the oxidation reaction involving H2O produces H2, which has 
not been seen experimentally (Butler, pers. comm.). Thus, under marine conditions, 
greigite formation was thought to be a solid state transformation that involves FeSm 
plus sulphur which acts as an electron acceptor for FeSm-Fe partial oxidation (Eq. 
1.7): 
grm SFeSFeS 43
03 =+    (1.7) 
Eq. 1.7 does not describe a mechanism, but only represents a net reaction, and as S(0) 
is found in nature as S8, it makes it an improbable reaction step. Lennie et al. (1997) 
showed that greigite can form via solid diffusion of Fe(II) to octahedral and 
tetrahedral sites without changing the S lattice. The question of the electron acceptor 
remains in this case unsolved as there is no evidence for Fe(0) formation. Thus, 
greigite chemistry remains contentious, particularly for its role during pyrite 
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formation (Wilkin and Barnes, 1996, 1997; Benning et al., 2000; Butler and Rickard, 
2000; Rickard et al., 2001). 
 
1.2.2.4. Pyrite (FeS2) 
Pyrite is the most common sulphide ore on the Earth’s surface. The structure of 
pyrite is a NaCl type structure, where the S2 groups are situated at the cube centre and 
at the midpoints of the cube edges and the low-spin FeII atoms are situated at the 
corners and face centres (Fig. 1.9). 
 
Figure 1.9: Pyrite structure with Fe atoms in dark grey and bisulphide groups in bright grey. The figure 
is from Rickard and Morse (2005). 
 
Pyrite is an extremely sparingly soluble mineral and its solubility in ambient 
temperature solutions is too low to be measurable. In terms of {Fe2+}{H2S} and at pH 
7, the solubility of pyrite is given as 10-21.2 (for discussion, see Rickard and Luther, 
2007). Mackinawite has been described as a precursor mineral in the literature (e.g. 
Rickard, 1969; Berner, 1970; Sweeney and Kaplan, 1973; Schoonen and Barnes, 
1991; Canfield et al., 1992; Wilkin and Barnes, 1996). However, it is not necessary 
reactant for pyrite formation. Mechanistically, it has been demonstrated that the 
formation of pyrite is not a solid state transformation and requires the formation of a 
dissolved Fe-S transition intermediate (e.g. Luther, 1991; Rickard and Luther, 1997). 
This means that any other Fe bearing mineral can be used as a reactant. 
Experimentally, pyrite has been synthesised using troilite, mackinawite, greigite, Fe 
oxy(hydr)oxides, Fe salts and Fe carbonates as reagents (for a review, see Rickard and 
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Luther, 2007). Naturally, pyrite is associated to mackinawite and greigite. Wilkin and 
Barnes (1996) suggested that greigite was a necessary prerequisite for the formation 
of framboidal pyrite, which was disproved by Butler and Rickard (2000). 
Experimentally, FeSm has been the mineral the most often used for pyrite formation 
because in the highly supersaturated conditions required for pyrite nucleation, the 
system will tend to be saturated with respect to FeSm. Batch pyrite synthesis requires a 
supersaturation level, whose reactants concentrations are much greater than natural 
concentrations. However, Harmandas et al. (1998) performed pyrite precipitation 
from undersaturation using a chemostatic continuous flow reactor. 
Pyrite formation involves two distinct physical processes: nucleation and crystal 
growth. The relative rates of pyrite nucleation and crystal growth have been discussed 
in Rickard and Luther (2007), and once pyrite starts nucleating, the rate of pyrite 
formation is controlled by the rate of pyrite crystal growth. Therefore, it is crystal 
growth that is responsible for bulk pyrite formation in sediments. The stoichiometry 
and rates of pyrite formation have been described for two mechanisms: the 
polysulphide pathway and the H2S pathway (e.g. Rickard, 1975, 1997; Luther, 1991; 
Rickard and Luther, 1997). The other pathways actually result from these two 
reactions, as noted by Butler et al. (2004) for the so-called “iron loss pathway”, or 
involve solid state transformations which are inconsistent with experimental and 
natural observations. As S(-II)aq speciation strongly depends on pH (section 1.2.1.1 of 
this chapter), both mechanisms depend themselves on the reaction pH. Voltammetric 
evidence (Luther, 1991; Rickard, 1997) support that the dissolved Fe(II) species 
FeS0aq is involved in both reactions, and Rickard et al. (2001) observed that FeS
0
aq 
suppression inhibits subsequent pyrite formation. The rates of both of the pathways 
have been determined by Rickard (1995, 1997). The polysulphide mechanism has 
been confirmed by Luther (1991). The rate of pyrite formation is first order with 
respect to polysulphide and second order with respect to FeSm surface area. 
At pH 7, pyrite forms at a rate of ~ 8 x 10-11 M L-1 s-1 via the polysulphide 
pathway when FeSm is present (Eq. 1.8) 
−
−
− +=+→ 2 12
20
nnaqm SFeSSFeSFeS   (1.8) 
The reaction with H2S forms pyrite at a rate of ~ 2 x 10
-8 M L-1 s-1 at pH 7 when 
FeSm is present (Eq. 1.9): 
22)(2
0 HFeSSHFeSFeS aqaqm +=+→  (1.9) 
 31 
The persistence of metastable FeSm with H2S is well known (e.g. Benning and 
Barnes, 1998; Benning et al., 1999, 2000) and is due the inhibition of pyrite 
nucleation. According to the pH speciation of the sulphide components, the 
polysulphide pathway should be initially rate limiting under alkaline conditions, and 
might reflect the rate of pyrite nucleation. As the system becomes more and more 
reduced and acidic, the H2S pathway should become rate limiting. Rickard and Morse 




− −==∂∂ HIISSFeSkSHFeSktFeS TmIISmSHp n  (1.10) 
where k are the rate constants for H2S and polysulphide reactions (s
-1). In alkaline 
sulphidic environments, the H2S concentration approaches 0 and the rate is only 
dependent on S(0), S(-II) and pH. 
In the H2S pathway, sulphur present in the product pyrite is derived from the FeSm 
and H2S reservoirs. Thus, the sulphur isotopic composition of pyrite should represent 
the input of both the FeSm and H2S reservoirs. In the polysulphide pathway, Butler et 
al. (2004) have suggested that pyrite inherits the sulphur from the polysulphide. 
However, they have shown that the synthetic pyrite sulphur signature is more 
complex than predicted, due to small isotopic exchange with the sulphide reservoir. 
This isotopic study supports the predicted mechanisms for pyrite formation. 
Fig. 1.10 illustrates the computed Eh-pH stability field diagram for the Fe-S-H2O 
system at 25°C. Pyrite is the stable phase in any reduced anoxic environment for total 
Fe(II) and S(-II) activities > 10-3 M (light grey) but not for low total Fe(II) and S(-II) 
activities (dark grey). The pyrite supersaturation is very sensitive to pH and Eh near 
the upper redox boundary, possibly impacting upon the subsequent pyrite textures, as 
the supersaturation condition, and therefore the nucleation rates are changing. The 
diagram (Fig. 1.10) illustrates that pyrite is present at the oxidised boundary of 
dissolved sulphides or iron monosulphides. Indeed both pyrite forming mechanisms 
involve the oxidation of S, from S(-II) to S(-I) concerning the H2S pathway, and from 
mixed valence S(-II) and S(0) to S(-I) concerning the Sn
2- pathway. Even from highly 
supersaturated conditions with respect to FeSm, this oxidation step is not facile in the 
strict absence of S(0) or O2, making pyrite nucleation difficult. Similarly, pyrite 
crystal growth is also an oxidation reaction rather than simple accretion of Fe and S 
atoms at the crystal surface.  
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Figure 1.10: Eh-pH diagram for the Fe-S-H2O system at 25°C. Pyrite stability field is illustrated by the 
grey areas. The darkest grey represents the pyrite stability field for {Fe(II)} = 10-6 M. The lightest 
grey represents the pyrite stability field for {Fe(II)} = 10-3 M. Increasing total {Fe(II)} and {S(-II)} 
from micro- to millimolar concentrations induces the extension of the FeS2 stability field (illustrated by 




1.2.2.5. A brief overview on other iron sulphides 
Cubic FeSc has never been found in nature, but is a metastable corrosion product 
of the reaction between H2S and metallic Fe (Murowchick and Barnes, 1986). The 
pyrrhotite group and troilite FeSt have been observed extremely rarely in sediments. 
Pyrrhotite commonly occurs naturally at higher temperatures, in igneous and 
metamorphic rocks or hydrothermal veins, and is therefore the most common iron 
sulphide in the solar system (see Rickard and Luther, 2007). Smythite, Fe9S11s, occurs 
naturally in brackish sediments, via sulphidation of siderite (Furukawa and Barnes, 
1996). Marcasite, orthorhombic FeS2, is a common mineral forming in hydrothermal 
vents. Marcasite precipitation requires acid conditions (e.g. Schoonen and Barnes, 
1991), avoiding its formation in normal marine environments. 
 
1.2.3. Summary: reaction pathways in the diagenetic Fe-S system 
Fig. 1.11 is a simplified overview of the Fe-S system under diagenetic conditions.  
Mackinawite can precipitate from normal seawater in the presence of millimolar S(-
II) concentrations in the water column. The HS- pathway is likely to be the main 
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mechanism for mackinawite formation in natural anoxic sedimentary environments, 
involving FeS0aq intermediates. It is also possible that FeSm forms via sulphidation of 
Fe(III) minerals such as goethite, (e.g. Rickard, 1974; Pyzik and Sommer, 1981; Wei 
and Osseo-Asare, 1996), where the mineral surface is reduced by HS- to produce 
sulphur S0 and Fe(II) hydroxides which dissolves and react to precipitate FeSm. For 
nanomolar Fe concentrations, FeSm does not precipitate for pH < 8. FeSm has a 
significant stability for pH>6 and micromolar Fe concentration. This means that in 
marine sediments (pH ~8-8.5), FeSm is not likely to precipitate if Fe concentration is 
less than micromolar. FeS0aq will be however the dominant aqueous species, since the 
total sulphide concentration is > 1 M. 
Pyrite is the ultimate Fe sequestering phase. Pyrite can form diagenetically in 
sediments overlain by oxic waters (normal marine conditions) or directly in the water 
column when H2S is present in the overlying water. Both pathways have been 
reported for pyrite formation in the Black Sea (Rickard and Luther, 2007 and 
references therein). In anoxic environments, H2S and HS
- are the predominant forms 
of sulphide species, favouring the H2S pathway as the main reaction for pyrite 
formation. At the oxic/anoxic interface and pH>7.5, however, the polysulphide 
reaction becomes predominant in alkaline solutions since H2S becomes a minor 
species. Polysulphides may form at the Fe(III) minerals surface when sulphur is 
produced by sulphidation of Fe(III) by H2S. 
 
Figure 1.11: Scheme of the diagenetic Fe-S pathways under anoxic conditions. 
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1.3. A “non-traditional” approach: Fe isotope geochemistry 
The recent development in analytical capability opened up an entire field of 
research into transition metal isotope geochemistry. The importance of Fe and S in the 
bulk terrestrial cycles highlights the potential role for Fe isotope as a tool for tracing 
biogeochemical processes. After the first measurements in 1999 (e.g. Beard et al., 
1999), an exponentially increasing collection of natural and experimental data have 
been published. Table 1.1 summarises the natural variations of some transition metal 
isotopes. As briefly mentioned above, Fe isotopes received particular attention with 
respect to other transition metals. 
 
1.3.1. General concepts and nomenclature 
The relative atomic mass of an element is determined by the abundance of each 
isotope of the element. As an example, Fe has an atomic mass of 55.845, which 
results from the mixture of 5.81 wt% 54Fe, 91.723 wt% 56Fe, 2.21 wt% 57Fe and 0.281 
wt% 58Fe (Taylor et al., 1992). In a natural sample any deviation from this 
distribution, i.e. the preferential concentration of some isotopes with respect to the 
others, is called isotope fractionation. When measuring isotope ratios, these deviations 
from the relative abundances can be so small that they only affect the fourth or fifth 
decimal place of the ratio. For this reason, depending on the order of magnitude of the 
deviation, isotope compositions are usually reported with conventional  or  
























ε   (1.12) 
where R stands for the isotope ratio in the sample and in the standard (std). 
The magnitude of isotope fractionations is usually inversely proportional to the 
mass and proportional to the isotope mass difference (e.g. Criss, 1999). Larger isotope 
fractionations thus occur for lighter elements and follow the (mheavy-mlight)/(mheavy x 
mlight) ratio, m referring to the mass of the isotope. For iron isotopes, the relative 
isotope mass differences are small and measured variations in Rsample/Rstd concern the 
third or the fourth decimal place. Hence, the commonly adopted notation for the 

































Feδ  (1.14) 
 
The reason why isotopes fractionate between molecules is energy related. Two 
identical molecules with different isotopes have a different zero point energy (Fig. 
1.12, Urey, 1947). Zero point energies are mass-dependent because they are functions 
of the vibrational frequencies of the inter-atomic bonds, which themselves depend on 
the mass of the atoms. The vibrational frequency being inversely proportional to the 
mass, heavier isotopes make stronger bonds with respect to lighter isotopes. Thus, two 
similar molecules made from different isotopes have a slightly different strength in 
bonds which is responsible for the occurrence of isotope fractionation between these 
two molecules. Any mechanism or parameter that may affect the bond environment of 
the molecule will contribute in some extent to the isotopic fractionation. These 
mechanisms can involve metabolic reactions (mass preferential uptake from 
organisms), changes in the redox state, in the coordination geometry, in the quantum 
properties of the molecule and in the nature of the ligands. 
At equilibrium, heavier isotopes tend to concentrate in the species with the 
shortest, strongest bond, and thus they generally concentrate in species i) with the 
higher oxidation state, ii) involving the most covalent bonds, iii) involving low 
coordination numbers and iv) involving low spin configuration for transition metals 
(Schauble, 2004). These general trends are qualitative and must be treated with care. 
The Fe(III)aq-Fe(II)aq couple, in which heavier isotopes concentrate in the ferric 
species (e.g. Johnson et al., 2002) is in good agreement with these qualitative rules. 
But in the case of pyrite, in which Fe is in its ferrous state, calculations predict the 
concentration of heavy Fe isotopes in the mineral. Note that in pyrite, Fe(II) is low 
spin (Rickard and Luther, 2007) and involves covalent bonds. Criss (1999) reviewed 
in detail the fundamentals of stable isotope fractionation and Schauble (2004) 
reviewed these fundamentals focussing on “non-traditional” isotope systems. 
 
Figure 1.12: Diagram illustrating the small difference in zero point energy between the same molecule 





1.3.1.1. Kinetic and equilibrium isotope fractionations 
Marcus’ theory (Marcus, 1964) showed the dependence between the change in 
free energy and the kinetics of electron transfer. Kavner et al. (2005) extended this 
theory to isotope fractionation and suggested that electron transfer should result in 
kinetic isotope fractionation. Kinetic isotope fractionation is a common natural 
phenomenon that occurs during unidirectional or incomplete reaction. Since lighter 
isotopes participate more quickly in reactions than do heavier isotopes, the first 
reaction products will typically be characterised by depletion in heavy isotopes, i.e. 
enrichment in lighter isotopes. Chemical equilibria are often dynamic, and atoms 
exchange between the different phases in a 1:1 ratio. Thus, a system in isotopic 
equilibrium reflects true chemical equilibrium (thermodynamic equilibrium), which is 
reached when the atomic exchange between the species makes no difference in their 
energy state, i.e. in their isotopic signature. Equilibrium isotopic fractionation is the 
signature of an isotopic exchange towards the energetically most stable state. Both 
equilibrium and kinetic mass fractionation of stable isotopes are expected to become 
smaller with the decrease of the relative mass difference between the isotopes (e.g. 




Table 1.1: A non exhaustive list of the measurement of some transition metal isotopes in natural 
samples. 
 
Although necessary for interpreting natural data, it is often difficult to establish if 
measured compositions reflect kinetic or true equilibrium effects because they can 
both act simultaneously (e.g. Welch et al., 2003). Of course natural systems are often 
characterised by kinetic fractionations because the kinetics of geochemical reactions 
can be slow and thus incomplete. Equilibrium fractionations reflect the very end of a 
process, but systems can stay in metastable disequilibrium for large temporal scales as 
will be discussed in chapters IV and V. 
 
1.3.1.2. High and low temperature processes 
The fractionation i/jA-B for the isotope ratio i/j between two phases A and B, is the 
difference in their respective isotopic composition i/jA and 
i/j
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Kinetic and equilibrium isotope fractionations decrease with increasing 
temperature, usually as a linear function of 1/T or 1/T2, where T is the temperature in 
K (e.g. Urey, 1947). Indeed, the higher the temperature, the more energy provided to 
the system to permit isotope homogenisation, annihilating any fractionation. It can be 
thus assumed that at very high temperature, the fractionation approaches zero. Some 
isotope systems, for their temperature dependence, can be used as geothermometers. 
As an example, Bottinga and Javoy (1973) showed that for temperatures < 500°C, O 
isotope fractionation is described by YTX += 23 /ln10 α , whereas for temperatures > 
500°C, it is described by 23 /ln10 TX=α , where X and Y are equilibrium constants. 
High temperature processes include evaporation, condensation, diffusion and 
phase partitioning. Equilibrium fractionations are often biased by larger kinetic effects 
during evaporation and condensation, whilst both equilibrium and kinetic 
fractionations compete in high temperature diffusion and phase partitioning. Dauphas 
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and Rouxel (2006) reviewed the theoretical work established for high temperature 
processes. 
 
1.3.2. Theoretically computed Fe fractionation factors 
Equilibrium fractionation factors between two species A and B can be calculated 







/3/3/3 ln10ln10ln10 ββα −=−   (1.18) 
where  stands for the fractionation factor between A and B for the isotope ratio i/j 
and  for the partition factor of A and B for the isotope ratio i/j. Calculated 
equilibrium fractionation factors are useful as they anticipate the fractionation that 
may occur in nature, often inaccessible by experiments. In the Fe isotope system, the 
-factors have been typically estimated from vibrational data and empirical force field 
model (the Modified Urey-Bradley Force Field model, MUBFF, Schauble et al. 
(2001)), from Density Function Theory (Jarzecki et al., 2004; DFT, e.g. Anbar et al., 
2005), or from Mössbauer and inelastic nuclear resonant X-ray scattering (INRXS) 
data (e.g. Polyakov and Mineev, 2000; Polyakov et al., 2007). Thus, theoretical 
computations rely on various methods that all result from quantum mechanics of 
molecular vibrational modes and rotation (e.g. Urey, 1947; Schauble, 2004). 
-factors have been estimated for metal Fe (Polyakov, 1997; Polyakov and 
Mineev, 2000; Schauble et al., 2001; Polyakov et al., 2007) hexaqua Fe(II) (Schauble 
et al., 2001; Jarzecki et al., 2004; Anbar et al., 2005; Domagal-Goldman and Kubicki, 
2008; Ottonello and Zuccolini, 2009); hexaqua Fe(III) (Schauble et al., 2001; Jarzecki 
et al., 2004; Anbar et al., 2005; Hill and Schauble, 2008; Domagal-Goldman and 
Kubicki, 2008; Hill et al., 2009; Ottonello and Zuccolini, 2009); numerous ferrous 
and ferric complexes including chloro- and bromo- complexes (Schauble et al., 2001; 
Hill and Schauble, 2008; Hill et al., 2009); goethite and various FeOOH species 
(Polyakov and Mineev, 2000); magnetite (Polyakov and Mineev, 2000; Polyakov et 
al., 2007); hematite (Polyakov and Mineev, 2000; Polyakov et al., 2007; Blanchard et 
al., 2009); siderite (Polyakov and Mineev, 2000; Polyakov et al., 2007; Blanchard et 
al., 2009); clino- and orthopyroxenes (Polyakov and Mineev, 2000); olivine 
(Polyakov and Mineev, 2000);  pyrite (Polyakov and Mineev, 2000; Polyakov et al., 
2007; Blanchard et al., 2009); and other sulphide minerals such as troilite, marcassite 
and Fe3S (Polyakov et al., 2007). 
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1.3.2.1. High temperature predictions 
Theoretical computations suggest that terrestrial high temperature processes 
should record measurable Fe isotope fractionations, i.e. > 0.1 ‰ (Polyakov and 
Mineev, 2000). Geologically important systems involve metal-silicate fractionations 
to assess Fe isotope fractionations associated with the core-mantle differentiation. I 
compare the theoretical predictions with experimentally determined fractionation 
factors and measured natural data later. 
 
1.3.2.2. Example of a low temperature process: the aqueous Fe3+/Fe2+ couple 
Redox processes contribute to isotope fractionation because they involve changes 
in the electronic configuration of the transition metal. Thus, they are directly linked to 
the bond strength of a molecule. For instance, Anbar et al. (2005) investigated the 
bond strengths and vibrational frequences of [Fe(H2O)6]
2+ and [Fe(H2O)6]
3+. Fe(III) 
has a d5 configuration unlike Fe(II) which has a d6 configuration. Consequently, the 
metal-ligand bond in the Fe(III) species is shorter and stronger than in the Fe(II) 
species. According to the equilibrium fractionation theory, heavier isotopes make the 
stronger bonds and will have the tendency to concentrate into [Fe(H2O)6]
3+. As shown 
by Fig. 1.13, stronger bonds display shorter length. Anbar et al. (2005) reported from 
their models equal Fe-O bonds of 2.039 Å for [Fe(H2O)6]
3+ whereas in [Fe(H2O)6]
2+, 
the four equatorial bond lengths are 2.11 Å and the two axial lengths are 2.14 Å. 
According to the kinetic fractionation theory, lighter isotopes will participate more 
quickly in chemical reactions because the Fe-ligand bond will be broken more readily. 
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Figure 1.13: Molecular models for [Fe(H2O)6]
3+ (left) and [Fe(H2O)6]
2+ (right), drawn with ArgusLab©. 
Data are from Anbar et al. (2005). The Fe(II) species displays larger axial bonds than the Fe(III) 
species. 
 
1.3.2.3. Issues for unidirectional or incomplete chemical reactions 
Theoretical computations are limited to the determination of equilibrium 
fractionation factors. When possible, it is thus extremely convenient to compare 
calculated predictions with experimentally derived data, which can provide both 
kinetic and equilibrium fractionation factors. As Beard et al. (2010) pointed out, it is 
generally the case that good agreement between computationally and experimentally 
derived fractionation factors are obtained for fluid-fluid (e.g. Johnson et al., 2002; 
Hill et al., 2009) or mineral-mineral fractionations (e.g. Shahar et al., 2008), and that 
fluid-mineral systems are usually less consistent (e.g. Johnson et al., 2005b; Beard et 
al., 2010). Natural data are controlled by geological processes, which are themselves 
often characterised by unidirectional, metastable, or incomplete reactions, which are 
likely to record kinetic fractionations. Discrepancies between natural samples and 
calculated equilibrium predictions can be source of controversy (e.g. Rouxel et al., 
2005; Archer and Vance, 2006, chapter VI).  
 
1.3.3. Improvement of analytical capability for the measurement of experimental and 
natural Fe isotope data 
As mentioned above, typical Fe isotope fractionations in natural samples are 
relatively small (less than 5 ‰, and often clustered at ~ 1 ‰). It is, for comparison, at 
least one order of magnitude less than the fractionations occurring within more 
traditional C-O-S isotope systems. The observation of any fractionation with 
acceptable precision in the Fe isotope system therefore presented major analytical 
challenges. The first measurements of Fe isotope ratios were performed in the late 40s 
(Valley and Anderson, 1947). Since the 80s, thermal ionisation mass spectrometry 
permitted the analysis of 56/54Fe and 57/54Fe ratios with a precision of ± 0.6 ‰ at the 2 
level (Gotz and Heumann, 1988; Walczyk, 1997; Bullen and McMahon, 1998). It was 
the development of inductively-coupled plasma mass spectrometry (Walder and 
Freedman, 1992; Walder et al., 1993; Halliday et al., 1998) that permitted precise and 
accurate measurement of Fe isotope ratios with precision as low as ± 0.05 ‰ 
 42 
(Guilbaud et al., 2010b). Detailed descriptions of the instrumental development and 
the analytical protocols are given in chapters II and III. 
The major challenge for high precision measurements of Fe isotopes with MC-
ICP-MS is the removal of polyatomic and atomic isobaric interferences produced in 
the Ar plasma. Additional interferences can be due to sample matrix. Isobaric 
interferences for Fe isotopes are typically 40Ar14N+ and 54Cr+ on 54Fe+, 40Ar16O+ on 
56Fe+, 40Ca16OH+ and 40Ar16OH+ on 57Fe+, and 40Ar18O+ and 58Ni+ on 58Fe+. Column 
chemistry is inevitable to remove Ca, Cr and Ni inputs from natural samples. Various 
strategies have been developed to reduce, eliminate, or resolve the interferences due 
to atmospheric elements such as H, N, O created in the Ar plasma: i) sample 
desolvation (Anbar et al., 2000; Belshaw et al., 2000; Sharma et al., 2001; Roe et al., 
2003), ii) cold plasma (Walczyk and von Blanckenburg, 2002; Kehm et al., 2003), iii) 
high resolution multi-collection (Malinovsky et al., 2003; Weyer and Schwieters, 
2003) and iv) collision cell technology (Beard and Johnson, 1999; Mullane et al., 
2003; Rouxel et al., 2003; Dauphas et al., 2004a). Chromium and nickel interferences 
can be monitored and corrected if present (e.g. Vogl et al., 2003; Dauphas et al., 
2004a). Some authors (e.g. Belshaw et al., 2000) used HCl matrix instead of HNO3
- to 
minimise the formation of ArN+, and high concentrations of Fe (up to 10 ppm) in 
order to increase the signal-to-background ratio. The use of cold plasma has been only 
investigated by a few studies (Walczyk and von Blanckenburg, 2002; Kehm et al., 
2003). The plasma power is reduced to 600 W instead of ~1500 W in order to reduce 
significantly the 40Ar14N+ and 40Ar16O+ intensities relative to the Fe signal 
(sensitivity). However, the ionisation efficiency also decreases, reducing considerably 
the sensitivity. Cold plasma also does not remove the 40Ar16OH+ interferences on 
57Fe+. High mass resolution is the most robust method to solve the interference issue. 
The resolving power is a dimensionless mass ratio that reflects the ability to separate 
the interference peak from the Fe peak. Fe peaks can be separated from molecular 
interference peaks with a resolving power of ~3000 (Vogl et al., 2003) and flat peaks 
can be preserved with resolving power of ~9000 (Weyer and Schwieters, 2003). 
The incorporation of a hexapole reaction cell into the standard MC-ICP-MS 
instrumentation can lead to the removal of 40Ar14N+ and 40Ar16O+ interferences and 
the decrease of 40Ar16OH+ interferences. The introduction of collision gases (Ar, H2 or 
He) into the hexapole induces a series of ion-molecule reactions leading to the 
decrease of argides, oxides and hydrides in the ion beam. These reactions and 
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collisions involve either the neutralisation of the charge of the interference, or the 
significant decrease of their energy. In both cases, interferences are not transmitted 
into the analyser. Generally, it has been shown that the interferences on mass 54 mass 
56 can be totally removed, but 40Ar16OH+ remains the most difficult interference to 
handle (e.g. Beard et al., 2003a; Rouxel et al., 2003; Vogl et al., 2003; Dauphas et al., 
2004a). 
ICP technology is characterised by a large but very stable instrumental bias 
through time. Mass bias correction for Fe isotope analysis can involve elemental 
doping with Cu or Ni (Anbar et al., 2000; Belshaw et al., 2000; Beard et al., 2003a), 
double spike correction (Dideriksen et al., 2006) and, most commonly sample-
standard bracketing (e.g. Belshaw et al., 2000; Dauphas et al., 2004a; Schoenberg and 
von Blanckenburg, 2005; Guilbaud, 2010b). This method relies on interpolating the 
mass bias of a known standard to the standard-bracketed sample analyte. The 













=   (1.19) 
where R stands for the true isotope ratios of the sample and the standard and r for the 
measured isotope ratios of the sample and the bracketing standards (the superscripts 1 
and 2 stand for the first standard and the second standard, respectively). 
The choice of the standard has been debated. Some authors (e.g. Beard and co-
workers) have proposed the use of the bulk composition of the Earth-Moon system 
(Beard et al., 2003a) as a reference for geochemical processes. Other authors (e.g. 
Poitrasson et al., 2004; Dauphas and Rouxel, 2006) favour the use of the certified 
IRMM-14 standard (IRMM™) because heterogeneities exist within the Earth-Moon 
system (Poitrasson et al., 2004), and argue that the IRMM-14 standard has a 
composition very close to those of bulk chondrites (Schoenberg and von 
Blanckenburg, 2006). The standard used throughout this work is the certified IRMM-
014. The isotopic concentrations of IRMM-14 are in percent (at the 2 level), 5.845 ± 
0.023 for 54Fe, 91.754 ± 0.024 for 56Fe, 2.1192 ± 0.0065 for 57Fe, and 0.2818 ± 0.0027 
for 58Fe. 
Correction for accurate Fe isotope ratios is made by the analysis of geostandards 
of known isotopic composition such as BCR-1 basalt (e.g. Beard et al., 2003a; 
Poitrasson et al., 2004; Butler et al., 2005) or the Orgueil carbonaceous chondrite 
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(Zhu et al., 2001; Kehm et al., 2003; Dauphas et al., 2004a,b). The use of 
geostandards is crucial when measuring isotope ratios of natural material. However, 
the very useful  notation (Eq. 1.13) which is essentially the ratio of two ratios is a 
way to avoid the analysis of geostandards since the precision only, rather than 
accuracy is then required. 
 
1.3.4. Experimentally derived fractionation factors 
Experiments conducted to determine transition metal isotope fractionations are 
listed in Table 1.2. As for the measurement of natural samples, most of the literature 
concerns Fe isotope fractionation factors, which are deliberately not shown in the 
table since the work is detailed below. As explained above, it is crucial to distinguish 
between equilibrium and kinetic fractionations in order to understand natural data. 
Theoretically derived fractionations represent isotopic equilibrium. Experimentally, 
the use of the three isotope method (e.g. Matsuhisa et al., 1978; Matthews et al., 
1983; Shahar et al., 2008; Beard et al., 2010) is the most robust experimental method 
to determine equilibrium fractionations. By deduction, any other fractionations 
measured within the same system are kinetic. The kinetics and extent of isotopic 
exchange have also been determined using an isotope tracer (e.g. Johnson et al., 2002) 




Table 1.2: Experiment conducted for some transition metal isotopes. 
 
1.3.4.1. High temperature processes 
Fe isotope diffusion in molten oxides, basalts and rhyolites has been 
experimentally determined (Richter et al., 2003, 2009). Evaporation and condensation 
effects have also been assessed (Dauphas et al., 2004a; Richter et al., 2009). 
Schuessler et al. (2007) showed that lighter isotopes incorporate into pyrrhotite 
melts in equilibrium with silicate melts with fractionation factors similar to those 
predicted (Polyakov and Mineev, 2000). 
Fe isotope fractionation during metal segregation from silicate melts is significant 
(Roskosz et al., 2006) and Roskosz et al. (2006) reported that kinetic fractionation 
during melt segregation favours the formation of a 56Fe depleted metal phase with 
respect to the residual silicate. By contrast, Shahar et al. (2008) determined the 
equilibrium Fe isotope fractionation between magnetite and fayalite, and they showed 
that this system favours 56Fe enrichment into the oxide phase with respect to the 
silicate. Shahar et al. (2008) proposed that this system can be used as a thermometer 
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since the equilibrium fractionation is temperature dependent. The results are 
consistent with predicted fractionation factors (Polyakov et al., 2007). 
 
1.3.4.2. Low temperature processes 
Experimental data on aqueous Fe species, Fe-oxides and Fe-carbonates have been 
documented and demonstrate that the largest Fe isotope fractionations are produced 
during redox reactions in both biologically mediated (Beard et al., 1999; Brantley et 
al., 2001, 2004; Beard et al., 2003a; Anbar, 2004; Croal et al., 2004; Icopini et al., 
2004; Johnson et al., 2004; Teutsch et al., 2005) and abiotic systems (Anbar et al., 
2000; Bullen et al., 2001; Matthews et al., 2001; Skulan et al., 2002; Welch et al., 
2003; Brantley et al., 2004; Jang et al., 2008; Handler et al., 2009; McAnena et al., 
2009; Hill et al., 2009; Beard et al., 2010). Smaller, but significant fractionations have 
been seen in abiotic non-redox reactions (Wiesli et al., 2004), including the ligand-
exchange process involved in FeSm formation (Butler et al., 2005).  
 
1.3.4.2.1. Biologically mediated reactions 
Fe isotope fractionations involved during assimilatory Fe metabolism are poorly 
constrained. Mandernack et al. (1999) reported that there is no significant 
fractionation associated with Fe assimilation by magnetotactic bacteria, which 
mineralise Fe as magnetite and mackinawite (or greigite) for their metabolism. Fe 
being a limiting nutrient, this suggests that isotopic segregation by organisms is 
negligible. 
Biologically mediated Fe isotope fractionations have been documented for redox 
mechanisms involving Fe(II)-oxidation by photoautrophic bacteria (Croal et al., 2004) 
and DIR between Fe(III) oxides and Fe(II)aq (Beard et al., 1999; Beard et al., 2003b; 
Crosby et al., 2005, 2007; Johnson et al., 2005c). The Fe isotope fractionation 
occurring during partial dissolution of silicate and goethite has also been reported 
(Brantley et al., 2001, 2004). Photoautrophic Fe(II)-oxidation produces 56Fe enriched 
Fe(II)aq (Croal et al., 2004), but the ~ -1.5 ‰ fractionation between Fe(II)aq and the 
ferrihydrite precipitate is lower than predicted equilibrium (Anbar et al., 2005). This 
suggests that the measured fractionation reflects kinetic rather than equilibrium 
fractionation. Balci et al. (2006) suggested that the observed fractionation during 
biologically mediated Fe(II) oxidation is principally due to abiotic processes.  
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Partial dissolution of hornblende and goethite in the presence of siderophore 
producing bacteria and other organic ligands is accompanied by large isotope 
fractionations (Brantley et al., 2001, 2004) (Table 1.3) producing 56Fe depleted 
Fe(II)aq. The magnitude of the fractionation is consistent with the strength of the 
ligands and of the mineral bonds. 
 
 
Table 1.3: Summary of the experimentally determined Fe isotope fractionations for biologically 
mediated reactions. Values in bold italic represent equilibrium fractionations. Other data reflect kinetic 
fractionations. 
 
It is widely recognised that large amounts of 56Fe depleted Fe(II)aq are produced 
during DIR (e.g. Johnson et al., 2008a). The first evidence was the production of 
Fe(II)aq ~ 1.3 ‰ lighter than the ferrihydrite mineral (Beard et al., 1999). Further 
research supported the initial results and indicated that DIR can produce a large range 
of isotopic compositions depending on the experimental set up (Beard et al., 2003a; 
Icopini et al., 2004; Crosby et al., 2005; Johnson et al., 2005b). Icopini et al. (2004) 
and Crosby et al. (2005) put emphasis on the potential effects of Fe(II) adsorption at 
the mineral surface to explain the range of measured fractionations. In particular, they 
questioned the mechanism that is responsible for the observed fractionation between 
the goethite surface and Fe(II)aq, opening up recent research in abiotic experiments. 
Crosby et al. (2007) suggested that the fractionation between Fe(II)aq and Fe(II)sorb at 
the mineral surface is smaller than between Fe(II)aq and the Fe(III) mineral surface. 
They noted that Fe(II)sorb depends on the nature of the substrate, whereas there is no 
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difference between the fractionations produced with magnetite, hematite and goethite, 
implying that the nature of the Fe(III) substrate is irrelevant. 
 
1.3.4.2.2. Abiotic Fe isotope fractionations 
Experiments involving abiotic Fe isotope fractionations are listed in Table 1.4. Fe 
isotope exchange between Fe(II)aq and the surface of Fe(III) oxy(hydr)oxide has 
attracted attention in order to assess exchange effects on the abiotic redox reaction 
(e.g. Icopini et al., 2004; Crosby et al., 2005, 2007; Teutsch et al., 2005; Jang et al., 
2008; Handler et al., 2009; Beard et al., 2010). Results are consistent with the abiotic 
redox reaction between Fe(II)aq and Fe(III) oxides (Bullen et al., 2001) which is 
characterised by the precipitation of 56Fe enriched Fe(III) oxides with respect to 
residual Fe(II)aq. Abiotic fractionation between Fe(II)aq and Fe(III)aq is ~ -2.9 ‰ 
(Johnson et al., 2002; Welch et al., 2003), which is consistent with abiotic Fe(II) 
photo-oxidation (Staton, 2006) and the theoretically derived calculations (Anbar et 
al., 2005). 
Other abiotic redox reactions involving aqueous organic complexes have shown 
the largest kinetic Fe isotope fractionations recorded (up to -11.7 ‰, Matthews et al., 
2001). Ligand controlled dissolution of goethite and hornblende also record 
significant Fe isotope fractionations, but systematically of a higher magnitude for 
dissolutions involving a redox change (Brantley et al., 2004; Wiederhold et al., 2006).  
I discussed above the formation of FeSm by sulphidation of Fe(III)oxides. The 
sulphidation occurs first by conversion of the Fe(III) mineral surface into 
Fe(II)hydroxides and then the Fe(II) phase dissolves to form FeSm. The sulphidation 
of goethite should thus produce maximum kinetic Fe fractionation since the Fe(II) 
phase will concentrate light isotopes (Brantley et al., 2004; Johnson et al., 2004). 
McAnena et al. (2009) showed that the Fe isotope fractionation recorded during 
sulphidation of Fe(III) minerals is correlated to the bond strength in the mineral 
substrate. 
Smaller but significant fractionations have been documented for non-redox 
reactions including aqueous ferric chloro-complexes (Hill et al., 2009); carbonate 
precipitation (Wiesli et al., 2004), hematite precipitation (Skulan et al., 2002), and 
mackinawite precipitation (Butler et al., 2005). Butler et al. (2005) reported a kinetic 
fractionation 56FeFe(II)-FeS ranging from + 0.9 to +0.3 ‰. They suggested that the 
isotopic fractionation of Fe occurs during the inner sphere ligand exchange, during the 
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formation of FeS2+, and before the development of the condensed phase FeSm. During 
ligand exchange reactions, lighter Fe isotopes participate at a faster rate than heavier 
ones. Apart from Fe isotopes, only the behaviour of Cu and Zn for transition metal 
sulphides has been studied. CuS precipitates from Cu(II)aq with 65CuCu(II)aq-CuS = 3.06 
± 0.14 ‰ (Ehrlich et al., 2004). Ehrlich et al. (2004) interpreted this result as a redox 
effect, since the precipitate is reduced to Cu(I)S from the aqueous Cu(II). Like FeS 
and CuS, (Archer, 2007) showed that ZnS precipitates from Zn(II)aq with depletion in 
heavy isotopes (66ZnZn(II)aq-ZnS ~ 0.4 ‰). However, both Ehrlich et al. (2004) and 
Archer (2007) argued that their values were likely to be kinetic fractionations, CuS 
and ZnS being significantly less soluble than FeSm (KspFeS = 3.5, (Rickard, 2006); 
KspCuS = 22.2, (Smith and Martell, 1976); Kspsphalerite = 10.93, (Dyrssen and Kremling, 
1990); where Ksp values given here are for free hexaqua species and the minerals). 
 
 
Table 1.4: Abiotically conducted experiments for the determination of Fe isotope fractionations. 
Equilibrium data are in bold italic, other data represent kinetic fractionations.   
 
1.3.5. Natural Fe isotope variations in terrestrial and planetary materials 
1.3.5.1. High temperature processes 
As mentioned above, both kinetic and equilibrium isotope fractionations decrease 
with increasing temperature, and the Fe isotope analysis of natural high temperature 
rocks has shown little (but measurable) variation. Bulk chondrite Fe isotope 
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compositions are very homogeneous (mean 56Fe = - 0.015 ± 0.020 ‰ with respect to 
IRMM-14, Schoenberg and von Blanckenburg, 2006) and approximate the IRMM-14 
value. However, the analysis of single chondrules displays a range of compositions 
varying from – 1.85 to 0.68 ‰ (Zhu et al., 2001; Kehm et al., 2003; Mullane et al., 
2003). These intra-chondrite variations are likely to reflect evaporation kinetic 
fractionations during chondrule formation or secondary chondrite alteration. 
Schoenberg and von Blanckenburg (2006) suggested that the chondrite homogeneity 
supports the existence of a chondrite uniform reservoir (CHUR).  
Early analyses of lunar and terrestrial bulk igneous rocks (Beard and Johnson, 
1999; Beard et al., 2003b) showed very homogeneous Fe isotope compositions of 
+0.09 ± 0.05 ‰ with respect to the IRMM-14 reference.  Beard et al. (2003b) thus 
proposed that Fe isotopic compositions should be given in respect with the bulk 
Earth-Moon system, rather than with the IRMM-14 reference which has less 
geological significance. However, Poitrasson et al. (2004) highlighted differences 
between the Fe isotope compositions of the “mean mafic Earth” (0.07 ± 0.03 ‰), the 
Moon (0.140 ± 0.029 ‰) and other planetary bodies such as Mars (0.002 ± 0.018 ‰) 
and Vesta (0.021 ± 0.028 ‰) and detailed studies on various terrestrial igneous rocks 
(Poitrasson and Freydier, 2005; Schoenberg and von Blanckenburg, 2006) pointed out 
heterogeneities between the Fe isotope signatures of the mean mafic Earth and those 
of SiO2 > 71 wt% terrestrial granites (with 56Fe as high as 0.4 ‰). Also, the Fe 
isotope composition of mantle xenoliths is lighter than terrestrial basalts (Weyer et al., 
2005; Schoenberg and von Blanckenburg, 2006). For this reason it was proposed that 
Fe isotope fractionation could occur during planetary differentiation and crust 
formation (Weyer et al., 2005; Weyer, 2008). However, Poitrasson (2007) argued that 
the fact that the signatures of eucritic and basaltic rocks from other planetary bodies 
are indistinguishable, along with the chondritic homogeneity, disprove the role of 
planetary differentiation in Fe isotope fractionation. Similar conclusions were raised 
for the core-mantle differentiation (Poitrasson et al., 2005). 
The reason why planetary bodies have relatively homogeneous Fe isotope 
compositions but display variations at a planetary scale (comparing one body to 
another one) is unclear. Poitrasson et al. (2004) proposed that the terrestrial and lunar 
enrichment in heavier isotopes compared to other solar system bodies supports the 
Moon-Earth formation impact model, in which kinetic Fe isotope fractionation would 
occur during evaporative Fe loss. 
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1.3.5.2. Low temperature processes 
Measuring Fe isotope signatures in the sedimentary and aqueous Fe budget has 
shown the largest variations in 56Fe in both modern and ancient rocks including 
black shales, BIFs, and Fe-Mn modules. These signatures have been first interpreted 
as evidence for biological activity (Beard and Johnson, 1999; Beard et al., 1999), 
opening up a vast research potential into the microbial fingerprints in Fe isotope 
signatures (e.g. Beard et al., 2003a; Johnson and Beard, 2004; Johnson et al., 2008a). 
However, non-biological Fe isotope fractionation was quickly discovered during 
abiotic chromatographic experiments (Anbar et al., 2000), showing that both 
biologically mediated and abiotic Fe isotope fractionations occur in nature. Fig. 1.14 
summarises the Fe isotope variations recorded in major sedimentary environments. 
 
1.3.5.2.1. Modern sedimentary environments 
Anbar and Rouxel (2007) noted that the controls on isotopic records of dissolved 
and particulate Fe in seawater remain poorly explored. As we discussed above, the 
total Fe budget in the oceans is a combination between atmospheric input as aerosols, 
continental fluxes and weathering based processes, hydrothermal inputs, and 
dissolution of reactive Fe in early diagenesis through sulphidation or DIR. Thus, the 
isotopic composition of sedimentary Fe is a product of the different sources, the 
precipitation into various Fe-bearing phases and the extent of equilibration between 
seawater Fe, porewater Fe, and solid Fe. 
 
Figure 1.14: Summary of the Fe isotope signatures of major low temperature processes including 
modern and ancient sedimentary rocks. Largest variations are recorded in Precambrian sulphidic rocks. 






1.3.5.2.1.1. Atmospheric inputs and continental weathering 
Modern marine sediments such as deep sea clays, terrigenous sediments, turbidite 
clays and volcanoclastites have Fe isotopic compositions clustered around the igneous 
values (Beard et al., 2003a; Rouxel et al., 2003; Fantle and DePaolo, 2004). This is 
consistent with loess, aerosol and suspended river load values, suggesting that the 
transport of eroded particulate Fe does not modify significantly the Fe isotope 
composition in the solid phase. It seems that continental variations pointed out by 
Poitrasson and Freydier (2005) are not recorded in the river load fraction. By contrast, 
differences in weathering regime should produce a range of fractionations.  Dissolved 
Fe in rivers displays lighter isotopic compositions than those of igneous rocks (Fantle 
and DePaolo, 2004), suggesting that dissolution weathering kinetically fractionates Fe 
isotopes. Bergquist and Boyle (2006) also observed 56Fe depleted dissolved Fe with 
respect to igneous rocks, however they noted that dissolved Fe and the river load had 
similar signatures for high weathering regimes (i.e. the Amazon river). The presence 
of 56Fe depleted chelated and particulate Fe in soils is consistent with the experiments 
conducted by Brantley et al. (2001, 2004) and Wiederhold et al. (2007). Emmanuel et 
al. (2005) showed that Fe cycling during soil forming processes can be quantified by 
Fe isotopes, which is supported by Wiederhold et al. (2007) who showed that Fe 
mobilisation during mineral leaching and soil formation is accompanied by significant 
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Fe isotope fractionation. Soil erosion might thus participate to a wider isotopic range 
for particulate Fe in river loads. 
 
1.3.5.2.1.2. Hydrothermal systems 
Hydrothermal fluids have 56Fe values from – 0.21 to – 0.69 ‰ lower than those 
of igneous rocks (Sharma et al., 2001; Beard et al., 2003b; Severmann et al., 2004; 
Bennett et al., 2009). Sharma et al. (2001) suggested that the low 56Fe values are due 
to 1) basalt leaching by fluids, 2) precipitation of sulphides and oxyhydroxides from 
vent fluids and 3) phase separation between vapour and brine. Beard et al. (2003b) 
suggested that there is no Fe isotope fractionation during phase separation since 
vapour and brines have the same isotopic composition. Bennett et al. (2009) proposed 
that all dissolved Fe phases are isotopically heavier than the primary fluid after 
precipitation of depleted sulphides (~ -0.89 ‰) and oxyhydroxides (~ -0.19 ‰). 
Rouxel et al. (2003, 2004, 2008A) found isotopic composition variations between 
different sulphide minerals with lower 56Fe values for pyrite and marcasite and 
higher 56Fe values for chalcopyrite. Chalcopyrite is a high temperature sulphide 
precipitating first from the vent fluids, depleting the residual fluid in heavier Fe. By 
contrast, Markl et al. (2006) found no difference in 56Fe values for primary pyrite 
and chalcopyrite from hydrothermal veins. 
Rouxel et al. (2003) found that 56Fe values in the oceanic crust increase with 
increasing degrees of Fe leaching. They suggested that these variations are related to 
kinetic effects producing lighter fluids or, alternatively, the formation of 56Fe 
enriched clays. This suggestion was supported by the fact that celadonite veins were 
found with 56Fe value of +1.1‰ which is consistent with the predictions of Polyakov 
and Mineev (2000). 
 
1.3.5.2.1.3. Early diagenetic processes 
Von Blanckenburg et al. (2008) reported the Fe isotopic compositions of modern 
microbial carbonates, ranging from ~ -0.12 to +0.15 ‰. They argued that the 
diagenetic processes that occurred to these stromatilitic features, including 
dolomitisation, did not alter their original isotope signature. Some authors also 
proposed that Fe(II) incorporation into carbonates could reflect the composition of the 
dissolved Fe(II) pool (Dideriksen et al., 2006). 
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Fe isotopic composition of diagenetic fluids including marine suboxic and anoxic 
porewaters (Severmann et al., 2006; Staubwasser et al., 2006; Homoky et al., 2009), 
benthic fluxes (Rouxel and Auro, 2010; Severmann et al., 2010), and estuarine water 
(Fantle and DePaolo, 2004; Rouxel et al., 2008b) record 56Fe signatures down to –3 
‰, with some extremes at –5 ‰. Because DIR is a dominant pathway for the 
oxidation of organic matter in sedimentary environments (e.g. Berner, 1982) that 
produces isotopically light fluids (Table 1.3), such low values in diagenetic fluids 
have been interpreted by some authors as an evidence for microbial iron reduction 
(Severmann et al., 2006; Johnson et al., 2008a). Others proposed that abiotic 
precipitation of 56Fe enriched Fe oxy(hydr)oxides characterising the short Fe 
residence time in seawater was responsible for such low values (Rouxel et al., 2008b; 
Homoky et al., 2009). 
Fe isotope composition of reactive Fe(III) (ferrihydrite, goethite, hematite) and 
Fe(II) (mackinawite, pyrite) in suboxic to anoxic environments was measured 
(Severmann et al., 2006; Staubwasser et al., 2006). Results show that Fe 
oxyhydroxides are systematically 56Fe enriched with respect to porewater Fe. HCl 
extractable Fe-S phases vary from -0.4 to +0.4 ‰, whereas pyrite displays a more 
56Fe depleted range from -0.5 to -1‰ (Severmann et al., 2006). These observations 
were interpreted as supporting the production of isotopically light Fe fluids during 
diagenetic reduction and dissolution of inherited oxy(hydr)oxides, and the 
incorporation of lighter isotopes during subsequent formation of authigenic iron 
sulphides. 
Marine sediments associated with ferromanganese precipitates are characterised 
by negative values down to –0.8‰ (Zhu, O'Nions, et al., 2000; Rouxel et al., 2003; 
Levasseur et al., 2004; Chu et al., 2006). Beard et al. (2003b) proposed that these 
signatures could derive from relative mixing between aerosols and hydrothermal 
fluids. Others suggested that they are likely to reflect diagenetic remobilisation of Fe 
during Fe-Mn crust formation (Dauphas and Rouxel, 2006). 
 
1.3.5.2.2. Ancient sedimentary rocks 
Amongst ancient sedimentary rocks, Cainozoic Fe-Mn crusts, Archean 
stromatolites, BIFs and Precambrian sulphides have been suggested as potential new 
palaeoproxies. Cainozoic Fe-Mn crusts were suggested (e.g. Zhu et al., 2002) to trace 
changes in Fe fluxes in the marine system but diagenetic remobilisation is questioned 
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(see above). Large negative 56Fe values down to -2 ‰ recorded in Archean 
stromatolites contrast with modern data, and Von Blanckenburg et al. (2008) 
suggested that microbial formations may trace redox changes from Archean ferrous 
Fe to modern ferric Fe. The two major ancient sedimentary formations that have 
attracted enthusiasm as potential paleorecords involve BIFs and sulphidic black shales 
(Fig. 1.15). 
 
Figure 1.15: Temporal variations and isotopic distribution of 56Fe measured in Archean and 
Proterozoic BIFs, sulphidic shales and pyrite, from Johnson et al. (2008a). Data are from Beard et al., 
(2003b); Dauphas et al., (2004b); Rouxel et al., (2005); Yamaguchi et al., (2005); Whitehouse and 
Fedo, (2007); Johnson et al., (2008b). 
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1.3.5.2.2.1. Fe isotope signatures recorded in BIFs 
The Banded Iron Formations record a large degree of Fe cycling on the early 
Earth. Common mineral phases are magnetite, siderite and hematite, which 
emphasises a certain degree of oxidation since Fe inputs in the Archean and the 
Proterozoic consists of solid and dissolved Fe(II) species. Possible scenarios for Fe 
oxidation have been discussed above (section 2.1.2) and result in the precipitation of 
ferrihydrite and Fe oxy(hydr)oxide BIFs precursor phases. Both biologically mediated 
and abiotic oxidation of Fe(II)aq produce 
56Fe enriched precipitates (e.g. Croal et al., 
2004; Teutsch et al., 2005) and the positive 56Fe excursions up to +2 ‰ recorded in 
the > 3.7 Ga Isua Greenstone Belt (Greenland) BIFs (Dauphas et al., 2004b; 
Whitehouse and Fedo, 2007) were interpreted as reflecting Fe(II) oxidation (also see 
Dauphas and Rouxel, 2006). Whitehouse and Fedo (2007) noted that the highest 
measured values were consistent with the fractionation between Fe(II)aq and Fe(III)aq 
(e.g. Welch et al., 2003) assuming seawater 56FeFe(II)aq ranging from -0.5 to 0 ‰. The 
positive 56Fe recorded in hematite and magnetite grains from the 1.8 Ga Biwabik 
BIFs suggest the quantitative removal of Fe in an oxidised 56Fe enriched ocean 
(Rouxel et al., 2005). 
Magnetite and siderite are the dominant Fe bearing minerals in BIFs (e.g. Johnson 
et al., 2008b) and both display Fe (at least partly) in its ferrous state. Siderite 
precipitates as authigenic cements in anoxic environments and is a common early 
diagenetic phase. Johnson et al. (2008b) showed that in the 2.5 Ga Hamersley-
Transvaal BIFs, the mean 56Fe value for siderite is ~ -0.5 ‰, implying that it formed 
in isotopic equilibrium with seawater (Wiesli et al., 2004). By contrast, the isotopic 
compositions of siderite and magnetite are not consistent with the predicted 
equilibrium fractionation between siderite and magnetite (Johnson et al., 2005b). 
Johnson et al. (2008b) emphasised that BIF diagenesis requires a certain extent of 
Fe(III) reduction from Fe(III) precursors to Fe(II) bearing minerals. Because the 
earliest forms of microbial respiration involve sulphate (Shen et al., 2001) and Fe(III) 
(Vargas et al., 1998) reduction and DIR produces 56Fe depleted Fe(II)aq (e.g. Beard et 
al., 1999; Beard et al., 2003a), it was proposed that the large variability and negative 
excursions in 56Femagnetite recorded in the 2.5 Ga BIFs reflected intense DIR in the 
Archean (Johnson et al., 2008a,b). 
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1.3.5.2.2.2. Fe isotope signatures of ancient sedimentary sulphides 
Ancient sedimentary sulphides and black shales, in which pyrite is the dominant 
Fe bearing mineral, display 56Fe signatures significantly different to those recorded 
in modern sediments (Severmann et al., 2006). 56Fepyrite ranges from ~ +0.2 to -1 ‰ 
in the Phanerozoic and the Mesoproterozoic (Matthews et al., 2004; Rouxel et al., 
2005; Anbar and Rouxel, 2007). The late Paleoproterozoic (2.3 Ga to 1.7 Ga) is 
characterised by more positive 56Fepyrite and a range comprised between ~ +1.2 to -
0.5 ‰ (Yamaguchi et al., 2004, 2005; Rouxel et al., 2005). Early Paleoproterozoic 
and Archean sedimentary pyrites are characterised by the appearance of very negative 
56Fepyrite with a range comprised between ~ +0.5 to -3.5 ‰ (Rouxel et al., 2005; 
Archer and Vance, 2006; Czaja et al., 2010). Because the kinetic fractionation 
between Fe(II)aq and FeSm was the only published experimental data for iron sulphides 
(Butler et al., 2005), it has been generally assumed that abiotic pyrite formation 
should record a fractionation of a similar magnitude to those occurring during FeSm 
precipitation (Matthews et al., 2004; Rouxel et al., 2005; Yamaguchi et al., 2005; 
Archer and Vance, 2006; Severmann et al., 2006; Czaja et al., 2010; Nishizawa et al., 
2010). Thus, workers have focussed on determining which processes could contribute 
to the formation of a 56Fe depleted reservoir, from which pyrite could form. Similarly 
to the Fe isotope signatures of BIFs, it was suggested that DIR may be responsible for 
such a reservoir (Archer and Vance, 2006; Johnson et al., 2008a; Czaja et al., 2010; 
Nishizawa et al., 2010). In contrast, others proposed that pyrite formed from 56Fe 
depleted fluids produced by previous precipitation of enriched Fe oxy(hydr)oxides 
(e.g. Rouxel et al., 2005; Anbar and Rouxel, 2007). In the absence of measured or 
calculated fractionation factors for sedimentary pyrite formation, these divergent 
interpretations remain difficult or impossible to test. Theoretical computations predict 
56Fe enriched pyrite up to ~ +1 ‰ with 56FeFe(II)-pyrite varying from ~ -2.5 to -4.5 ‰ 
at 20°C (Polyakov et al., 2007; Blanchard et al., 2009). Such data indicate that 
sedimentary pyrite does not reflect isotope equilibrium. However, it does not explain 
what mechanisms are responsible for the measured isotope fractionations. 
 
1.4. Conclusions 
The field of transition metal geochemistry has expanded in the last decade, 
particularly in the case of Fe isotopes. This is because of the close relationship 
existing between Fe, life, and the global cycles of C, H and O. 
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Fe isotopes have been proven to be a powerful tool for tracing biogeochemical 
processes. Various biologically mediated and abiotic processes have been studied for 
their effects on Fe isotope fractionations. A prerequisite to succesfully interpret 
natural data is the knowledge of all potential mechanisms that are responsible for the 
measured fractionations. Although the Fe-O system has been quite thoroughly 
inspected, the lack of experimental data in the Fe-S system makes natural pyrite data a 
source of continuous debate. To my knowledge Fe isotopes have never been used to 
explore experimentally the iron-sulphur theory for the onset of life on Earth. The 
collection of experimental data on Fe isotope fractionations within the Fe-S system is 
meagre, since until 2010, the study on mackinawite precipitation (Butler et al., 2005) 
was the only Fe isotope published study on iron sulphides. However knowing the 
mechanisms that can fractionate Fe isotopes in the Fe-S system is necessary for a full 
understanding the Fe isotope cycle throughout the Earth’s history, and the potential 
tracing of prokaryotic life in the early Archean. 
In this project, the abiotic Fe isotope fractionations occurring during the 
diagenesis of pyrite have been assessed. Chapter II presents the experimental and 
analytical methods for the determination of Fe isotope fractionations in the Fe-S 
system. Chapter III details the recent development and improvement of analytical 
protocols for precise analysis of 56/54Fe and 57/54Fe isotope ratios. In chapter IV I 
report the mechanisms for isotopic exchange between nanoparticulate FeSm and 
Fe(II)aq during nanoparticle growth. The equilibrium Fe isotope fractionation is 
documented in chapter V. In chapter VI I present the first experimental data on the Fe 
isotope fractionation occurring during the formation of sedimentary pyrite. Finally, I 
report in chapter VII preliminary results for a new chemostat experimental set up. 
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Experimental and analytical methods for assessing Fe isotope 





















In the previous chapter it was emphasised that although the diagenetic Fe-S 
system has been quite deeply explored experimentally, the record of studies on the 
behaviour of Fe isotopes within this system is meagre, and most of the work focuses 
on the measurement of natural samples. Since Fe(II) is subject to oxidation, even at 
very small O2 concentrations, it is crucial to keep mineral assemblages or solutions 
anoxic. Mackinawite and greigite are pyrophoric; Fe(II)aq and pyrite’s surface are 
readily oxidised in oxic environments. In this chapter I describe the experimental 
protocols used to reproduce anoxic conditions, to handle these air sensitive materials 
and to prepare them for precise and accurate Fe isotope analysis. 
In order to determine experimentally isotope fractionations between two mineral 
phases, it is important to keep the experimental system as simple as possible, which 
minimises the observed fractionation due to experimental artefacts. As previously 
discussed, the competing mechanisms forming Fe-S mineral phases are pH dependent, 
mainly because S(-II)aq speciation itself changes as a function of pH. Together with 
keeping the system anoxic, another experimental challenge is thus to set the pH in 
order to ensure that the observed isotope fractionation can be linked to the dominant 
mechanism. Fortunately, the use of concentrated material reduces the need for 
buffering reagents that might influence or control the isotope fractionation. In certain 
experimental procedures, the use of a pH buffer was required, but particular care was 
taken not to use Fe(II) chelating buffers. 
 
2.2. Background on using equations for the Fe isotope system 
General equations used for traditional stable isotope systems must be used with 
caution in the Fe isotope system. This is due to the fact that unlike 18O with respect to 
16O, 57Fe and 54Fe are not trace isotopes with respect to 56Fe. As a result, even for a 
mass balance equation, the error will be significantly increased using usual isotopic 
ratios instead of the (mass of isotope)/(mass of element) ratios (Criss, 1999; Eq. 
1.14a-b-c). For most systems, this phenomenon is however hidden by the large 
experimental error, but when using highly enriched material (up to a few hundreds 
‰), the true equations must be used. 
For any system, the isotope ratio R of a mixture Mix is the sum of isotopes  of the 
element N brought by all the end-members j divided by the sum of isotopes  of the 
































  (2.1) 
In the case of Fe isotope ratios in a system with two components A and B, the 























  (2.2) 
where 56FeA is the number of 






54  is the 
sum of the 54Fe atoms brought by A and B. This equation is the true mixing equation 









































































= , where m(Fe)A is the mass of Fe in A and M(Fe)A 
is the molar mass of Fe in A, which is not necessarily the same as M(Fe)B in the case 
of enriched materials. 
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ϕ  (2.6)   
Eq. 2.6 permits to introduce the masses and isotopic composition of A and B in the 

































































































































































































=  (2.8) 
 
An alternative to Eq. 2.8 has been given by Criss (1999), where the mixing equation is 

























  (2.9) 
where MA and MB are the masses of the compounds A and B, CA  and CB are the mass 
concentrations of the bulk element in the compounds A and B, and R* is the ratio 
(m56Fe/mtotal Fe) in A, B and the mixture. 
 
2.3. Experimental methods 
2.3.1. Reactants and equipment 
All reagents and acids were of analytical grade and solutions were prepared using 
17-18 M cm deionised water, sparged with O2-free grade N2 for 30 min (Butler et 
al., 1994). Iron solutions were made by dissolution of Mohr’s salt 
Fe(NH4)2(SO4).6H2O (Sigma Aldrich™) in N2 sparged water. Mohr’s salt was used 
for its ability to resist oxidation. Sulphide solutions were made by dissolution of 
Na2S.9H2O (Sigma Aldrich™) in N2 sparged water. H2S(g) was produced by 
dissolution of Na2S.9H2O with 50% v/v N2 sparged H2SO4. 
Buffers were prepared by dissolution of their sodium salt and HCl or NaOH 
titration to the required pH. Phosphate (pKa2 = 7.21) has been used as a buffer in 
previous experimental studies for pyrite formation (e.g. Rickard, 1997; Butler et al., 
2004) but because it is strongly metal complexing we used the non-complexing 
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MOPS (3-N-morpholinopropanesulfonic acid, pKa = 7.31, Fisher™) “good buffer” 
(Kandegedara and Rorabacher, 1999) when Fe isotope experiments were carried out 
at the near neutral region.  
Hydroxylamine hydrochloride and potassium permanganate were used to reduce 
quantitatively Fe(III)aq or oxidise Fe(II)aq. When strongly reducing conditions were 
required, Ti(III) citrate was used to poise solutions to low Eh. Ti(III) citrate was 
prepared by adding 5 mL 15% TiCl3 to 50 mL 0.2 M Na citrate dihydrate and 
buffered with Na2CO3 to pH 7 (Zehnder and Wuhrmann, 1976; Rickard, 1997). Eh 
level was measured using a platinum electrode and a Ag/AgCl reference electrode by 
comparison with a standard Zobell’s solution (made of 1.4080 g potassium ferrocyanide, 
1.0975 g potassium ferricyanide 7.4557 g potassium chloride, up to 1 L). The precision on the 
measured potential was calculated from the difference between measured Eh and theoretical 
Eh and was ± 16.5 mV. 
Experiments and syntheses performed at the University of Edinburgh were carried 
out under oxygen-free N2 conditions in a N2-filled re-circulating Saffron alpha
® 
anoxic chamber or under flowing N2. Trace amounts of oxygen in the anoxic chamber 
were trapped in re-circulating catalysts by oxidation of CuCl granules. Catalysts were 
regenerated every 4 months by cool (ambient temperature) purging (30 min, 100 % 
N2, then 30 min, 20% H2 + 80% N2), followed by hot (125°C) purging (5 hours, 20% 
H2 + 80% N2). During the process, H2 reduces Cu oxides to form H2O. Oxygen levels 
in the anoxic chamber were maintained anaerobic and were monitored qualitatively 
with a microbiology anaero-test (Merck™). Experiments and syntheses performed at 
Cardiff University were carried out under oxygen-free N2 conditions (<1 ppmv O2) in 
an MBraun Labmaster 130® re-circulating anoxic chamber which are equipped with 
hot metallic Cu catalysts.  
Solid products were freeze-dried pending storage or solid phase analysis. Freeze-
drying was carried out using a N2-purged Mini-Lyotrap (LTE
®) freeze-dryer. Products 
were attached to the freeze-dryer for three days and stored in the anoxic chamber for 
later application. 
Reactions involving pressure or vacuum control and reaction with H2S(g) were 
carried out on a gas transfer manifold. Vacuum was provided by a BNF Laboport® 
pump. The manifold pipes were evacuated and purged with N2 three times before 
attaching the reaction vessel. Once the reaction vessel attached, the whole system was 
evacuated, N2 purged and maintained under vacuum. Pressure was adjusted with N2. 
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Continuous flow reactions were performed in a N2-circulating chemostat. Trace 
amounts of oxygen in the oxygen-free grade N2 supply were removed through a 
Supelco® gas carrier purifier. Reactants (i.e. Fe(II)aq and S(-II)aq) were continuously 
introduced into a sealed 2 L glass reaction vessel via Masterflex® peristaltic pump. 
The pH was measured, monitored and controlled with a Eutech Instruments pH 190® 
pH/ORP controller adjusting the reaction pH with deoxygenated 0.005 M HCl and 
NaOH. The volume was maintained at a constant level with a float control and excess 
solution was pumped out to a Pb(II) acetate containing waste. Pb(II) acetate ensured 
quantitative H2S precipitation as PbS. 
  
2.3.2. Experimental procedures 
2.3.2.1. Precipitation of FeSm 
FeSm was synthesised by mixing equimolar Fe(II)aq and S(-II)aq solutions in the 
anoxic chamber. For experiments involving in situ precipitation of FeSm, 10 mL 0.05 
M S(-II) solution were injected into 100 mL 0.05 M Fe(II) solution in order to 
precipitate 10 % of Fe as mackinawite (Butler et al., 2005). 90% of Fe remains 
dissolved in solution as calculated from the solubility data for mackinawite (Rickard, 
2006) in PHREEQC Interactive 2.15.0®. FeSm precipitate was filtered and rinsed on a 
Millipore™ filter (0.45 m Whatman™ paper). With this filter size, filtrates are clear 
and the filter does not clog, although FeSm is nanoparticulate. This is because FeSm 
nanoparticles quickly aggregate in aqueous solutions and the aggregates are therefore 
prevented to pass through the 0.45 m filter (e.g. Wolthers et al., 2003; Guilbaud, 
Butler, et al., 2010). 
For experiments involving FeSm as a reactant (e.g. for pyrite formation), larger 
amounts of FeSm were precipitated by mixing 100 mL 0.6 M S(-II) and Fe(II) 
solutions in the anoxic chamber (Rickard, 1997). The precipitate was first filtered on a 
Buchner filter (Fisherbrand™ paper) and the filtrate was filtered on a Millipore™ 
filter (0.45 m Whatman™ membrane). Precipitated FeSm was collected from the 
filters, re-suspended in water and re-filtered three times for the recovery of clean 
FeSm after filtration (Rickard et al., 2006). Clean FeSm was collected into a round-




2.3.2.2. Preparation of 56Fe enriched FeSm 
56FeSm was prepared at Cardiff University by mixing a source of 
56Fe enriched 
iron with Fe(NH4)2(SO4)2.6H2O. The 
56Fe metal, for which the enrichment is given by 
m(56Fe)/m(Fe) = 0.997, was supplied by CortecNet™. Relative amounts of both Fe 
sources were calculated using Eq. 2.8. 
An accurately weighed aliquot of 56Fe metal was dissolved in 40 mL hot 3 M HCl, 
evaporated to incipient dryness to remove the excess acid and the solution was made 
up to 100 mL. The pH of the solution was determined by an Orion Research EA920® 
pH meter and was 3 ± 0.1. After N2 sparging, the solution was introduced into an 
MBraun Labmaster 130® re-circulating anoxic chamber. In the glove-box, 56Fe 
solution was mixed with 20 mL 1.4 M hydroxylamine hydrochloride to reduce 
quantitatively Fe3+ to Fe2+. Quantitative reduction to Fe2+ is crucial to prevent 
formation of S(0) with addition of dissolved HS-. The 56Fe(II) solution was mixed 
with 250 mL 0.16 M Fe(II) solution made from the dissolution of 
Fe(NH4)2(SO4)2.6H2O (Sigma Aldrich
®) in N2 sparged water. Reduction efficiency 
was checked by quantifying the residual [Fe3+] in the solution using the thiocyanate 
method described in section 2.2.3.2. An aliquot of the solution was acidified with 2 
mL 2M HCl, reacted with 5 mL 4M thiocyanate and made up to 50 mL. The aliquot 
was analysed with a Perkin Elmer Lambda2® dual beam UV-Vis. Typical response 
was less than 0.2 ppm for [Fe3+] which represents ~ 0.005‰ of total [Fe].  
56FeSm was precipitated by mixing the bulk Fe solution with equimolar 
Na2S.9H2O following the procedure described above and stored in the glove-box. The 
56FeSm reservoirs produced in this way had isotopic compositions of ~308 ‰ and ~ 
2.6 ‰. Assuming that the instrumental error on the isotope ratios for both the spike 
and the natural material used for precipitation of 56FeSm was 2se56/54 = 0.0015 %, Eq. 
2.6 indicates that the instrumental error increases when the proportion of the spike 




Figure 2.1: Increase of the theoretical error (2se) on the ratio 56/54Fe of the mixture when the spike 
contribution increases. It was assumed that the error of the ratios of the spike component and the 
natural component is 0.0015 %. The theoretical error was propagated from Eq. 2.6. 
 
2.3.2.3. Pyrite formation using FeSm and H2S reactants  
The following protocol was conducted to produce pyrite via the H2S pathway (Eq. 
1.8, chapter I). In order to do so, S(-II)aq speciation must be dominated by H2S, and 
the pH must be maintained above 5 to avoid marcasite formation. In the glove box, 
0.005 mol of freeze-dried FeSm was introduced into a reaction-vessel and 10 mL of a 
0.05 M MOPS or phosphate buffer (pH 6) were added. The reaction-vessel was either 
a heat sealed glass ampoule (Rickard, 1997; Butler and Rickard, 2000; Butler et al., 
2004 in the case of the “Py” experiments) or a rubber sealed serum bottle (Drobner et 
al., 1990; Butler and Rickard, 2000 in the case of the “SB” experiments). Sealed 
reaction-vessels were closed and attached to a gas-transfer manifold (Rickard, 1997). 
The manifold was flushed with O2-free grade N2 and pumped down to ~ -14 PSI (~ -
97 kPa, full vacuum) three times. A serum bottle containing a weighed amount of 
Na2S.9H2O was attached to the manifold with a hypodermic needle and 50% v/v N2 
sparged H2SO4 was injected into the serum bottle via a syringe to generate H2S (Fig. 
2.2). After H2S transfer into the reaction-vessel, the pressure was adjusted to slight 
under-pressure (~ -2.5 PSI or – 17 kPa) to ensure the sealing of the vessel. Excess H2S 
was pumped out to waste. The sealed reaction-vessel was kept at constant temperature 
in a 100°C furnace or in a 40°C water bath. Vessels were allowed different durations 




Figure 2.2: Scheme of the gas transfer manifold. H2SO4 is injected into the serum bottle containing the 
S(-II) salt, producing H2S. H2S is transferred into the reaction vessel and dissolves into the buffered 
solution.  
 
At pH 6 and for the [S(-II)] used, the equilibrium solubility of FeSm is dominated 
by FeS0aq, at concentrations about two orders of magnitude higher than Fe
2+
aq 
(Rickard, 2006). Subsequent pyrite forming reaction is thus described by Eq. 1.8 
(Chapter I). 
 
2.3.2.4. Pyrite crystal growth from continuous flow chemostatic reaction 
The following protocol was conducted to form pyrite via the same mechanism as 
described in section 2.2.2.3 (H2S pathway, Eq. 1.8 in chapter I) with the difference 
that the FeSm reactant is continually introduced into the system. Two pyrite seeds 
were encapsulated in an epoxy resin, allowing one pyrite surface to be in contact with 
the media. The pyrite surface was cleaned with 0.01 M HCl, rinsed with deionised 
water and freeze-dried to prevent from oxidation. Pyrite seeds were introduced into 
the N2 sparging 0.2 M NaCl media and the chemostat reaction vessel was sealed (Fig. 
2.3). All reagent solutions (i.e. 2 L 0.5 x 10-3 M Fe(II)aq and 2 L 10
-3 M S(-II)aq), and 
the pH adjusting solutions (i.e. 0.005 M HCl and 0.005 M NaOH) were prepared in 
0.2 M NaCl. The liquid capacity of the chemostatic reaction vessel was set from the 
float high at 1.4 L. 
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Figure 2.3: Scheme of the continuous flow chemostat. All reagents and the reaction vessel are sparged 
with oxygen free N2. The rate of Fe(II) and S(-II) flows is 0.4 mL min
-1. The reaction pH is kept 
constant by controlled adjustment with H+ or OH-. 
 
The pH of the Fe(II)aq solution was ~ 4, and at this pH the dominant Fe bearing 
species is the hexaqua Fe[H2O]6
2+ (normally referred as Fe2+). Up to ~ 12% of the 
total dissolved Fe(II) was constituted by the weak outer-sphere SO4
2- ligand complex, 
Fe[H2O]6SO4
0
aq (calculated in Visual MINTEQ 3.0
®). In the alkaline sulphide 
solution, S(-II) speciation is dominated by HS- (Fig. 1.5 in chapter I). Reagent 
solutions were pumped into the reaction vessel at a rate of 0.4 mL min-1. The pH of 
the reaction was set at pH 7.00 ± 0.05. Fig. 2.4 shows that the reaction pH was 
constant through time. 
 
Figure 2.4: Monitoring of the pH in the reaction vessel for a 42 hours period. The pH controller was set 
at pH 7.00 ± 0.05. The HCl solution (0.01 M) was pumped into the reaction vessel when the pH > 7.05. 
Similarly, the NaOH solution (0.01 M) was pumped into the reaction vessel when the pH < 6.95.  
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At pH 7, the first Fe-S phase to form is FeS0aq at very low Fe
2+ and HS- 
concentrations. As pK1(H2S) is 6.98 (Suleimenov and Seward, 1997), logK2,sp(FeSm) 
for reaction 10 is ~ -3.5. Under neutral to alkaline conditions, the equilibrium 
solubility of FeSm is dominated by FeS
0
aq, with logK0(FeSm) = -5.7 (Rickard, 2006). 
This means that at pH 7, when mixing Fe2+aq and HS
- at low concentrations, FeS0aq 
forms when log{Fe2+} + log{HS-} + pH 	 2.2. When log{FeS0aq} 	 -5.7, mackinawite 
starts precipitating from solution. At pH 7 and for [S(-II)] = 10-3 M, equilibrium 
solubility of FeSm is dominated by FeS
0
aq (Rickard, 2006). Experimental duration was 
seven days. The solution was sampled with a 50 mL syringe, filtered under flushing 
O2-free grade N2, freeze-dried and stored in the glove-box for pending analysis. Pyrite 
seeds were rinsed with deionised water, freeze-dried and stored in the glove-box for 
pending analysis. 
 
2.3.2.5. Fe-S species separation by stepwise dissolution 
Two techniques were experimented for the separation of the solid and liquid 
products: i) vacuum filtration under flushing N2, which separates the solids (pyrite + 
FeSm aggregates) from species in the filtrate (Fe
2+ + FeS0aq); and ii) freeze-drying, 
which removes H2O from the system. 
 
2.3.2.5.1. Filtration-based separation of solid and liquid products 
Solid phases were separated from aqueous phases by filtration on a 0.45 m 
membrane Millipore™ filter and washed under flushing N2. For the experiments 
performed with a phosphate buffer, the filtration process was fast and the filtrate was 
clear. However phosphate being metal complexing, the use of MOPS was preferred 
for Fe isotope studies. Interestingly, the filtration of experiments performed with 
MOPS lasted several hours and filtrate solutions were black-coloured, indicating that 
the 0.45 m filter did not sufficiently prevent FeSm nanoparticles to pass through. The 
use of 0.2 m and 0.02 m membranes did not improve the filtration process. As 
explained above, because FeSm nanoparticles tend to aggregate quickly in aqueous 
solution, the use of 0.45 m filters is usually sufficient to filter FeSm after 
precipitation. We suspect that the use of the phosphate buffer further accentuates the 
formation of FeSm aggregates. By contrast, it is possible that the non-complexing 
MOPS buffer prevents FeSm aggregation, causing substantial amounts of FeSm to pass 
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through the filter before the filter clogs off. The pH of the filtrates varied from 5.5 to 
6.5. Nanoparticulate FeSm present in the filtrate was dissolved with concentrated HCl 
on a hot plate, and evaporated to dryness for later removal of the organic buffer. 
Filtered solid products were freeze-dried for further XRD and SEM analysis and acid 
sequential separation of pyrite and FeSm. Isotope analysis of the experiments 
processed through this procedure revealed that isotopic mass-balance was not 
reached. We suppose that the separation process itself, subjected to long durations and 
potential oxidation, is the source of non-matching isotopic mass-balance. We 
therefore developed another separation protocol to avoid potential oxidation. 
 
2.3.2.5.2. Freeze-drying-based separation of solid and liquid products 
The long duration of the filtration and the production of black filtrates when 
MOPS was used was not ideal because i) it was more difficult to collect Fe 
quantitatively from the filtrate and ii) the iron sulphides were exposed to larger risk of 
oxidation. The alternative to filtration was H2O removal by freeze-drying. 
The reaction vessel was first frozen to stop the reaction. Once frozen, the reaction 
vessel was opened under a fume cupboard and excess H2S was flushed to waste using 
N2. The reaction vessel was then attached to the freeze-dryer manifold. A portion of 
the solids (i.e. pyrite + FeSm + various salts brought from MOPS) was kept for further 
XRD and SEM analysis and another portion was taken for acid sequential separation 
of pyrite and mackinawite. 
 
2.3.2.5.3. Sequential separation of pyrite and mackinawite 
Separation between pyrite, mackinawite and MOPS salts was completed using 
modified preferential dissolution from existing protocols (e.g. Huerta-Diaz and 
Morse, 1990; Severmann et al., 2006). In the glove-box, 0.1 g of the solids was 
introduced into a serum bottle along with 2 mL H2O and a few drops of Ti(III) citrate, 
and the serum bottle was rubber sealed. Ti(III) citrate ensures the complete 
dissolution of MOPS salts and FeSm in HCl, avoiding the formation of insoluble S(0) 
by poising Eh to low negative values (Rickard et al., 2006). Rickard et al. (2006) 
performed FeSm digestion in hot 1.2 M or 6 M HCl and 5 mL Ti(III) citrate. Our aim 
was to maximise quantitative FeSm dissolution with minimum Fe input from Ti(III) 
citrate and from FeS2 partial dissolution. Best results were obtained by adding a few 
drops of Ti(III) citrate to FeSm in 1.2 M HCl. This volume decreases the input of Fe 
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from Ti(III) citrate to < 0.7 % of Fe brought by FeSm when FeSm constitutes 5 % of 
total Fe. In other words, even for the lowest FeSm concentrations, FeTi(III)citrate is still 
negligible compared to FeFeSm, and will have no impact on the measured isotopic 
compositions. Under a fume cupboard, 20 mL 1.2 M purged HCl were injected into 
the serum bottle via a hypodermic syringe in order to dissolve FeSm and the MOPS-
salts only. Remaining solids, essentially pyrite, were separated from solution on a 
0.45 m membrane Millipore™ filter and dissolved with a few drops of concentrated 
HNO3. The risk of Fepyrite contamination during FeSm dissolution with HCl was 
examined. This risk is enhanced when the ratio FeSm/FeS2 decreases. We used cold 
1.2 M HCl rather than 6 M HCl in order to reduce FeS2 dissolution and measured a 
maximum of 0.2 % dissolution from the initial FeS2 phase in the blank. This means 
that when the FeSm/FeS2 ratio is the lowest, potential pollution of Fepyrite into FeFeSm 
represents at maximum 0.027 % of FeFeSm. Fig. 2.5 shows the theoretical Fe isotope 
composition of pyrite necessary to decrease by 0.1 ‰ the composition of observed 
FeSm. The figure suggests that contamination bias may become a problem when > 95 
% pyritisation has occurred (i.e. when < 5 % FeSm remains in the system, shaded 
area). As none of our data correspond to this high %Py region, we conclude that our 




Figure 2.5: Theoretical 56Fepyrite values necessary to shift by – 0.1 ‰ the composition of the Fe(II) 
reservoir during the dissolution of 0.2 % pyrite. The shaded area represents the region where 56Fepyrite 




Figure 2.6: Comparison of an ESI-MS m/z scan for a MOPS solution before and after H2O2 treatment. 
The MOPS peak has disappeared after H2O2 removal of organic C. Other peaks are from the blank 
solution. 
 
Both Fepyrite and FeFeS solutions were taken to dryness. Quantitative removal of 
organic carbon left by MOPS is essential to prevent the introduction of carbon into the 
mass spectrometer. The process was performed by C oxidation, and tested with both 
aqua regia and hydrogen peroxide (VWR™) as C oxidising reactants. 5 to 10 mL of 
the reactant were added to the solid residue and warmed up to 85°C and dried. The 
procedure was repeated several times. The final residue was dissolved in concentrated 
HCl and taken up to volume. 5 L of the solutions were diluted four times in 
methanol for Electron Spray Ionisation Mass Spectrometry (ESI-MS). Results show 
that MOPS is still present in the solution oxidised with aqua regia whereas MOPS is 
not detectable in the solution oxidised with hydrogen peroxide (Fig. 2.6). NMR 
analysis showed the persistence of organic molecules in both solutions, but peaks 
were broad and difficult to analyse, perhaps indicating sulphur and nitrogen 
containing molecules. Total Organic Carbon (TOC) analyses showed that 99 % of 
carbon had been removed from the solution oxidised with hydrogen peroxide. Thus, 
we used the procedure involving hydrogen peroxide to eliminate most of the organic 
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carbon introduced with MOPS. Final solutions were Fe(III)FeS and Fe(III)pyrite in 5 % 
HNO3. 
Fig. 2.7 summarises the experimental protocols for the separation and extraction 
of FeSm-Fe and FeS2-Fe. 
 
Figure 2.7: Procedure for chemical separation of pyrite from its Fe(II) reservoir (initially FeSm). 
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2.4. Analytical methods 
2.4.1. Analysis of solid products 
2.4.1.1. X-ray diffraction analysis (XRD) 
XRD analysis was performed to characterise solid materials synthesised as 
reactants or during a reaction. Essentially, it was used to i) detect the presence of any 
Fe(III) phase such as goethite or elemental sulphur that would indicate a certain extent 
of oxidation in our experiments; ii) track changes in crystallinity and the average size 
of mackinawite nanoparticles; and iii) determine the extent of pyrite (%Py) formed 
during a reaction, i.e. the degree of pyritisation. 
The major challenge with XRD analysis was to keep the samples under N2 in 
order to minimise or eliminate possible oxidation of the oxygen-sensitive Fe-S 
minerals. Powder samples were loaded onto a cavity in a metal (Al) holder and 
encapsulated in N2 atmosphere to remain anoxic. Three designs of covers for anoxic 
XRD analysis were built and tested (Fig. 2.8). 
The first design uses a flat acetate sheet as an oxygen-protective membrane. 
Acetate has been used successfully in other laboratories and seems to have a low 
diffusion rate. However, our design did not minimise the acetate thickness to be 
passed by the X-rays and did not favour transmission of low angle rays (Fig. 2.8.A). 
The second design uses an arch-shaped acetate membrane in order to get better signal 
at low angle. This design permitted us to obtain an adequate spectrum but did not 
correct for particle orientation since no rotation could be apply during the analysis 
(Fig. 2.8.B). The third design uses a dome-shaped polystyrene sheet. Polystyrene 
increased the signal intensity in respect with acetate, and the dome shape allowed us 
to perform rotating analysis (Fig. 2.8.C). 
The presence of oxidising phases was checked analysing mackinawite powder 
over a 48 h period. Freeze-dried mackinawite was prepared as described above. About 
0.1 g of the sample was loaded onto the metal support in the glove-box. The 
environmental holder containing the sample was loaded on a Bruker D8 Advance 
Diffractometer. XRD analysis was performed using CuK primary radiation 
generated at an accelerating voltage of 40KV in the range of 2-65° 2
 with a 1s/0.02° 
2
 counting time. The diffracted X-rays were recorded by a Sol-x™ energy dispersive 
detector. Data were filtered to remove CuKII peaks. Results did not show any 
evidence of oxidation (e.g. S(0), goethite, greigite), indicating that we could analyse 
material immediately after experiments with confidence. 
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Figure 2.8: Three designs for the environmental sample holder. B and C show very similar results with 
little attenuation, contrary to A. The rotating design C was adopted routinely to eliminate the 
uncertainty due to sample surface’s irregularity.  
 
We used the Scherrer equation (Eq. 2.9) on the 16° 2
 peak to determine the 
average diameter of the crystalline size: 
1)cos( −= θβλKL   (2.9) 
where L is the size of the domain, K is 0.91 (Brindley, 1980),  is the wavelength of 
the X-ray (0.154 nm for CuK),  is the full with of the peak at half maximum 
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(FWHM, in radian) and 
 is the angle of the peak. The Scherrer equation has been 
previously used to determine average domain size on FeSm (Wolthers et al., 2003; 
Jeong et al., 2008) and on ZnS nanoparticles (Huang et al., 2003). In these previous 
studies, crystal sizes given by the Scherrer equation were checked and confirmed by 
high-resolution transmission electron microscopy (for review and discussion, see 
Rickard and Luther, 2007, p 534). Precision on L was determined by measuring ten 
times the same sample, and was ± 0.7 nm (2). Fig. 2.9 shows the increase in 
mackinawite peak height with when ageing in aqueous solution, enabling the 
calculation of particle growth with the Scherrer equation. 
  
 
Figure 2.9: XRD scans of mackinawite after ageing times in aqueous solution of 30 min (1), 300 min 
(2), 3000 min (3) and 30000 min (4). During particle growth, mackinawite peaks get higher and higher 
and less and less broad. 
 
We tested the potential determination of the pyrite percentage (%Py) from the 
high peak area (around 16° 2
 for mackinawite, and around 32° 2
 for pyrite) with 
standard mackinawite-pyrite mixtures. Freeze-dried mackinawite was prepared as 
described above. Natural pyrite was ground with a McCrone® mill for 12 min down to 
a mean diameter of 4 m (analysed on a Beckman Coulter LS® particle size analyser), 
which is similar to the size of synthetic pyrite cubes documented by previous studies 
(e.g. Rickard, 1997; Butler and Rickard, 2000). Typical mixtures were 0, 20, 30, 50, 
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60, 70, 80, 85 and 100 wt%Py. About 0.1 g of the sample was loaded onto a metal 
support sample holder. The environmental holder containing the sample was loaded 
on a Bruker D8 Advance® Diffractometer. XRD analysis was performed using CuK 
primary radiation generated at an accelerating voltage of 40KV in the range of 2-65° 
2
 with a 1s/0.02° 2
 counting time. The diffracted X-rays were recorded by a Sol-
x™ energy dispersive detector. Data were filtered to remove CuKII peaks. Peak 
areas for mackinawite and pyrite correspond linearly to the weighted %Py from the 
standard mixtures (Fig. 2.10). Precision on %Py calculated from the peak areas is 
given by the calibration mixture replicates and is ± 7 % (2 level). Measuring the 
peak areas for mackinawite and pyrite in our samples thus allowed us to determine a 
degree of pyritisation. The amorphous carbon-salts introduced by MOPS did not show 
any peak on the XRD spectra and did not perturb the standard response. 
  
 
Figure 2.10: A: Calibration curve for %Py determination from XRD peaks. B: XRD scans for various 
pyrite formation reaction: initial mackinawite (1); 5 hours reaction (2); 2 days reaction (3) and 7 days 
reaction (4). 
 
2.4.1.2. Scanning electron microscopy (SEM) 
Sample imaging, mineral products determination and texture description were 
performed via backscatter detector on a Philips XL30CP® Scanning Electron 
Microscope (SEM) at 20 kV. Qualitative chemical analysis on the material surface 
was carried out with PGT® Spirit X-ray analysis as a mineral check. 
Fig. 2.11 shows typical SEM images of pyrite micro-cubes forming in a FeSm 





Figure 2.11: SEM imaging of the sample after 1 day reaction (A) and 1 week reaction (B). A shows 
typical partially reacted agglomerated FeSm. B shows neoformed pyrite microcubes in a FeSm matrix. 
Qualitative chemical spot analysis at the surface of mackinawite (C) and pyrite (D). 
 
2.4.2. Analysis of liquid samples 
2.4.2.1. Spectrophotometric determinations of [Fe(III)] and [Fe(II)] 
Total Fe concentrations were determined using a M501 single beam UV-vis 
spectrophotometer (Spectronic Analytical Instruments®). The thiocyanate method 
(Vogel, 1951) was used for the determination of Fe(III) and the phenanthroline 
method for the determination of Fe(II) (Vogel, 1951). Both methods permit 
determination of Fe concentration by comparison with a calibration curve. 
The thiocyanate method was used when solutions were acidified with HNO3 
conditions. Potassium thiocyanate (colourless) reacts with Fe3+ (colourless at low 
concentrations) to form a deep red [Fe(CNS)]2+ complex. Fe solutions were acidified 
with 2 mL 1:5 HNO3, quantitatively oxidised with a few drops of 0.2 M potassium 
permanganate, reacted with 5 mL 4 M potassium thiocyanate and made up to 50 mL. 
[Fe(III)] analysis was performed at 480 m. The Beer-Lambert’s law is followed for a 
0 to 5 ppm [Fe] range with a precision 2 ± 0.1 ppm. The presence of large amounts 
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of HCl makes the method inappropriate since HCl gets oxidised by potassium 
permanganate. 
The phenanthroline method was used when HCl was present in too large 
quantities or when reducing agents such as Ti(III) citrate prevented oxidation by 
potassium permanganate. The method involves the pH dependent reduction of Fe(III) 
into Fe(II) by hydroxylamine hydrochloride and thus requires the use of buffer. 
Phenanthroline (colourless) reacts with Fe2+ (colourless) to form an orange 
[Fe(Phen)3]
2+ complex. Fe solutions were buffered at pH 4.5 with 4 mL 2 M acetate 
and quantitatively reduced with 1 mL 1.4 M hydroxylamine-hydrochloride. 4 mL of 
0.25% 1,10-phenanthroline were added and the solutions were made up to 50 mL. 
[Fe(II)] analysis was performed after 10 min ageing at 510 m. The Beer-Lambert’s 
law is followed for a 0 to 8 ppm [Fe] range with a precision 2 = ± 0.06 ppm. Fig. 
2.12 shows the calibration curves for both the thiocyanate and the phenanthroline 
methods, and an example of the colourations using the thiocyanate method.  
 
 
Figure 2.12: Comparison of the calibration curves obtained using the thiocyanate method and the 
phenanthroline method. The picture illustrates the increase in colour intensity of the [Fe(CNS)]2+ 
complex when Fe(III) concentration increases. 
 
2.4.2.2. The analysis of Fe isotope ratios 
Fe isotope analysis was carried out on the GV Instruments® IsoProbe-P MC-ICP-
MS at the Scottish Universities Environment Research Centre (SUERC). The detailed 
description of the developed protocols for the analysis of Fe isotope ratios is the 
subject of the next chapter. We here give an overview on the IsoProbe MC-ICP-MS 
and we focus upon the parameters that influence the intensity of the ion beam, the 
stability of the instrumental mass bias, and the associated errors for the final ratio. 
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2.4.2.2.1. Overview on the IsoProbe MC-ICP-MS 
MC-ICP-MS has become the instrument of choice for Fe isotopes and more 
generally for most stable metal isotopes because of the high ionisation efficiency of 
the Ar plasma and the rapid sample throughput. Fig. 2.13 is a schematic 
representation of the IsoProbe MC-ICP-MS. Most commonly, metal samples are 
introduced by aspiration of a liquid (we use an uptake rate of ~ 50 L min-1) into an 
inlet system which permits the formation of a fine particle aerosol (Fig. 2.13 (1)). The 
ApexQ (Elemental Scientific™) inlet system used is comprised of a desolvating PFA 
(perfluoroalkoxy) microflow nebuliser (gas flow~ 0.1 mL min-1) that accommodates 
very low uptake flows and produces the aerosol by pneumatic action of the gas flow 
that breaks down the liquid into droplets. Desolvating nebulisers can be operated with 
Ar and N2 gases. The use of N2 gas is usually avoided for Fe isotope analysis in order 
to minimise the formation of ArN+ in the plasma chamber (e.g. Dauphas et al., 2004). 
The second part of the ApexQ system is a cyclonic spray chamber that is particle size 
selective and ensures that largest aerosol particles (> 10 m in diameter) coalesce as 
droplets and are pumped away. The size of the aerosol particles is crucial as particles 
that are too large are poorly ionised in the plasma chamber. 
 
Figure 2.13: Simplified scheme of the IsoProbe MC-ICP-MS with the ApexQ inlet system comprised 
of a PFA nebuliser and a cyclonic spray chamber (1); the torch and the interface region (2); the 
hexapole collision cell and the ion optics (3) and the mass analyser and the faraday collectors (4). 
 
The aerosol is then introduced into the plasma via a quartz Fessel type torch (Fig. 
2.13 (2); detailed instrumentations are shown in e.g. Turner and Montaser, 1998), at a 
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~ 0.8 L min-1. The sample carrier flow is surrounded by two other Ar gas flows: the 
intermediate flow (~ 1.3 L min-1) and the cooling flow (~ 13 L min-1). A radio 
frequency (RF) connected copper coil surrounds the end of the torch, creating an 
electromagnetic field. When the Ar gas flows, a high voltage spark causes the 
liberation of electrons from their Ar atoms. These electrons are accelerated in the 
induced magnetic field and collide with other Ar atoms to liberate other electrons, 
forming a chain collision induced ionisation of the Ar gas, and therefore, creating an 
Ar plasma. The temperature is variable from ~ 6000°K to ~ 10000°K within the 
different plasma regions. When the sample is introduced into the plasma, sample 
droplets are first desolved into solids, which are themselves vaporised into a gas. The 
gas is atomised and then ionised by the plasma ionisation potential (Fig. 2.14). Ar has 
an ionisation energy of 15.76 eV, and thus the Ar plasma is able to ionise elements 
with a lower ionisation energy at a temperature of ~8000°K. Interestingly, 15.76 eV 
corresponds to an energy comprised between the first and the second ionisation 
energies of most elements. As an example, Fe has a first ionisation energy of 7.93 eV 
and a second ionisation energy of 16.24 eV. As a result, sample ions are efficiently 
ionised as single charged ions, and all elements with a first ionisation energy < 8 eV 
are quantitatively ionised (>90 %, Jarvis et al., 1992). As mentioned in the previous 
chapter, the plasma is also the source of isobaric interferences forming from the 




Figure 2.14: Variable temperature regions in the Ar plasma and the conversion of the aerosol sample 
droplets into singly charged metal ions. 
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The ion beam is introduced into the mass spectrometer via the interface region 
(Fig. 2.13 (3)), which consists in two Ni disks, the sampler cone and the skimmer 
cone. The interface region permits the transition from atmospheric pressure in the 
plasma (~ 760 Torr) to a high vacuum (~ 10-6 Torr) necessary for efficient focussing 
of the ion beam in the mass spectrometer. Argon neutrals being the dominant species 
in the plasma, the ions travel at the same velocity and their kinetic energy is 
controlled by their m/z ratio. A result of the differences in kinetic energies, the beam 
axis tends to concentrate heavier elements and isotopes whereas the outer beam 
assembles lighter ones. When the ion beam passes through the sampler cone, the 
pressure drops from atmospheric values to ~ 1-2 Torr, allowing the ion beam to 
expand, and the beam is sampled without change in composition (Douglas and 
Tanner, 1998; see also Albarede and Beard, 2004). By contrast, when the beam passes 
through the skimmer cone, the pressure drops to 10-6 Torr, electrons, neutrons and 
photons are diffused away from the ion beam and elements or isotopes with lower 
kinetic energy are more strongly repulsed than heavier isotopes. It is this so-called 
space charge effect which is thought to have a preponderant role in the instrumental 
mass bias (e.g. Douglas and Tanner, 1998; Marechal et al., 1999; Fraser and 
Beauchemin, 2000; Becker, 2002). It results in a better transmission of the heavier 
isotopes with respect to lighter ones which is consistent with the general trend of ICP-
MS to discriminate isotopes such as the ratio RLight/Heavy(measured) < RLight/Heavy(true). By 
contrast, the mass fractionation observed using thermal ionisation mass spectrometers 
(TIMS) depends on the amount of sample consumed, and TIMS usually starts 
favouring the transmission of lighter isotopes with respect to heavy isotopes. Both 
negative and positive voltages can be applied to the cones in order to accelerate the 
ion beam. The relative effects of these two modes, called hard and soft extraction 
modes, are explored in the next chapter. 
The plasma ion energy spread is ~ 30 eV, which is too large to be efficiently 
focussed by a single magnetic sector. Some mass spectrometers, such as the Neptune 
(Thermo Scientific®) MC-ICP-MS use a double focusing geometry to enable such 
high energy spread to be analysed. The IsoProbe MC-ICP-MS incorporates a 
collision/reaction cell hexapole between the skimmer cone and the ion optics, which 
reduces the ion energy spread to ~ 1 eV. There is another advantage in using the 
hexapole collision cell technology, particularly in the case of Fe isotope analysis. In 
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the previous chapter we documented the different approaches used with various 
facilities to reduce, eliminate, or resolve the isobaric polyatomic interferences 
produced in the Ar plasma. The IsoProbe has a mass resolution of ~ 500 m/m and 
therefore cannot resolve Fe isotope peaks from those induced by these interferences. 
The introduction of collision gases into the hexapole induces a series of ion-molecule 
reactions leading to the decrease of argides, oxides and hydrides in the ion beam (e.g. 
Beard et al., 2003; Rouxel et al., 2003; Vogl et al., 2003; Dauphas et al., 2004; 
Arnold et al., 2008). The introduction of inert gases such as Ar into the hexapole 
reduces the energy spread of the incoming beam to ~ 1 eV. The introduction of H2 
permits the neutralisation of the interference by charge transfer from ArO+ or ArOH+ 
to H2 forming Ar and H2O
+ or H3O
+, as described by Eq. 2.10: 
++ +→+ OHArHArOH 32   (2.10) 
Unlike the interference, the analyte (single charged Fe ions) does not react with H2 
and is transmitted to the mass analyser. Arnold et al. (2008) explored the stability of 
argide interferences with varying Ar and H2 rates and documented the collision 
reactions between H2 and polyatomic interferences in the hexapole. We detail our 
own protocols in the next chapter. The ion optics are comprised of a stack of lenses 
that further direct the ion beam maximising the transmission of analyte ions to the 
mass separation device and minimising the transmission of matrix ions. The ion beam 
is accelerated through a potential and the lens geometry permits the transmission of 
positively charged ion whereas electrons, neutrons and photons are prevented to enter 
the mass separating device. 
The magnet (Fig. 2.13 (4)) resolves the ion beam into different masses and a series 
of collectors aligned with the beam (Faraday cups) are impacted by incoming ions. 
The current caused by this impact is amplified through a large resistance (1011 ) and 
measured for each cup simultaneously. 
 
2.4.2.2.2. Instrumental mass discrimination and its implications on the internal 
precision 
The instrumental mass discrimination, or mass bias, varies in MC-ICP-MS 
roughly as a function of 1/mass, and can thus be up to a few percent per a.m.u for 
light elements (e.g. Becker, 2002).  It is larger than the mass bias observed with 
TIMS. However, the mass bias fluctuations over time (Fig. 2.15.A) are smooth, 
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enabling temporal extrapolation for the standard-bracketing mass bias correction (e.g. 
Dauphas and Rouxel, 2006; Fig. 2.15.B). As explained above, the 56Fe nomenclature 
is a practical way to avoid corrections for accuracy, and the precision alone is crucial 
for analysing Fe isotope ratios. 
 
 
Figure 2.15: The smooth time fluctuations of the mass bias illustrated by the measurement of the 
















equation requires the time extrapolation of a 56Fe/54Fe value for IRMM-14 (B). 
 
In this study, data collection consists in 20 blocks of 5 x 1 s integration followed 
by 4 min rinse in a 5 % HNO3 + 2 % HF solution. Blank correction is performed by 
on-peak-zero (OPZ) measurement of a 5 % HNO3 solution prior to each Fe solution. 
For masses < 60 a.m.u, tail intensities are less than 3 ppm and OPZ correction alone is 
sufficient (Thirlwall, 2001). The measured ratio R of one sample is given by the mean 




















   (2.12) 
As explored in Guilbaud, Ellam, et al. (2010) and the next chapter, we observed that 
the mass bias is enhanced when using the soft extraction mode with respect to the 
hard extraction mode. Fig. 2.16 compares the internal errors for a single measured 




Figure 2.16: Comparison of the variations in 56Fe/54Fe during the 10 min of the sample’s measurement. 
Mass bias effects seam less important using the hard extraction mode than using the soft extraction 
mode. 
 
The internal error is a combination between the error on the measurement or ions 
(Shot noise), the noise produced by the Faraday amplifiers (Johnson noise) and the 
noise produced by the cosmic rays (Dark noise). The Dark noise being insignificant, 
Ludwig (1986) showed that the internal error depends on the Shot noise and the 
Johnson noise. Fig. 2.17 shows that the Johnson noise dominates the contributions to 
the internal error for intensities larger than 0.1 V. The figure also illustrates that the 
higher the signal, the lower the internal error. 
 
 
Figure 2.17: The theoretical relationship between the measurement intensity (voltage) and the internal 
error 2se, calculated from the Shot noise and Johnson noise equations (Ludwig, 1986; see also Eq. 3.3 
in the next chapter).  
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2.4.2.2.3. External reproducibility and overall precision 
Because the internal error does not account for the long term fluctuations such as 
the ionisation efficiency, matrix effects, and mass bias instability, the precision of a 
set of measurements is usually given by the reproducibility of an external standard 
measured at least twelve times in an analytical set. Fig. 2.18 represents the 
measurement of the Baker™ Fe standard measured over three years, with its 
reproducibility. For such long term measurement, the precision (± 0.08 ‰) is reduced 
by an increasing number of measures. However, although this precision reflects the 
expected precision for a set of samples, it does not necessarily represent the actual 
precision of the run. In the following chapters, we thus preferred to use the precision 




Figure 2.18: Analysis of the Baker™ Fe standard from October 2008 to April 2010. The mean value 
for 56Festandard is -0.24 ‰ ± 0.08 ‰ (2). This precision is, however, not necessarily representative of 
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We have developed a procedure for iron isotope analysis using a hexapole collision cell MC-ICP-MS 
which is capable of Fe isotope ratio analysis using two different extraction modes. Matrix effects were 
minimised and the signal-to-background ratio was maximised using high-concentration samples (~ 5g 
Fe) and introducing 1.8 mL/min Ar and 2 mL/min H2 into the collision cell to decrease polyatomic 
interferences. The use of large intensity on the faraday cups considerably decreases the internal error of 
the ratios and ultimately, improves the external precision of a run. Standard bracketing correction for 
mass bias was possible when using hard extraction. Mass bias in soft extraction mode seems to show 
temporal instability that makes the standard bracketing inappropriate. The hexapole rf amplitude was 
decreased to 50 % to further decrease polyatomic interferences and promote the transmission of iron 
range masses. We routinely measure Fe isotopes with a precision of ± 0.05 ‰ and ± 0.12 ‰ (2) for 
56Fe and 57Fe respectively. 
 




The field of transition metal geochemistry has seen increasing development 
throughout the last twenty years and particularly since the introduction of multi-
collector inductively coupled mass spectrometry MC-ICP-MS (Walder and 
Freedman, 1992; Walder et al., 1993; Halliday et al., 1998). Iron is the ninth most 
abundant element in the universe (Anders and Grevesse, 1989) with four stable 
isotopes: 54Fe (5.845 %), 56Fe (91.754 %), 57Fe (2.1191 %) and 58Fe (0.2819 %) 
(Taylor et al., 1992). The first attempts to measure Fe isotopic ratios began 60 years 
ago (Valley and Anderson, 1947). Thermal ionisation mass spectrometry, TIMS, has 
been applied to iron since the 1980s (Gotz and Heumann, 1988; Walczyk, 1997; 
Bullen and McMahon, 1998) with a precision down to ± 0.6 ‰ (2) (Beard and 
Johnson, 1999; Johnson and Beard, 1999). However, TIMS was challenging because 
of the large spectrometer mass discrimination (mass fractionation) and the low 
ionisation efficiency for Fe analysis (the first ionisation potential is 7.870 eV). MC-
ICP-MS, characterised by a higher ionisation efficiency and a very stable mass bias 
(although larger than TIMS, from 3 to 6%/amu), has become the technique of choice 
since its development in the 1990s. 
Fe isotope analysis has seen growing attention in the Earth and environmental 
sciences for its potential use for tracing biogeochemical cycles. Because of their 
relative small mass difference, it was generally agreed that Fe isotopes could 
fractionate in nature solely via biological assimilation and preferential uptake by 
organisms. Recent studies have now indicated that Fe isotope fractionation can also 
occur abiotically in low temperature aqueous systems (e.g. Johnson et al., 2002; 
Butler et al., 2005; Severmann et al., 2006) and at high temperature (e.g. Roskosz et 
al., 2006; Dauphas, 2007; Shahar et al., 2008; Richter et al., 2009). 
The principal difficulty in measuring precisely and accurately Fe isotope ratios is 
the removal of polyatomic and atomic mass interferences induced by the Ar plasma. 
Additional interferences can be due to sample matrix. Among these interferences are 
40Ar14N+ and 54Cr+ on 54Fe+, 40Ar16O+ on 56Fe+, 40Ar16OH+ on 57Fe+, and 40Ar18O+ and 
58Ni+ on 58Fe+. Various strategies have been developed to reduce interferences created 
by the Ar plasma: i) sample desolvation and the use of high-concentration samples 
(e.g. Anbar et al., 2000; Belshaw et al., 2000; Sharma et al., 2001; Roe et al., 2003; 
Arnold et al., 2004; Schoenberg and von Blanckenburg, 2005), ii) cold plasma 
(Walczyk and von Blanckenburg, 2002; Kehm et al., 2003), iii) collision cells (Beard 
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et al., 2003; Mullane et al., 2003; Rouxel et al., 2003; Dauphas et al., 2004) and iv) 
high resolution multi-collection (e.g. Weyer and Schwieters, 2003; Poitrasson and 
Freydier, 2005; Dauphas et al., 2009). 
In this contribution, we detail a procedure developed for the analysis of Fe isotope 
ratios on a new generation GV Instruments (formerly Micromass) IsoProbe-P MC-
ICP-MS at the Scottish Universities Environmental Research Centre (East Kilbride, 
UK). This instrument enables us to conduct the ion extraction in two modes: the hard 
and the soft extraction modes. Although Fe isotope ratios have been published using 
both extraction modes (Dauphas et al., 2004, 2009), no study compares the effect of 
each mode on the external precision and the overall stability of the measurement of Fe 
isotope ratios. Therefore, we have inspected the effects of extraction voltage, sample 
uptake rate, the hexapole potential difference and the collision gases on the overall 
stability of Fe isotope analysis. 
 
3.2. Analytical materials and methods 
3.2.1. Samples and standards preparation 
All samples used in this study are part of an experimental investigation of iron 
sulphide geochemistry; therefore all samples are synthetic iron sulphide species (FeS 
and FeS2) and Fe(II)aq. Solutions were prepared using 18.2 Mcm deionised water. Fe 
and S source reagents were analytical grade Fe(NH4)2(SO4)2.6H2O and Na2S.9H2O 
(Sigma Aldrich™) respectively. HNO3 and HCl were twice distilled, HF was once 
distilled. Once experimentally synthesised, solid samples were separated and 
dissolved in 6 M HCl or concentrated HNO3 depending on the mineral, taken to 
dryness and re-dissolved in 5 % v/v HNO3. The solution was then effectively Fe(III) 
in nitric acid (S being removed as H2S gas), and thus no column separation chemistry 
was performed on our samples. 
IRMM-014 (IRMM™) was used as a bracketing reference standard for the  
calculation, i.e. before and after each sample. The isotopic concentrations of IRMM-
14 are in percent, 5.845 ± 0.023 (2) for 54Fe, 91.754 ± 0.024 for 56Fe, 2.1192 ± 
0.0065 for 57Fe, and 0.2818 ± 0.0027 for 58Fe (Taylor et al., 1992). These 
concentrations are close to the natural Fe isotope distribution. IRMM-014 Fe wire was 
dissolved on a hot plate in 5 % v/v HNO3. Our external standard for determination of 
precision was prepared from a 1 g/L Fe solution (J.T Baker™). 
 
 124 
3.2.2. Mass Spectrometry 
Analyses were performed using the GV Instruments (formerly Micromass) 
IsoProbe MC-ICP-MS. Table 3.1 summarises the routine instrumental settings for Fe 
isotope analysis. Mass 54, 56, 57 and 58 were measured simultaneously on the multi-
collection faraday cups in a static mode (Fig. 3.1). Cr interferences were monitored on 
mass 52 for further correction on mass 54. However, since our samples were 
experimentally synthesised, Cr contributions were never detected. Ni interferences on 
mass 58 should be monitored on mass 60, but on our instrument, it was physically not 
possible to align mass 60 on any cup, the range of masses being so large. In the case 
of this study, that is not a problem since only 56/54Fe and 57/54Fe were required. 
Faraday cups were calibrated and displayed linear response over a 1 ppm to 8 ppm 
range. Typical response was 0.6 to 2 V/ppm and our sample solutions were 3 to 10 
ppm Fe in 5% v/v HNO3 (samples and/or standards) to obtain ~ 0.35 V on mass 54, ~ 
6 V on mass 56, ~ 0.14 V on mass 57 and 0.024 V on mass 58. 
 
 
Table 3.1: IsoProbe settings. Tuning parameters are followed by an asterisk.   
 
Solutions were introduced into an ApexQ (Elemental Scientific™) inlet system 
which comprises a PFA nebuliser and a cyclonic desolvating spray chamber. The 
ApexQ was operated with Ar sweep gas and without the addition of N2 to avoid 
further formation of 40Ar14N+ on mass 54. The condenser cooling temperature was set 
at 2°C and the temperature of the spray chamber at 100°C. Both 50 L/min and 100 
L/min uptake rates were investigated. 
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The instrument high tension was set at -6000 V. Ion extraction from the source 
into the mass analyser can be run in two modes, called hard and soft extraction. We 
routinely run our samples using the hard extraction mode at -250V but both 
approaches were investigated and the results will be described later. 
 
Figure 3.1: Alignment of the cups for simultaneous measurements of masses 52, 54, 56, 57 and 58.  
 
The IsoProbe incorporates a hexapole to the standard MC-ICP-MS 
instrumentation - between the cones and the optics region - in order to reduce the 
ions’ energy spread from ~ 30eV to ~ 1eV, allowing a single focusing magnetic sector 
analyser. Ions are transmitted with a mass resolution ~ 500 m/m which is not 
sufficient to separate Fe peaks from polyatomic interferences. Fe peaks can be 
separated from molecular interference peaks with a resolving power of ~3000 (Vogl 
et al., 2003) and flat peaks can be preserved with resolving power of ~9000 (High 
resolution, Weyer and Schwieters, 2003). To reduce or remove polyatomic 
interferences, the hexapole can be used as a reaction cell. The introduction of collision 
gases (Ar and H2) into the hexapole induces a series of ion-molecule reactions leading 
to the decrease of argides, oxides and hydrides in the ion beam. 1.8 mL/min Ar and 2 
mL/min H2 were introduced into the hexapole collision cell to completely remove 
40Ar14N+ and 40Ar16OH+ on mass 54 and mass 57 respectively, and to decrease 
40Ar16O+ on mass 56 to 0.006 V which represents 0.1 % of the Fe peak. After 
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subtraction, interference contributions were smaller than the analytical precision. 
There was no peak on mass 55 suggesting that FeH+ did not form even at high Fe 
concentrations. 
On-peak-zero correction was measured on a 5% v/v HNO3 solution prior to each 
Fe solution (samples or standards). Data collection consisted of 5 blocks of 20 5 x 1s 
integrations, followed by a 4 min rinse in 5% v/v HNO3 + 2% v/v HF. Mass bias was 
corrected using IRMM-014 as a bracketing standard (Eqs. 3.1 and 3.2). The external 
standard was measured five times before the run of samples. During the run, one 
external standard was measured after every four samples. 
Data are reported in conventional fashion using per mil  notation, 56Fe and 
































Feδ   (3.2) 
where std is the reference material IRMM-014 (IRMM™). 
 
3.3. Procedural development 
3.3.1. Theoretical and observed errors 
The external precision on 56Fe and 57Fe is given by the 95% reproducibility (2 
standard deviation) of the  external standard repeated at least twelve times. The 
external precision should approximate the internal error of each individual ratio (2se) 
which is the 95% confidence limits on the mean ratio. Ludwig (1986) showed that the 
internal error is the result of a combination of shot noise (error on the measurement of 
ions) and Johnson noise (from the Faraday amplifier). The overall theoretical error on 













































22%   (3.3) 
where V is the voltage on the peak and t is the time of the measurement (10 min). 
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It is intuitive to think that the larger the internal errors of the mean are, the larger 
the external error on the overall run should be. However, it is not possible to 
demonstrate this mathematically because in the 2sd calculation we do not take in 
account the internal error of each individual  value. In Fig. 3.2.A, we plot the mean 
2se of the ratios during several run times against the external precision of the run. We 
demonstrated graphically that for the external precision to be  ± 0.1 ‰ and  ± 0.15 
‰ (2) for 56Fe and 57Fe, the internal error over a run time should not exceed 
~0.0018% and ~0.0025% for 56/54Fe and 57/54Fe respectively. Rearranging Eq. 3.3 
demonstrates that the voltage on 56Fe must be > 4V to produce such small errors, 
justifying the use of high-concentration samples. Collecting ~ 6V on mass 56 enables 
us to decrease the internal error down to 0.0013% (Fig. 3.2.B). We could measure 
accurately Fe isotope ratios with an internal error (%2se) systematically < 0.0020 % 
and < 0.0030 % for 56/54Fe and 57/54Fe respectively. The precision of our 




Figure 3.2: A: Empirical relationship between the mean of 2se during one set of measurement and the 
overall external precision of the run. B: Influence of the peak intensity (mass 56) on the theoretical 
error of the ratio 56/54Fe. 
 
3.3.2. Matrix effects and sample uptake 
The reduction of interferences and their effects is crucial for precise and accurate 
measurements. This was achieved by the use of collision gases (see below) and 
maximising the source-to-background ratio by introduction of high-concentration 
samples (up to 10 ppm). Sample matrix is a potential source of interferences, with 
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direct effects on the overall reproducibility. We compared bracketing our external 
standard (Fe solution from J.T.Baker™) with bracketing IRMM-014 itself. The Baker 
solution, which is essentially an iron sulphate solution led to a reproducibility of ± 
0.05 ‰ and ± 0.12 ‰ (2) for 56Fe and 57Fe respectively. IRMM-014 solution, 
which is dissolved Fe in HNO3, bracketed with itself, led to a precision as good as ± 
0.05 ‰ and ± 0.05 ‰ (2) for 56Fe and 57Fe respectively. 
The uptake rate is determined by the diameter of the auto-sampler capillary. Both 
50 L/min and 100 L/min uptake rates were used. Twice as much material was 
consumed using the 100 L/min rate, doubling the sensitivity. However, the stability 
of a measurement was systematically decreased as well, leading to internal errors > 
0.0050% and > 0.0100% for 56/54Fe and 57/54Fe respectively. As a result, the measured 
Fe isotope ratios which are the mean of the 100 integrations were not reproducible 
within an acceptable precision. We suspect that this uptake rate introduced too much 
material for the ApexQ inlet system to quantitatively desolve the sample, leading to 
inconsistent variations in the signal. 
We examined the effect of the Fe concentration matching between the samples 
and the reference standard IRMM-014 on the measured isotopic ratios. True ratios are 
obtained when both the sample and the standard have the same concentration (Fig. 
3.3). The effect is more dramatic for [Fe]sample<[Fe]Std, as suggested by other authors 
(Belshaw et al., 2000; Archer and Vance, 2004). We suspect that in this region, Fe 
concentration is small relative to the interferences and therefore the peaks are 
committed to variations in interference production from the plasma. The deviation 
from linear response is thus due to plasma behaviour and not detector non-linearity 
over that range. 
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Figure 3.3: Concentration matching between samples and bracketing standards. Data plot on a mass 
fractionation line when both standards and samples have the same concentration. 
 
3.3.3. Extraction mode: hard versus soft extraction 
Both hard and soft extraction modes have been used in laboratories for the 
analysis of Fe isotopes (Mullane et al., 2003; Dauphas et al., 2004; Archer and Vance, 
2006; Thompson et al., 2007). The hard extraction mode applies a strong negative 
voltage to the cones (generally ~ -600V), while the soft extraction mode applies a 
small positive voltage to the cones (0 to 20V). The soft extraction mode has been 
available only on new generations of the IsoProbe, and has seen increasing interest 
since it considerably reduces molecular interferences and memory effects (Dauphas et 
al., 2004). We investigated the stability of the measurement during 100 integrations of 
the analysis in both hard and soft extraction (Fig. 3.4). In hard extraction, internal 
errors (2se) produced on the ratios during 100 integrations (~ 10 min) are 
systematically less than 0.0020% and 0.0040% for 56/54Fe and 57/54Fe, while in soft 




Figure 3.4: Comparison of soft and hard extraction modes. A: variations of the measured ratio with 
time (100 integrations ~ 10 min). B: Mass bias associated with time (same data as A). C: Resulting 
fractionation lines on a long sample run.    
 
In all the applications we have utilised soft extraction, we observe increased mass 
bias but this is not necessarily detrimental if mass bias is internally corrected. 
However, for stable isotope measurements of iron we need to make an external mass 
bias correction by reference to bracketing standards. In soft extraction mode there is 
an increased time-dependent mass bias instability, even over timescales of a few 
minutes, compared to the hard extraction mode. As a result, a simple standard 
bracketing correction was not sufficient and the overall precision on long term runs 
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was always > ± 0.2 ‰ and > ± 0.6 ‰ (2) for 56Fe and 57Fe respectively. We 
suspect that small voltage fluctuations in soft extraction mode have a more dramatic 
effect on mass bias than in hard extraction considering their voltage range (0 to 20V 
versus 0 to -1500V for soft and hard extraction respectively). Thirlwall and 
Anczkiewicz (2004) did a comparative study for Hf, Nd and Pb isotopes using MC-
ICP-MS and TIMS. They showed that for Nd isotope ratios, hard extraction produced 
a larger mass bias than soft extraction. This suggests that plasma chemistry and 
extraction voltage are not entirely comprehended yet. 
Although hard extraction is usually operated at a cone voltage of ~ -600V or 
higher to maximise sensitivity, reducing the extraction potential to ~ -250 V was a key 
for successful Fe isotope measurements. At this voltage, molecular interferences on 
mass 52 are entirely removed, and transmission of masses 54, 56 and 57 is optimised. 
The instrumental mass bias is very stable and thus the standard bracketing technique 
is suitable. 
 
3.3.4. Hexapole tuning 
Hexapole tuning, i.e the rf amplitude (referred by some authors as Digital to 
Analogue Convertor settings, or D.A.C settings) and the introduction of collision 
gases plays a dominant role in optimising the transmission of ions. The IsoProbe 
collision cell can be used with two hexapole rf generator devices (6M or 9M), the 
9 M one being designed for measuring low mass elements. Reducing the rf 
amplitude to ~ 50 % enhances the transmission of low masses. In the literature, 
reported rf amplitudes vary from 40 % to 60 % (Mullane et al., 2003; Dauphas et al., 
2004). The removal or reduction of 40Ar14N+ and 40Ar16O+, 40Ar16OH+, 40Ar18O+ and 
FeH+ interferences was achieved by the introduction of collision gases (Ar and H2) 
into the hexapole collision cell (Beard et al., 2003; Rouxel et al., 2003; Vogl et al., 
2003; Dauphas et al., 2004; Arnold et al., 2008). Arnold et al. (2008) studied the 
mechanisms of polyatomic interferences removal and the behaviour of 40Ar16O+, 
40Ar16OH+ when varying Ar:H2 ratios, flow rates, and the rf amplitude of the 
hexapole. In our routine, the rf amplitude was set at 50 % which decreases 40Ar16OH+, 
as Arnold et al. (2008) reported. Introducing 1.8 mL/min Ar into the hexapole 
removed completely ArN+ interference on mass 54. We thus investigated the effect of 
different H2 flow rates on the polyatomic interferences in a blank solution (Fig. 3.5). 
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Introduction of H2 has larger effects on ArOH
+ (mass 57) than on ArO+ (mass 56). 
ArOH+ interferences were completely removed with a H2 flow rate of 2 mL/min.  
 
 
Figure 3.5: A: Influence of the H2 flow rate on polyatomic interferences. Ar flow rate is set at 1.8 
mL/min. B: Resulting Fe isotope spectrum after the decrease of the interferences.  
 
3.3.5. Fe isotope analysis of synthesised iron-sulfide minerals 
The procedure described above was applied to the analysis of synthetic iron 
sulphide species and Fe(II)aq. Samples were standard bracketed with IRMM-014 and 
the precision was given by the external standard J.T.Baker Fe solution (56Fe = -0.23 
± 0.05 ‰ and 57Fe -0.35 ± 0.12 ‰, Fig. 3.6). Marechal et al. (1999) demonstrated 
that Zn mass bias on their VG Plasma 54 instrument was best fitted with an 
exponential law. In the case of Fe, the expected mass bias slopes obtained with the 
power and the exponential laws are given respectively by Eqs. 3.4 and 3.5 (Albarede 
























slope  (3.5) 
where M is the atomic mass of the nuclide. 
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Figure 3.6: External precision given by the reproducibility of the measurement of a standard. 
 
Our raw measurements all plot on the same mass fractionation line in a 
ln(57Fe/54Fe) versus ln(56Fe/54Fe) graph (Fig. 3.7), with a slope of 1.549 ± 0.003 which 
is consistent with Fe isotope mass difference. When standard-bracketing corrected, 
our data (56Fe and 57Fe) plot on the terrestrial mass fractionation line with a slope of 
1.52 ± 0.02 (Fig. 3.8). Our experimental work on synthesised FeS and FeS2 from 
Fe(II)aq shows large Fe isotope fractionations. These results are preliminary and 
further experimental data are needed. 
 
 




We have developed a procedure for the analysis of 56Fe/54Fe and 57Fe/54Fe ratios 
on a hexapole collision cell MC-ICP-MS with a precision of ± 0.05 ‰ and ± 0.12 ‰ 
(2) for 56Fe and 57Fe respectively. This precision was achieved maximising the 
signal-to-background ratio by using high-concentration samples (3 to 10 ppm) and 
introducing Ar and H2 gases into the hexapole collision cell. On our instrument, 
precise measurements are more readily achieved using hard extraction, although in 
this mode the ArO+ interference at mass 56 was not entirely removed.  However, in 
hard extraction mode the instrument showed relatively stable mass bias characteristics 
that allow the phenomenon to be corrected by sample-standard bracketing.  In soft 
extraction mode we observed temporal instability in mass bias to the extent that 
sample-standard bracketing does not provide a reliable mass bias correction. 
 
 
Figure 3.8: plot of 57Fe versus 56Fe for iron sulphide species. Error bars are given by the 
reproducibility 2 SD of the external standard. 
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Fe isotope exchange between Fe(II)aq and nanoparticulate 
mackinawite (FeSm) during nanoparticle growth 
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nanoparticle growth. Earth and Planetary Science Letters 300, 174-183. 
 
Abstract 
We detail the results of an experimental study on the kinetics of Fe isotope exchange between aqueous 
Fe(II)aq and nanoparticulate mackinawite (FeSm) at 25°C and 2°C over a one month period. The rate of 
isotopic exchange decreases synchronously with the growth of FeSm nanoparticles. 100% isotopic 
exchange between bulk FeSm and the solution is never reached and the extent of isotope exchange 
asymptotes to a maximum of ~ 75 %. We demonstrate that particle growth driven by Ostwald ripening 
would produce much faster isotopic exchange than observed and would be limited by the extent of 
dissolution-recrystallisation. We show that Fe isotope exchange kinetics are consistent with i) FeSm 
nanoparticles that have a core-shell structure, in which Fe isotope mobility is restricted to exchange 
between the surface shell and the solution and ii) a nanoparticle growth via an aggregation-growth 
mechanism. We argue that because of the structure of FeSm nanoparticles, the approach to isotopic 
equilibrium is kinetically restricted at low temperatures. FeSm is a reactive component in diagenetic 
pyrite forming systems since FeSm dissolves and reacts to form pyrite. Isotopic mobility and potential 
equilibration between FeSm and Fe(II)aq thus have direct implications for the ultimate Fe isotope 
signature recorded in sedimentary pyrite. 
 
Keywords: Fe isotopes, FeS, mackinawite, pyrite, nanoparticle growth. 
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4.1. Introduction 
The omnipresence and utility of nanoparticles in bio- and geological systems 
make them the focus of various applications. For example, their role is important in 
industry (for their magnetic and electronic properties e.g. Alivisatos, 1996), in surface 
reactivity and environmental remediation (e.g. Charlet and Manceau, 1992, Luther 
and Rickard, 2005), for biochemistry (as components, along with clusters, of 
molecules, e.g. Harrison and Dutriazac, 1998) and perhaps in pre-biotic chemistry and 
the emergence of early life (e.g. Russell et al., 1998; Martin and Russell, 2003). The 
study of the structure and the properties of natural nanoparticulate materials is 
difficult to access with conventional methods because of the size of the domain (< 100 
nm). Nanoparticles differ from bulk materials because of their extreme surface-to-
volume ratio. Nanoparticle surface characteristics are therefore critical to 
understanding the physicochemical behaviour of nanoparticulate material. The surface 
properties of metal sulphide nanoparticles have been characterised, and in particular 
those of FeS (e.g. Wolthers et al., 2004), ZnS (e.g. Zhang et al., 2003) and NiS (e.g. 
Huang et al., 2009). In each case a surface zone with different physical and chemical 
properties to the core has been defined. Huang et al (2009) described this as a core-
shell model by analogy with synthesised quantum dots (e.g. Chen and Rosenzweig, 
2002) which have different materials in the core and the shell. The shell is 
crystallographically disordered whereas the core is crystalline with properties similar 
to the bulk material. In the case of the sulphide nanoparticles formed in aqueous 
media, such differences between the core and the shell can be due to the presence of 
water in a hydrated shell (as for NiS), or to interactions with the media for anhydrous 
materials as ZnS. By analogy, a similar effect to ZnS can be supposed for FeS since it 
is also anhydrous (Rickard et al., 2006). 
A consequence of this core-shell structure is that crystal growth of nanoparticles 
may proceed by a different process to that normally associated with the bulk material. 
In bulk crystals, crystal growth commonly occurs through the diffusion of nutrient 
monomers to the surface in a molecule-by-molecule process. This mechanism leads to 
Ostwald ripening where the driving force for crystal growth is the decrease in surface 
free energy (e.g. Steefel and Van Cappellen, 1990). In the case of nanoparticles 
however, crystal growth may occur by crystallographically controlled aggregation of 
the particles which is enabled by the surface chemistry but driven similarly by a 
decrease in surface free energy (e.g. Waychunas et al., 2005).  This process differs 
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from conventional particle aggregation where particles come together independently 
of crystallographic orientation and usually remain as discrete entities. Aggregation-
growth has been demonstrated for a number of geologically relevant materials by 
Banfield and co-workers (e.g. Banfield et al 2000; Penn and Banfield 1998; Penn and 
Banfield, 1999; Penn et al., 2001; Banfield and Zhang, 2001; Zhang and Banfield, 
2004). The process has been expanded for transition metal sulphides by Luther and 
Rickard and their co-workers (Luther et al., 1999, 2002; Rickard and Luther, 2006) to 
include the involvement of aqueous clusters of metal sulphides in the nucleation 
process.  
The aggregation-growth mechanism for the growth of nanoparticles has wide 
consequences for the chemical behaviour of nanoparticles in solution. Chemically, 
aggregation-growth involves exchanges with the shell or surface phase whilst the 
crystalline core remains less affected. In the case of Ostwald ripening, smaller 
crystalline particles dissolve and larger particles grow, which means that there is a 
greater degree of exchange between the condensed phase and the solution. In this 
paper, we report the results of an investigation into the kinetics of Fe isotope 
exchange between nanoparticulate mackinawite (referred as FeSm in the text) and 
aqueous Fe(II) solutions at 25°C and 2°C under ambient pressure. We followed 
similar experimental procedures to those from Butler et al. (2005). They showed that 
FeSm precipitates lighter isotopes from Fe(II)aq with 56FeFe(II)-FeS varying from 0.85 ± 
0.30 ‰ to 0.34 ‰. Here, we examine the kinetics of this exchange and, in a novel 
approach, we probe the growth of FeSm nanoparticles using Fe isotope exchange to 
distinguish between alternate growth mechanisms. 
 
4.2. Experimental methods 
A portion of a Fe(II) solution was precipitated as FeSm nanoparticles and grown in 
situ at different temperatures and for different periods. Solids and liquid were then 




All reagents and acids were of analytical grade and solutions were prepared in a 
glove-box using 18.2 Mcm deionised water, purged with O2 free grade N2 for 30 
min (Butler et al., 1994). Iron(II) solutions were made by dissolution of Mohr’s salt 
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Fe(NH4)2(SO4)2.6H2O (Sigma Aldrich™) in purged water. Mohr’s salt was used for 
its ability to resist oxidation in solution. Sulphide solutions were made by dissolution 
of Na2S.9H2O (Sigma Aldrich™) in purged water. Long term 25°C experiments were 
performed at the University of Edinburgh under oxygen free conditions in a N2-filled 
re-circulating Saffron alpha® anoxic chamber. Short term 25°C and 2°C experiments 
were performed at Cardiff University under oxygen free conditions (<1 ppmv O2) in 
an MBraun Labmaster 130® re-circulating anoxic chamber. 
 
4.2.2. Procedure 
4.2.2.1. Isotopic exchange at 25°C and 2°C 
In serum bottles, 10 mL 0.05 M S(-II) solution was injected into 100 mL 0.05 M 
Fe(II) solution to precipitate 10 % of Fe as FeSm. 90 % of Fe remains dissolved in 
solution as calculated from the solubility data for mackinawite (Rickard, 2006) in 
PHREEQC Interactive 2.15.0®. After ageing, flocculation of FeSm permits the solid 
phase to be separated from liquids by vacuum filtration with a 0.45 m membrane 
Millipore™ filter. With this filter size, filtrates were clear and filters did not clog. Any 
isotopic contamination from small particles in the filtrate would be undetectable 
within analytical error because of the large Fe(II) concentration in solution. Once 
taken out of the glove-box, solid products were dissolved in concentrated HCl and 
filtrate solutions were acidified with a few drops of concentrated HCl pending Fe 
isotope analysis. 
For 2°C experiments, Fe(II) solutions and S(-II) solutions were prepared and 
sealed in serum bottles in the glove-box. Serum bottles were placed at 2°C in Haake 
F6/C25 and Haake DC10/K10 refrigerated circulators. Once the temperature was 
down to 2°C, 10 mL 0.05 M S(-II) solution was injected with a hypodermic syringe 
into 100 mL 0.05 M Fe(II) solution to precipitate 10 % of Fe as FeSm. After ageing, 
serum bottles were re-introduced into the glove-box for rapid filtration as for the 25°C 
experiment. Once taken out of the glove-box, solid products were dissolved in 
concentrated HCl and filtrates were acidified with a few drops of concentrated HCl 
pending Fe isotope analysis. 
 
4.2.2.2. Mackinawite growth 
FeSm was precipitated and collected as described for the 25°C isotopic exchange 
experiment. After filtration, the solid phases were freeze-dried using a Mini-Lyotrap 
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(LTE®) freeze-dryer. In the glove-box, 0.1 g of freeze-dried FeSm was loaded onto a 
metal support (Al). The sample was sealed within an environmental sample holder 
under N2 and taken out of the glove-box for immediate XRD characterisation. A 
further series of experiments on FeSm growth kinetics were carried out at higher 
nutrient concentrations (Wolthers et al., 2003; Ohfuji and Rickard, 2006). FeSm was 
precipitated by adding 10 mL 0.6 M S(-II) solution in 100 mL 0.6 Fe(II) solution. 
After ageing, FeSm was filtered, washed and freeze-dried before XRPD analysis. Both 
series of experiments gave similar results within experimental error. 
 
4.3. Analytical methods 
4.3.1. Isotope ratios analysis 
Samples (Fe(III) in HCl) were taken to dryness and re-dissolved in 5% HNO3. No 
column chemistry was performed since our samples were experimentally synthesised 
from analytical grade reagents. 56/54Fe and 57/54Fe isotope ratios were measured on a 
GV IsoProbe (formerly Micromass) multi-collection inductively coupled mass 
spectrometer (MC-ICP-MS). The detailed analytical protocol has been described 
elsewhere (Guilbaud et al, 2010). The major challenge for accurate and precise 
measurement of Fe isotopes is the removal of atomic and polyatomic interferences 
induced by the Ar plasma. This was achieved by increasing the signal-to-background 
ratio (using high concentration samples and introducing collision gases into the 
hexapole to decrease and/or remove the interferences) and by stabilising the 
instrumental mass bias minimising the hexapole potential and decreasing the 
extraction voltage. 
3-10 ppm Fe solutions were introduced into an ApexQ inlet system at 50 µL min-1 
to maximise the signal to ~0.3 V on mass 54, ~6 V on mass 56 and ~0.02 V on mass 
57. Hexapole rf amplitude was set at 50% which enhances transmission of Fe masses. 
The analysis was run in hard extraction mode (-250 V). 1.8 mL min-1 Ar and 2 mL 
min-1 H2 were introduced into the hexapole collision cell to completely remove ArN
+ 
on mass 54 and ArOH+ on mass 57 and to decrease ArO+ on mass 56 to 0.006 V 
which represents 0.1% of the Fe peak. Cr+ interferences on mass 54 were monitored 
on mass 52 but never detected. Instrumental mass bias was corrected by bracketing 
each sample with a standard and Fe isotope results are presented conventionally using 

































Feδ  (4.2) 
The precision of our measurements was obtained from the standard deviation (at the 
2 level) of the repeated measurement (n = 10) of an external standard Fe solution. 
The precision was ± 0.1 ‰ and ± 0.15 ‰ (2) for 56Fe and 57Fe respectively. 
Experimental error was monitored with independent replicate experiments.  
 
 
Figure 4.1: XRD scan for 7 days aged mackinawite (Mk). Al peaks are the background response from 
the aluminium sample holder. 
 
4.3.2. XRD analysis  
The environmental holder containing the sample was loaded on a Bruker D8 
Advance Diffractometer (for the experiments starting with 0.05 M solutions) and on a 
Phillips PW1840 Diffractometer (for the experiments starting with 0.6 M solutions). 
XRD analysis was performed using CuK primary radiation generated at an 
accelerating voltage of 40KV in the range of 2-65° 2
 with a 1s/0.02° 2
 counting 
time. The diffracted X-rays were recorded by a Sol-x™ energy dispersive detector. 
Data were filtered to remove CuKII peaks. We used the Scherrer equation (Eq. 4.3) 
on the 16° 2
 peak to determine the average diameter of the crystalline size: 
1)cos( −= θβλKL   (4.3) 
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where L is the size of the domain, K is 0.91 (Brindley 1980),  is the wavelength of 
the X-ray (0.154 nm for CuK),  is the full width of the peak at half maximum 
(FWHM, in radian) and 
 is the angle of the peak. The Scherrer equation has been 
previously used to determine average domain size on FeSm (Wolthers et al., 2003, 
Jeong et al., 2008) and on ZnS (Huang et al., 2003) nanoparticles. In these previous 
studies, crystal sizes given by the Scherrer equation were checked and confirmed by 
high-resolution transmission electron microscopy (for review and discussion, see 
Rickard and Luther, 2007, p 534). Fig. 4.1 shows a typical spectrum for mackinawite, 
with the aluminium background peaks from the capsule. Precision on L was 
determined by measuring the same sample ten times, and was ± 0.7 nm (2). 
 
4.4. Results 
4.4.1. Fractionation factors 
All experimental settings and isotope results are listed in Table 4.1. 
Experimental quality control is established by monitoring the mass conservation 
law. At any time, the product of the fraction f and the isotopic signature (the mass) of 
each phase should equal the isotopic signature of the starting material. The Mohr’s 
salt used for the Fe(II) solution has a 56Fe = 0.25‰ (Eq. 4.4 and Fig. 4.2): 
( ) ( )( ) 25.01 56)(56 =×−+× FeSIIFe FefFef δδ    (4.4) 
 
 
Figure 4.2: Experimental mass balance calculated from Eq. 4.4. The grey area represents the analytical 




Table 4.1: Experimental conditions and isotope analysis. Analytical precision is the 2 standard 
deviation (2) of the external standard (Baker™). The isotopic mass balance is calculated by Eq. 4.4.  
is the extent of isotope exchange towards the bulk composition (Eq. 4.5). 
 
 All precipitated FeSm products are 
56Fe depleted and solutions are 56Fe enriched 
(Fig. 4.3). Zero-aged (effectively 5min) fractionation between Fe(II) and FeSm is 1.17 
± 0.16‰ at 25°C and 0.98 ± 0.16‰ at 2°C. Fractionations decrease with ageing time 
to 0.23 ± 0.11‰ and 0.34 ± 0.11‰ at 25°C and 2°C respectively. After ageing 
between 10 and 30 days the fractionation is stable at 0.27 ± 0.11‰ for both 
experimental sets. Within error, there is no fractionation difference between 25°C and 




Figure 4.3: Evolution of the isotopic compositions of FeSm (filled symbols) and Fe(II)aq (open  
symbols) at 25°C (circles) and 2°C (triangles) up to 1 month.  
 
4.4.2. Rates and extent of isotopic exchange 
We inspected the rates and extent of isotopic exchange in order to monitor the 
mobility of Fe atoms and the kinetics of exchange during particle growth. The 
fractional approach towards complete isotope homogenisation of the system was 












=   (4.5) 
where  is the extent of exchange towards the bulk composition (i.e. when the final 
composition of the phases equals the composition of the starting material), 56Fe is the 
composition of the phase at each time and the subscript i refers to the initial 
composition. This is different from the conventionally used fractional approach 
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towards equilibrium in the sense that isotopic equilibrium does not necessarily mean 
that 100 % of isotopes have exchanged. The use of Eq. 4.5 is discussed later. 
In theory,  may be calculated using the  value of either phase. In order to ensure 
the best constraints on , we preferred to use the 56FeFeS data since if small FeSm 
particles pass through the 0.45 m filter during phase separation, 56FeFeS might bias 
56FeFe(II) leading to an apparent decrease of the Fe(II) isotope signature. However, 
our mass balanced results indicate that if any FeSm particles had passed through the 
filter, it must have been in so small amounts that no 56FeFeS bias could be recorded 
above analytical precision in the 56FeFe(II) signal. For the kinetics of isotope exchange 











  (4.6) 
where k is the rate constant and n the order of reaction. For a first-order rate reaction, 
Eq. 4.6 can be integrated into Eq. 4.7: 
tk1)1ln( −=− ξ    (4.7) 





    (4.8) 
 
After integration into both a first-order or a second-order rate law, no single rate 
constant could fully describe the rate equation since ln(1- ) and /(1- ) plots are not 
linear over time. Nonetheless, several changing rate constants can be calculated for 
different time periods (see below). For both the 25°C and 2°C experiments, the use of 
the second-order rate law was preferred since it systematically provided a better fit for 




Figure 4.4: A. Rate of kinetic exchange for a second-order rate law ( /(1- )) where  is the extent of 
isotope exchange (Eq. 4.6) at 25°C (black circles) and 2°C (grey triangles). The rate of exchange is 
approximately constant up to 240 min (25°C) and 480 min (2°C). B. Correlation between the evolution 
of particle size with time and the extent of isotopic exchange  (%) at 25°C. Errors on the particle size 
are 1. 
 
At 25°C, (Fig. 4.4.A), the extent of isotopic exchange varies from 0 to 75± 12 %. 
During the first 240 min (where R2 = 0.93 for a second-order rate law and R2 = 0.78 
for a first-order rate law), the second-order rate constant is 6 ± 1 x 10-3 min-1. During 
this period,  varies from 0 to 63 ± 10 %. Between 240 and 8640 min (six days), the 
second-order rate constant decreases to 2 x 10-4 min-1 and finally approaches 0 after 
8640 min, where 75 ± 12 % of Fe isotopes have exchanged between Fe(II)aq and 
FeSm. 
At 2°C, (Fig. 4.4.A), the extent of isotopic exchange varies from 0 to 71 ± 10 %. 
During the first 480 min (where R2 = 0.90 for a second-order rate law and R2 = 0.75 
for a first-order rate law), the second-order rate constant is 2 ± 1 x 10-3 min-1. During 
this period,  varies from 0 to 48 ± 8 %. After 480 min, the second-order rate constant 
decreases to 3 x 10-5 min-1. At the end of the experiment (after 1 month), 71 ± 10 % of 
Fe isotopes have exchanged between Fe(II) and FeSm. 
 
4.4.3. Mackinawite growth 
XRD results and mean particle size are presented in Table 4.2. The primary FeSm 
particles precipitate with an average diameter of the crystalline domain L of 4.1 ± 0.7 
nm. Techniques for FeSm size determination were reviewed by Ohfuji and Rickard 
(2006) and Jeong et al. (2008). Wolthers et al. (2003) used the Scherrer equation for 
determining FeSm particle sizes and Ohfuji and Rickard (2006) confirmed their 
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findings using transmission electron microscopy. They noted that the reason the 
Scherrer method appears to work at this domain size is unclear, but it may be related 
to the platy habit of the material. Within errors, our data compare well with the 
previously reported domain size for the first FeSm precipitate (Wolthers et al., 2003; 
Ohfuji and Rickard, 2006; Jeong et al., 2008). 
During the first 300 min, L rapidly increases from 4.1 to 4.7 ± 0.7 nm (Table 4.2). 
After 500 min, the average diameter of the FeSm nanoparticles asymptotes at 5.3 ± 0.7 
nm which represents a doubling of the volume based on a cubic particle. Fig. 4.4,B 
shows a direct correlation between the extent of isotope exchange and the particle size 
(R2 = 0.9263), suggesting that changes in the rate of isotopic exchange and in the rate 
of particle growth are synchronous. 
 
 
Table 4.2: XRD results and mean particle size calculations. FWHL is the full width of the FeSm (001) 
peak at half height in . L is calculated from Eq. 4.3. 
 
 
4.5. Discussion: Fe isotope fractionation, crystal growth and isotopic exchange 
models 
The Fe isotope fractionation between mackinawite and Fe(II)aq at time = 0 is 1.17 
± 0.16 ‰ at 25°C and 0.98 ± 0.16 ‰ at 2°C which, within error, is consistent with the 
fractionation determined by Butler et al. (2005) of 0.85 ± 0.30 ‰. After ageing 
between 10 and 30 days the fractionation is stable at 0.27 ± 0.11‰ for both 
experimental sets. Within experimental error, there is thus no observable temperature 
effect upon the fractionation. Butler et al. (2005) noted that kinetic fractionations are 
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often less temperature sensitive than equilibrium fractionations. However, the 
temperature has an effect on the rates of isotope exchange as shown in Fig. 4.3. 
 
4.5.1. Mechanisms and kinetics of isotope exchange towards the bulk composition 
The kinetics of isotope exchange are usually determined with enriched materials 
and conventionally integrated from the fractional approach to equilibrium F (Graham, 












=   (4.9) 
where the subscripts i and eq stand for initial and equilibrium, respectively. When 
using isotopically enriched starting material, the value of the equilibrium 56Feeq (a 
few per mil) is negligible compared to the starting fractionation (a few hundred per 
mil) and replaceable by 56Fefinal. In our case, the value of 56Feeq is unknown and 
perhaps not negligible with respect to the starting fractionation. For this reason, we 
described the fractional approach towards 100 % of atom exchange,  using Eq. 4.5. 
Our kinetic results show that several different second-order rate constants can be 
calculated for different portions of the reaction duration. The reason why second-
order rate laws give the best fit to the data remains unclear. Rickard (1995) showed 
that the precipitation of FeSm from aqueous Fe(II) involves two pH-dependant 
competing mechanisms. They reported an observed first-order rate constant for the 
reaction of Fe2+aq with H2Saq and an observed second-order rate constant for reaction 
of Fe2+aq and HS
-
aq. Pankow and Morgan (1980) reported that the rate of FeSm 
dissolution is first-order under acidic conditions and depends on {H+}. For the 
experimental acidic pH, the dominant dissolution-precipitation processes are 
characterised by first-order kinetics. The observed best fit by a second-order rate law 
may indicate dependence not only upon dissolution-precipitation, but also on a second 
factor, potentially the particle size and surface area. The significance of the rate law 
itself is secondary to the observation that the isotope exchange kinetics for our 
experiment cannot be described using a simple rate with a unique rate constant. 
Varying rate constants can indicate a change in the experimental materials or 
conditions, and consequently a change in the mechanism of transformation. Kinetics 
and mechanisms for both FeSm precipitation and dissolution are well established 
(Rickard, 1995; Pankow and Morgan, 1980). Any changes in mechanism are pH 
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dependent. During our experiments, there is no shift in pH, temperature, or total 
reactant concentrations. This means that for the rate constant to vary, physical 
changes (i.e. in the surface area) are most likely to be responsible for those shifts. 
FeSm particle dimensions, specific surface area (SSA) and changes in crystal size with 
time have been documented (e.g. Ohfuji & Rickard, 2006; Jeong et al., 2008 and 
Wolthers et al., 2003). The main size of the domain we found with XRD analysis 
compare well with these authors’ results. Microscale FeSm aggregates (e.g. Butler & 
Rickard, 2000) consist of platy-structured nanoscale particles with large surface area 
as suggested by TEM and BET (Ohfuji & Rickard, 2006; Jeong et al., 2008). The 
correlation between the nanoparticle average size and the isotopic exchange between 
the liquid and FeSm (Fig. 4.4.B) suggests that the continuously altering kinetics of 
isotopic exchange are a function of nanoparticle growth during the experiment. 
 
4.5.2. Ostwald ripening versus aggregation models 
For the Ostwald ripening mechanism, the average grain size is given by (Eq. 4.10, 
Joesten, 1991): 
( ) nttkDD /100 −=−   (4.10) 
where D is the diameter, t the time (the subscript 0 meaning initial), k is a constant, 
and n an integer describing the physical mechanism, normally between 2 < n < 5. 
When n = 2, the crystal growth is controlled by precipitation-dissolution along the 
particle/matrix interface; when n = 3, the growth is controlled by volume diffusion of 
ions in the matrix; when n = 4, crystal growth is controlled by diffusion on the 
grain/matrix interface; when n = 5, crystal growth is controlled by dislocation-pipe-
diffusion, which is the atomic migration along or close to dislocations rather than 
through regular matrix. The parameters k and n can be extracted by taking the 
logarithm of Eq. 4.11: 




kDD −+=−   (4.11) 
which describes a Y = b + aX type equation with a = 1/n and b = ln k. With our data, 
we found k = 0.189 ± 0.026 min-1 and n  5.4. The decimal value for n has no 
mechanistic meaning, we thus used n = 5 for our model. Interestingly, in the 
nanoparticulate FeS system one would expect the growth mechanism to be controlled 
by precipitation-dissolution, and thus n to be = 2. The parameter n = 5 would imply 
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the rather improbable scenario of FeSm nanoparticle growth via the migration of 
atoms along dislocations. 
Huang et al. (2003) developed a crystal growth model during the aggregation of 









D   (4.12) 
In this model nanoparticles grow via oriented aggregation, i.e. the attachment of the 
nanoparticle interface occurs according to the crystallographic structure of each 
particle (Fig. 4.5). 
 
Figure 4.5: TEM image of oriented aggregation of multiple ZnS nanoparticle interfaces. The figure is 
from Huang et al. (2003). 
 
Figure 4.6: Comparison between our XRD results up to 21 days for the Ostwald ripening model (grey 
line) and the aggregation-growth model (black line). Dashed lines represent the uncertainties on the 
models. The Ostwald ripening model is calculated by Eq. 4.11 and the aggregation-growth model by 
Eq. 4.12. Error bars on the data are 1. 
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Fig. 4.6 compares the two models with our XRD average size data up to 21 
days. Although the aggregation-growth model fits the data more closely, neither of 
the models can be strictly rejected, in particular in the region > 5000 min. Note that 
Eq. 4.12 describes the aggregation of spherical particles, and although the platy 
shape of FeSm is likely to have major impacts on surface energy (Banfield and 
Zhang, 2001), effects on Eq. 4.12 are unknown. However, we tested each model by 
comparing the deviations from the data. We obtained the correlation coefficients of 
R2 = 0.91 and R2 = 0.89 for the aggregation model and the Ostwald ripening model, 
respectively. The root-mean-squared-error (RMSE) was applied for the upper and 
lower limits of the model and RMSE = 0.16 and 0.31 for the aggregation model and 
the Ostwald ripening model, respectively. These simple tests and the fact that we 
obtain an n value suggesting an unlikely mechanism (n = 5), make the aggregation-
growth model our preferred model. No further discrimination between the models 
can be made based solely on our XRD dataset. Huang et al. (2003) demonstrated 
that the growth of nanoparticulate ZnS involved first an aggregation mechanism and 
then Ostwald ripening. The driving force for Ostwald ripening is the differences in 
solubility of particles, which is a function of the grain size since smaller grains have 
a higher surface energy (Steefel and van Capellen, 1990). In monodisperse systems, 
there is limited driving force of Ostwald ripening. However, the aggregation of 
monodisperse systems could create a driving force for Ostwald ripening, which 
would explain the occurrence of stages with different growth mechanisms. 
 
4.5.3. Isotopic exchange during Ostwald ripening 
Isotope exchange models between liquids and crystals exist for oxygen and 
hydrogen systematics for high temperature silicate-water and carbonate-water systems 
(Northrop & Clayton, 1966; Graham, 1981; Cole et al., 1983; Matthews et al., 
1983a,b; Graham et al., 1984; Graham and Elphick, 1991; Stoffregen, 1996; Criss, 
1999). Dubinina and Lakshtanov (1997) developed three models for isotopic 
exchange during dissolution-precipitation processes including crystal synthesis and 
Ostwald ripening. During Ostwald ripening, smaller particles dissolve in favour of 
larger particles and thus the number of particles decreases. The dissolution depends on 
the solubility of the small particles, and thus on their critical radius and the degree of 
supersaturation of the solution. In their Ostwald ripening model, Dubinina and 
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Lakshtanov (1997) use the evolution of the crystal size distribution with time to 
calculate the amount of mass dissolved. 
Ohfuji & Rickard (2006) determined the particle size distribution of freshly 
precipitated mackinawite with HRTEM. They showed that the average thickness and 
length of FeSm is 3.6 x 5.6 nm. With the Scherrer equation we only calculated the 
average size of the domain, and not the particle size distribution in our experiments. 
This makes direct use of the Dubinina and Lakshtanov approach difficult. We thus 
estimated the number of Fe atoms X released at time t from the number of particles P 



















PPX FeSttt ×−= ++  (4.14) 
where  is the density of mackinawite (4.1 g cm-3) and V is the volume calculated 
from the average size data and MtotalFeS is the total mass of FeSm precipitated in the 
experiment (0.044 g), NFeS is the constant total number of Fe atoms in FeSm and P0 is 
the number of FeSm particles at t=0. 
When a fraction of FeSm dissolves into the solution and releases X atoms of Fe, 
the isotopic composition of Fe(II)aq is then given by Eq. 4.15: 






















δ  (4.15) 
where Nsol is the constant total number of Fe atoms in Fe(II)aq. The subsequent re-
crystallisation of the X into larger FeSm particles gives a bulk FeSm composition of 
(Eq. 4.16): 

















δ   (4.16) 
Fig. 4.7 shows that the Oswald ripening isotopic exchange model overestimates 
the rate of isotopic exchange, i.e. Fe isotopes stop exchanging at a very early stage, 
and the model is limited by the extent of dissolution-recrystallisation. The particle size 
evolution indicates that the amount of particles P decreases by ~ 2 during the 
experiment (Fig. 4.4.B, Eq. 4.13), meaning that about at least half of total FeSm 
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should dissolve, mixing Fe atoms with the solution, and recrystallise into larger 
particles. Such scenario does not represent the observed variations in 56Fe of FeSm, 
as it supports an extent of exchange towards bulk composition of  ~ 42 %. However, 
the experimental data show that  ~ 75 % at the end of the experiment. 
 
 
Figure 4.7: Isotopic exchange between FeSm and Fe(II)aq during Ostwald ripening. The cartoon 
illustrates the release of Fe atoms into the solution during the dissolution of smaller particles. The 
graph compares our 25°C isotope data for Fe(II)aq (open circles) and FeSm (filled circles) with a model 
for isotopic exchange via Ostwald ripening (solid lines). Dashed lines represent the theoretical 
evolution of 56FeFeS with increasing .  
 
4.5.4. Isotopic exchange during aggregation 
We based this model on nanoparticle structure and growth observations by 
Banfield and Zhang (2001), Zhang et al. (2003) and Huang et al. (2009). They 
described nanoparticulate TiO2, ZnS and NiS to be composed of a structured core and 
a distorted surface layer. In our model, we consider the measured composition of 
FeSm as a mixture between a non-exchanging FeSm core and an exchanging surface 
layer. We assume that the total exchange between the surface and the solution is 
limited to 100 % of isotope exchange. The thickness h of the surface layer is a 
function of the media (Banfield and Zhang, 2001), i.e. the strength of H2O molecules 
on the surface of FeSm nanoparticles, and is constant with nanoparticle growth 
(Banfield and Zhang, 2001). Particles grow by aggregation-growth, meaning that the 
non-exchanging core grows as the bulk particle grows, and as the number of atoms in 
the surface decreases. The thickness h of the surface layer is set as a constant and 
different values for h were applied to the model. For each given h we can calculate the 
variation of number of Fe atoms N with time in the core, the surface layer and the 
solution. 





































565656 δδδ  (4.17) 
If q represents the amount of Fe atoms transported from the surface to the 
solution, and from the solution to the surface, we can calculate the composition of the 











































  (4.19) 
with q given by the differences in composition of the solution and the surface layer 
(Eq. 4.20): 






















= ++   (4.20) 
At t+1, the growing core incorporates a fraction of the surface and its composition 
is given by Eq. 4.21: 





















δ   (4.21) 







FeSFeδ . Fig. 4.8 
shows the isotopic evolution of the surface layer (dashed lines), the solution (black 
lines) and bulk FeSm (grey lines) for varying h. Our model curves’ shapes are 
consistent with observed isotope exchange. Our model best fits the isotopic data for h 
~ 0.8 nm, based on a maximum isotope exchange of 100 %. 
 
 
Figure 4.8: Isotopic exchange between the mackinawite surface layer and the solution, assuming a 
constant surface layer thickness h and a non-exchanging core. The cartoon uses FeSm nanoparticle 
shape data from Ohfuji and Rickard (2006) and assumes aggregation-growth on <001> as suggested by 
 158 
that work. At t=0, the volume of the nanoparticle surface or shell layer (grey) is greater than that of the 
core (black). After aggregation-growth (t=i) on (001) the surface volume has decreased. The shadowed 
areas represent the volume of the surface incorporated into the core. The graph compares our 25°C 
isotope data for Fe(II)aq (open circles) and FeSm (filled circles) and a model for isotopic exchange via 
aggregation-growth. Dashed lines represent the compositions of the surface layer. Grey lines represent 
the composition of bulk FeSm. Black lines represent the composition of the solution. The values chosen 
for the thickness of the surface layer, h, are consistent with the amount of exchange observed and the 
measured size particle. Note that this model is only true assuming a maximum exchange of 100 %. 
 
In their work, Wolthers et al (2003) could not discriminate a surface layer for 
FeSm nanoparticles from their X-ray diffraction analysis. Wolthers et al. (2005b) 
developed a surface structural model of mackinawite nanoparticles based on titration 
methods.  They showed that the FeSm surface is characterised by a doubly protonated 
weak surface site which they represented as Fe3SH2+ and suggested that this possibly 
reflected that one of the Fe-S bonds Fe3SH2+ is broken. This would facilitate rapid 
cation exchange between the surface and the solution. In contrast to the HRTEM 
observations on ZnS and TiO2 nanoparticles (Banfield and Zhang, 2001), FeSm 
nanoparticles are not suitable for direct observations of aggregation-growth. 
Reference to the HRTEM images of Ohfuji and Rickard (2006, Fig. 4.9) shows that 
the FeSm nanoparticles consist of tabular crystals only 2-6 nm thick but with 3-11nm 
edge lengths. Although it is possible that some interfaces in these HRTEM images 
reflect aggregation-growth, it is not possible to distinguish with certainty between 
aggregation-growth interfaces between these plates and random overlap of two or 
more plates. It is even more difficult as FeSm nanoparticles tend to flocculate readily. 
However, the edges of the FeSm nanoparticles are diffuse, which is consistent with a 
disordered surface phase. Interestingly, FeSm is anhydrous (Rickard et al., 2006), in 
contrast to NiS nanoparticles (Huang et al., 2009) and thus the surface layer is 
disordered rather than hydrated. This means that the density of the FeSm surface layer 
is relatively close to that of bulk FeSm as we here assume in our model. It seems 
probable that aggregation-growth in FeSm nanoparticles occurs between the large 
<001> surfaces and this is intuitively consistent with development of the layered 
structure of bulk mackinawite. 
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Figure 4.9: TEM images of aggregates of FeSm nanoparticles. The figure is from Ohfuji and Rickard 
(2006). 
 
4.5.5. Implications for natural systems 
In our experiments, we precipitated 10% of available dissolved Fe, thus the 
measured fractionation can be recorded in sedimentary environments where only a 
small portion of Fe precipitates from the Fe(II)aq reservoir as FeSm (Butler et al., 
2005). Rickard (1995) showed that in acidic environments, the precipitation of FeSm 
is rapid (<1s) when the IAP for Fe2+ and H2S exceeds the solubility condition 
determined by Rickard (2006), i.e. where log{Fe2+} + log{H2S} - 2log{H
+} 	 3.5. In 
neutral to alkaline environments, FeSm precipitation is pH independent and the 
equilibrium solubility condition is given by logKsp = log{FeS
0
aq} = -5.7. This means 
that our experimental set up is representative of natural systems in which {Fe(II)} >> 
{S(-II)} or where {Fe(II)} and {S(-II)} are low, i.e. where the I.A.P. only just exceeds 
the Ksp. In sediments, [Fe(II)] increases with the reduction of Fe(III) (oxy-hydr)oxides 
by microbial dissimilatory iron(III) reduction (DIR) or H2S reduction. Fe isotope 
fractionation on mackinawite might thus be recorded at the oxic-anoxic interface 
where sulphide starts forming from sulphate reduction or within the anoxic zone in 
which H2S reduces Fe(III) species to Fe
2+. In environments in which Fe reduction is 
extensive, the process may be localised to the boundary between the suboxic and the 
anoxic zones.  
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Severmann et al. (2006) documented 56Fe values for pore waters, pyrite, and HCl 
extractable solid phases (i.e. FeSm and Fe(OH)3) in modern anoxic margin basins. In 
these sediments, where DIR can be extensive, pore water Fe(II)aq is 
56Fe depleted 
(down to ~ -3 ‰). Fe isotope data from benthic fluxes (Severmann et al., 2010), 
estuarine pore waters (Rouxel et al., 2008) and Fe(II) adsorption experiments 
(Teutsch et al., 2005) suggest that the production of such highly 56Fe depleted pore 
water Fe(II)aq is not only due to DIR but also to Fe partial removal as 
56Fe enriched 
(hydr)oxides and Fe adsorption onto Fe (hydr)oxides. If we consider that 56FeFeS are 
reflected by the HCl extractable solid fraction for which Fe(II)HCl/Fe(III)HCl > 80 % as 
suggested by Johnson et al. (2008), the data imply that most natural Fe(II)aq and FeSm 
isotope signatures give 56FeFe(II)-FeS far from those found in our experiments. This is 
because of the highly 56Fe depleted values measured in Fe(II)aq. However, 
fractionation factors can not be directly calculated from the measured Fe isotopic 
compositions of the natural phases since Fe(II)aq can remain dissolved for large 
temporal scales and there is no reason why within the same sediment, FeSm should 
have been precipitated directly from surrounding pore waters (Rickard and Luther, 
2007). Mackinawite is a key mineral for pyrite formation since systems that contain 
FeSm are close to the pyrite supersaturation limit (Rickard and Luther, 2007). Pyrite 
formation involving mackinawite as a reactant may thus have been an important 
pathway in Fe(II)aq rich, Proterozoic and Archean oceans. FeSm dissolves into FeS 
clusters which react with S(-II)aq to from pyrite. As pyrite solubility is very low, the 
sequestration of FeFeS into the ultimate pyrite product is a unidirectional process and 
the kinetic Fe isotope fractionation on mackinawite may be transferred to pyrite. 
Where pyrite formation is fast, Fe isotope fractionation on mackinawite formation 
may thus contribute to the recorded Fe isotope signature. Further experiments on Fe 
isotope fractionation during the formation of pyrite are required to address the 
discrepancies between measured compositions (Rouxel et al., 2005) and calculated 
fractionation factors (Polyakov & Mineev, 2000, Polyakov et al., 2007), beyond those 
due to variations in the reservoir composition. 
A model in which nanoparticles are composed by a structured core and a distorted 
surface layer and grow via aggregation-growth is consistent with the observations that 
the rate constant of Fe isotope exchange between FeSm and Fe(II)aq changes over time. 
Fe isotopes are mobile within the surface-solution system, but the signature of bulk 
FeSm cannot provide a constant rate of exchange since only a varying part of the 
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particle is exchanging, the core of the particle being prevented from exchange. 
Because a part of Fe isotopes are sequestered into the core, it is unlikely that the final 
isotopic composition of FeSm, although in an apparent steady-state, could represent 
isotopic equilibrium. This supports Butler et al. (2005) who suggested that the final 
system was in isotopic metastable disequilibrium rather than in true equilibrium. 
Where ageing time between FeSm and Fe(II)aq is sufficient, the core-shell structure we 
propose for FeSm should favour progressive FeSm depletion in 
56Fe as Fe atoms 
contained in the shell exchange with surrounding 56Fe depleted Fe(II)aq. 
Poulson et al. (2005) found similar behaviour for the exchange of Fe isotopes 
between dissolved Fe and the surface of nanoparticulate ferrihydrite. Waychunas et al. 
(2005) showed that goethite nanoparticle growth results from an aggregation process. 
Such a growth process has implications for the retention of toxic metals within the 
aggregate structure. Once adsorbed at the surface of nanoparticles, toxic metals may 
be trapped during the aggregation growth process, with no possibility to exchange and 
be released into solution (Waychunas et al., 2005).  Our nanoparticle growth model 
for FeSm has similar implications for the role of FeSm in removing contaminant metal 
cations from solution (e.g. Morse and Arakaki, 1993; Arakaki and Morse, 1993; 
Watson et al., 1995; Wolthers et al., 2005a; Waychunas et al., 2005). 
 
4.6. Conclusions 
The Fe isotope fractionation between mackinawite and Fe(II)aq at time = 0 is 1.17 
± 0.16 ‰ at 25°C and 0.98 ± 0.16 ‰ at 2°C which, within error, is consistent with the 
fractionation determined by Butler et al. (2005) of 0.85 ± 0.30 ‰. 
The rate of Fe isotope exchange between FeSm and Fe(II)aq changes over time, and 
approaches 0 when ~ 75 % of Fe isotopes have exchanged. The extent of isotopic 
exchange is dependent on the growth of FeSm nanoparticles, which supports an 
aggregation-growth model rather than Ostwald ripening. In the aggregation-growth 
model, FeSm nanoparticles are composed by a structured core and a distorted surface 
layer, and Fe isotopes are only mobile between the surface layer and the media. With 
time, particles growth and the relative proportion of the surface layer decreases with 
respect to the core. The rate constant of Fe isotope exchange is second-order during 
the early stages of nanoparticle growth, i.e. when the proportion of non-exchangeable 
core in the bulk FeSm is still negligible. The rate constant of Fe isotope exchange is 
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approaching zero when the non-exchangeable core is a major component of the bulk 
FeSm. 
Our experimentation does not permit the determination of equilibrium 56FeFe(II)-
FeS, which would require the use of an enriched tracer. However, the core-shell 
structure of FeSm nanoparticles forbids isotopes contained in the core to exchange 
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Abstract 
We report the first experimentally-determined metal isotope equilibrium fractionation factors for a 
metal sulfide at ambient temperatures and pressures. Mackinawite, FeSm, can be a reactive component 
in diagenetic pyrite formation and the extent of equilibration between FeSm and dissolved Fe(II) has 
direct implications the 56Fe signatures recorded in ultimate diagenetic pyrite. The measured 
equilibrium Fe isotope fractionation between Fe(II)aq and FeSm is 
56FeFe(II)-FeS = -0.52 ± 0.16 ‰ at 2°C 
and 56FeFe(II)-FeS = -0.33 ± 0.12 ‰ at 25°C. At the experimental pH of 4, the equilibrium fractionation 
factor between all dissolved Fe(II) species and FeSm (56FeFe(II)-FeS) equates to the fractionation factor 
between Fe2+aq and FeSm (
56FeFe2+-FeS). The measured fractionations are of the same order as other 
non–redox fractionations measured in low-temperature Fe-C-O systems. We show that at low 
temperature, the Fe(II)aq – FeSm system is slowly asymptotic to isotopic equilibrium and consequently, 
FeSm is likely to partially conserve kinetically derived isotopic signatures generated on precipitation. 
Combined with the range of published kinetic fractionations measured on FeSm precipitation, our data 
suggest that, subject to the degree of isotope exchange during equilibration, FeSm can display 
56Fe 
compositions encompassing in a ~ 1.4 ‰ range.  
Keywords: Fe isotopes, equilibrium, FeS, mackinawite, pyrite 
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5.1. Introduction 
In the past decade, transition metal isotope analyses have become widespread as a 
means of probing present-day and ancient environmental processes and the evolution 
of (bio)geochemical cycles. Many of these studies have utilised metal-sulfide isotope 
systems, and interpreting their results has often been restricted to the lack of provision 
of experimental data that quantify the direction and extent of isotope fractionations. 
Iron isotope systematics applied on Fe sulfides and especially pyrite, the major 
environmentally significant transition metal sulfide, are an eloquent example. Most 
terrestrial rocks have very homogeneous 56Fe signatures clustered around ~ 0 ‰ (e.g. 
Beard and Johnson, 2004; Dauphas and Rouxel, 2006, for review). Fe isotope 
excursions (where 56Fe varies from ~ +1 ‰ to ~ -3.5 ‰) recorded in Precambrian, 
anoxic, sulphidic sediments (e.g. Rouxel et al., 2005) in which pyrite is the dominant 
Fe-S species, raised divergent interpretations (e.g. Archer and Vance, 2006; Rouxel et 
al., 2005). Various theories have been proposed to explain those variation (e.g. 
Yamaguchi et al., 2005; Anbar and Rouxel, 2007; Johnson et al., 2008). Major 
questions are whether or not i) pyrite is a passive recorder of the Fe(II) reservoir; ii) 
its formation is accompanied by significant Fe isotope fractionation; and iii) microbial 
activity is responsible for those Fe isotope signatures. To date, none of the proposed 
mechanisms responsible for the observed variations has been confirmed 
experimentally. 
 Experimental data on aqueous Fe species, Fe-oxides and Fe-carbonates have been 
documented and demonstrate that the largest Fe isotope fractionations are produced 
during redox reactions in both biologically mediated (Brantley et al., 2001,2004; 
Anbar, 2004; Johnson et al., 2004; Beard et al., 1999,2003; Icopini et al., 2004; Croal 
et al., 2004; Teutsch et al., 2005) and abiotic systems (Anbar et al., 2000; Bullen et 
al., 2001; Skulan et al., 2002 Brantley et al., 2004; Welch et al., 2003; Matthews et 
al., 2004; Jang et al., 2008, Handler et al., 2009; Hill et al., 2008; McAnena, 2009, 
Beard et al., 2010). Smaller, but significant fractionations have been seen in abiotic 
non-redox reactions (Wiesli et al., 2004), including the ligand-exchange process 
involved in mackinawite (FeSm) formation (Butler et al., 2005). 
FeSm is a metastable nanoparticulate tetragonal Fe(II) monosulfide (Rickard and 
Luther, 2007, and references therein) and is a potential reactive iron source in pyrite 
forming systems since FeSm dissolves and reacts to form pyrite (Rickard and Luther, 
1997). Isotopic mobility and potential equilibration between FeSm and coexisting 
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dissolved Fe(II) species (Fe(II)aq) have direct implications for the ultimate Fe isotope 
signature of pyrite preserved in geological record. Rickard (2006) showed that in 
acidic environments, the pH dependent solubility of Fesm is described by log Ksp1 = 
{ } { } { } 5.3log2loglog 22 ≥−+ ++ HSHFe . In neutral to alkaline environments, FeSm 
precipitation is pH independent. Total dissolved Fe(II) is dominated by FeS clusters, 
FeS0aq, and log Ksp2 = log {FeS
0
aq} = -5.7. For all natural environments where its 
solubility product is exceeded, FeSm is the first Fe-S phase to precipitate. 
The kinetics and mechanisms of FeSm formation from aqueous solutions have 
been reported (Rickard, 1995) and the fast precipitation process is a ligand-exchange 
reaction which follows Eigen-Wilkins kinetics. FeSm is readily formed in aqueous 
solutions as a nanoparticulate precipitate (Wolthers et al., 2003; Michel et al., 2005; 
Ohfuji and Rickard, 2006; Rickard et al., 2006; Jeong et al., 2008). FeSm nucleation 
involves the initial formation of FeS0aq (Theberge and Luther, 1997; Luther and 
Rickard, 2005). 
Since FeSm formation is fast and readily reversible (cf. Rickard, 2006), the FeSm-
Fe(II)aq system is particularly suitable for equilibrium fractionation studies. However, 
experimental measurements are limited to kinetic fractionation factors (Butler et al., 
2005). Butler and co-workers (Butler et al., 2005; Guilbaud et al., 2009) observed that 
the precipitation of FeSm nanoparticles from Fe(II) solution at low temperature is 
accompanied by a kinetic fractionation ranging from 56FeFe(II)-FeS ~ + 0.9 to ~ 0.3 ‰. 
The observation that FeSm systematically incorporates the lighter isotopes (Butler et 
al., 2005) has often been generalised to pyrite, assuming that a fractionation of a 
similar magnitude would be recorded during pyrite formation (Severmann et al., 
2006; Matthews et al., 2004; Rouxel et al., 2005; Archer and Vance, 2006; 
Yamagushi et al., 2005). This resulted in various interpretations for the highly 56Fe 
depleted Archean pyrite signatures. In particular, the calculated reduced partition 
factor (56/54) for the Fe2+-pyrite couple, described by Eq. 5.1, predict 56Fe enrichment 
in pyrite (e.g. Polyakov et al., 2000; Polyakov and Mineev, 2007; Blanchard et al., 
2009): 
54/56354/56354/563 ln10ln10ln10 22 pyriteFepyriteFe ββα −= ++ −    (5.1) 
where  stands for the fractionation factor and  for the reduced partition factor. 
Butler et al. (2005) noted that even at steady state, the observed 56FeFe(II)-FeS did 
not necessarily represent isotopic equilibrium. Their arguments were based on the fact 
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that i) FeSm is a sparingly soluble mineral (Rickard, 2006) and isotopic exchange is 
likely to happen via dissolution-precipitation between the mineral surface and the 
solution rather than the bulk mineral and the solution; and ii) the temperature 
independence of fractionation within the range 2-40°C which supports kinetic effects 
rather than equilibrium. Formation and dissolution of FeSm is kinetically anisotropic, 
and the dissolution kinetics are inhibited by transport of reaction components through 
the diffusion boundary layer (cf. Rickard and Sjoberg, 1983). Extrapolations of kinetic 
isotope fractionations to equilibrium values gave unreasonably large apparent 
equilibrium factors (Matsuhisa et al., 1978). Matsuhisa et al. (1978) developed the 
three-isotope method to overcome this problem and determine experimentally 
equilibrium isotope fractionations. 
In this contribution, we use the three isotope method to determine experimentally 
the equilibrium Fe isotope fractionation between Fe2+aq and FeSm. We assess whether 
or not isotopic equilibrium can be rapidly reached at low temperatures in the aqueous 
Fe-S system and we discuss our results in terms of computationally derived data and 
implications of sedimentary pyrite formation. So far, only one other experimental 
study has been published on Fe isotope fractionations occurring within the Fe-S 
system (Butler et al., 2005). Our results are the first reported experimental equilibrium 
metal isotope fractionation in any metal sulfide system. 
 
5.2. Methods 
5.2.1. The three isotope method 
The three isotope method (Matsuhisa et al., 1978) is a robust experimental method 
that allows the determination of equilibrium fractionation factors for elements with 
three or more stable isotopes. Its principle is to track the evolution of a two end-
member system initially far from isotopic equilibrium. It involves the spike-
enrichment of one phase in order to shift its isotopic composition away from the 
terrestrial mass fractionation line (TFL, Fig. 5.1). The system is then allowed to 
exchange and equilibrate towards a secondary fractionation line (SFL, or equilibrium 
fractionation line). Since the SFL is mass dependant, it is parallel to the TFL and lies 
between the composition of the spiked starting material and the TFL. Any deviation 
from the bulk composition along the SFL is the measured equilibrium isotopic 
fractionation between the two phases. In low temperature systems, in which the 
kinetics are slow, experiments might fail to reach equilibrium, i.e. to reach the 
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secondary fractionation line in adequate time for experimental purposes. In such 
cases, the equilibrium fractionation can be determined from the best fits of the 
evolution of the phases. 
 
Figure 5.1: Principle of the three isotope method. Starting materials are represented by squares. Starting 
Fe(II)aq lies on the terrestrial fractionation line (TFL), enriched 
56FeS has a composition shifted from 
the TFL. Circles represent the evolution of isotopic compositions of both phases with time. When the 
system reaches isotopic equilibrium, the final compositions will lie on the secondary fractionation line 
(SFL). If equilibirum = 0‰, final compositions will meet at the bulk composition represented by a star. If 
equilibirum  0‰, it equals the difference between Fe(II), equilibrium and FeS, equilibrium. 
 
The three isotope method was first used for studies on O (e.g. Matsuhisa, 1979; 
Matthews et al., 1983a,b). More recently, three studies applied this method to the Fe 
isotope systematics: between oxide and silicate phases at high temperature (Shahar et 
al., 2008), between chloro-complexes in aqueous solutions (Hill and Schauble, 2008), 
and between Fe(II)aq and goethite (Beard et al., 2010). In our experiments, we aged 
56Fe enriched mackinawite (56FeSm) with an Fe(II)aq solution of “normal” isotopic 
abundance. 
The equilibrium isotope fractionation between Fe(II)aq and FeSm, 57FeFe(II)-FeS, is 
the difference between the intersections of the regression lines, 57FeInters.i, with the 









=57δ  (5.2) 
where a and c are the slopes of the regression lines and the SFL, respectively, b and d 
are the intercepts of the regression lines and the SFL, respectively, and i stands for the 
phase of interest. The uncertainties on 57FeInters.Fe(II) and 
57
FeInters.FeS, the upper and 
lower intercepts between the 95% envelopes on the regression lines, were calculated 
with the R 2.4.1.® statistical package. The coordinates of the lower and upper 95 % 



























Rα  (5.3) 
where Y is the coordinate of the 95% envelope for each corresponding x on the 
regression line (y = ax + c), n is the number of data points, t/2 is the value of the t-
statistic for a two-tailed test (with n - 2), the coordinate of the regression line, xi is the 
coordinate of data points and x is the mean of the x coordinates. Uncertainties on 
57FeFeS-Fe(II) are propagated from the uncertainties on 57Fe with Eq. 5.4: 








57FeFeS-Fe(II) and its uncertainties were converted into 56FeFeS-Fe(II) notation. 
 
5.2.2. Preparation of 
56
Fe enriched FeSm 
Although some workers have used enriched Fe(II)aq solutions, we preferred the 
solid phase (i.e. mackinawite) to be the enriched phase for practical reasons. The 
preparation of clean, contamination-free 56Fe enriched FeSm is easier experimentally 
than preparing 56Fe enriched Fe(II)aq from 
56Fe(0) metal, which would involve the use 
of metal-complexing species to keep the solution reduced, and which consequently 
may influence the experimental results. Two 56FeSm reservoirs of different 
composition were produced. All reagents and acids were analytical grade and 
solutions were prepared under oxygen free conditions using 18.2 M cm deionised 
water, sparged with O2 free grade N2 for 20-40 min (Butler et al., 1994). Rigorous 
exclusion of oxygen is essential because FeSm is pyrophoric and Fe(II)aq itself is prone 
to oxidation. 56FeSm was prepared by mixing a source of 
56Fe enriched iron with 
Fe(NH4)2(SO4)2.6H2O (Sigma Aldrich™). The 
56Fe metal, for which the enrichment is 
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given by m(56Fe)/m(Fe) = 0.997, was supplied by CortecNet™. For any system, the 



























  (5.5) 
where  and  are isotopes of element N, and j is the sum of all the end-members 
containing N. In the case of Fe isotope ratios in a system with two components A and 
























where 56FeA is the number of 






54  is the 
sum of the 54Fe atoms brought by A and the 54Fe atoms brought by B. This equation is 











































































where m(Fe)A is the mass of Fe in A and M(Fe)A is the molar mass of Fe in A, which 
is not necessarily the same as M(Fe)B in the case of enriched materials since enriched 
materials have a mass different from bulk. The mass of Fe required for both solutions 




























































































=   (5.8) 
 
An accurately weighed aliquot of 56Fe metal was dissolved in 40 mL hot 3 M HCl, 
evaporated to incipient dryness to remove the excess acid and the solution was made 
up to 100 mL. The pH of the solution was determined by an Orion Research EA920® 
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pH meter and was 3 ± 0.1. After N2 purging, the solution was introduced into an 
MBraun Labmaster 130® re-circulating anoxic chamber. In the glove-box, 56Fe 
solution was mixed with 20 mL 1.4 M hydroxylamine hydrochloride to reduce 
quantitatively Fe3+ to Fe2+. Quantitative reduction to Fe2+ is crucial to prevent 
formation of S(0) with addition of dissolved HS-. The 56Fe(II) solution was mixed 
with 250 mL 0.16 M Fe(II) solution made from the dissolution of 
Fe(NH4)2(SO4)2.6H2O (Sigma Aldrich
®) in N2 sparged water. Reduction efficiency 
was checked by quantifying the residual [Fe3+] in the solution with thiocyanate. An 
aliquot of the solution was acidified with 2 mL 2M HCl, reacted with 5 mL 4M 
thiocyanate and made up to 50 mL. The aliquot was analysed with a Perkin Elmer 
Lambda2® dual beam UV-Vis. Typical response was less than 0.2 ppm for [Fe3+] 
which represents ~ 0.005‰ of total [Fe]. 
56FeS was precipitated by mixing the bulk Fe solution with equimolar Na2S.9H2O 
(Sigma Aldrich®). The precipitate was filtered with a Buchner filter (Whatman® No. 1 
paper) and the filtrate was filtered with a 0.45 m membrane Millipore™ filter. 
Freshly precipitated 56FeSm was re-suspended in water and re-filtered three times, 
freeze-dried for three days (Rickard et al., 2006) and stored in the glove-box. The 




In the glove-box, 0.001 mol of freeze-dried 56FeSm was weighed into a serum 
bottle, 20 mL 0.05 M Fe(II) solution (pH 4) were added and the serum bottle was 
sealed with a butyl stopper and an aluminium crimp seal. The serum bottles were 
placed for ageing on a shaking platform for 25°C experiments and in Haake F6/C25® 
and Haake DC10/K10® refrigerated circulators for 2°C experiments. After ageing 
(ageing time up to four months for the 25°C experiment and one month for the 2°C 
experiments), the solid phase was separated from the aqueous phase by vacuum 
filtration on a 0.45 m membrane Millipore® filter. The filtrate solution was acidified 
with concentrated HCl and 56FeSm was dissolved by the addition of a few drops of 




Samples (Fe(III) in HCl) were taken to dryness and re-dissolved in 5% HNO3. No 
column chemistry was performed since our samples were experimentally synthesised 
from analytical grade reagents. 56/54Fe and 57/54Fe isotope ratios were measured on a 
GV IsoProbe (formerly Micromass) multi-collection inductively coupled mass 
spectrometer (MC-ICP-MS). The detailed analytical protocol has been described 
elsewhere (Guilbaud et al., 2010). The major challenge for accurate and precise 
measurement of Fe isotopes is the removal of atomic and polyatomic interferences 
induced by the Ar plasma. This was achieved by increasing the signal-to-background 
ratio (using high concentration samples and introducing collision gases into the 
hexapole to decrease and/or remove the interferences) and by stabilising the 
instrumental mass bias minimising the hexapole potential and decreasing the 
extraction voltage. 
3-10 ppm Fe solutions were introduced into an ApexQ inlet system at 50 µL min-1 
to maximise the signal to ~0.3 V on mass 54, ~6 V on mass 56 and ~0.02 V on mass 
57. Hexapole rf amplitude was set at 50% which enhances transmission of Fe masses. 
The analysis was run in hard extraction mode (-250 V). 1.8 mL min-1 Ar and 2 mL 
min-1 H2 were introduced into the hexapole collision cell to remove completely ArN
+ 
on mass 54 and ArOH+ on mass 57 and to decrease ArO+ on mass 56 to 0.006 V 
which represents 0.1% of the Fe peak. Cr+ interferences on mass 54 were monitored 
on mass 52 but never detected. Instrumental mass bias was corrected by bracketing 
each sample with a standard and Fe isotope results are presented conventionally using 
































Feδ  (5.10) 
The precision of our measurements was the reproducibility 2sd obtained by measuring 




5.2.5. Experimental errors and data handling using spiked material in the Fe isotope 
system 
General equations used for traditional stable isotope systems must be used with 
precaution in the Fe isotope system. This is due to the fact that unlike 18O in the O 
system, 57Fe and 54Fe are not trace isotopes with respect to 56Fe. As a result, when 
mass balancing equations, the error will be significantly increased using usual isotopic 
ratios (Eq 1.14a-b-c in Criss, 1999) instead of the (mass of isotope)/(mass of element) 
ratios. For most systems, this phenomenon is hidden by the large experimental error, 
but when using highly enriched material (as we did for 56FeS ~ 308 ‰), it becomes 
crucial to use the true equation. 
Thus for mass balance calculations on enriched material, we considered the 
reproducibility between two duplicates to be the true external precision. 
 
5.3. Results 
Experimental conditions, analytical results and fractionations are presented in 
Table 5.1. Experimental quality control was performed by monitoring the mass 
conservation law. At any time during the experiment, the weighted sum of the 

























×  (5.11) 
where f is the mass fraction of Fe in the solution. For the experiment starting with 
56FeFeS ~ 308 ‰, the bulk composition of the system was 102 ± 3 ‰. For the 
experiment starting with 56FeFeS ~ 2.6 ‰, the bulk composition of the system was 
0.83 ± 0.25 ‰. There is a systematic 56Fe enrichment for early experiments, resulting 
in a shift from mass balance towards higher 56Fe values. The likely explanation is 
that this phenomenon is due to 56FeSm nanoparticles passing through the 0.45 m 
filter in the early stages of the experiment, i.e. before FeSm nanoparticles have 
agglomerated. Small amounts of highly 56Fe enriched FeSm would then contaminate 
the Fe(II)aq isotope signature by shifting it towards higher 56Fe values. During 
filtration of samples which have aged more extensively the 0.45 m filter becomes 
clogged by FeSm nanoparticle flocks forming an efficient filter bed and no FeSm 
contribution is seen in the liquid phase. Because imperfectly mass-balanced 
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experiments only concern the very first experiments, it has no observable effect on 




Table 5.1: Experimental conditions and isotopic analysis. Analytical precision of the isotopic data is the 
2standard deviation (2) of the external standard (Baker™ Fe solution) and was ± 0.08 ‰ and ± 0.17 
‰ for 56Fe and 57Fe respectively. 56FeFe(II)-FeS was calculated from 
57FeFe(II)-FeS. Errors on 
56FeFeS-
Fe(II) are propagated from those determined by the intercepts between the 95% confidence envelopes and 
the secondary fractionation line from Eqs. 5.2 and 5.3. The mass balance and the extent of reaction F 
were calculated from Eqs. 5.11 and 5.12, respectively. 
 
5.3.1. Experiment starting with 
56
FeFeS ~ 308 ‰ at 25°C and 2°C 
Working with metastable nanoparticulate phases that are oxygen sensitive and 
responsive to small pH variations generally makes experimental errors large 
compared to analytical errors. For technical reasons, both analytical and experimental 
errors increase significantly when using enriched material. Experimentally, this is 
because, when even small amounts of the enriched material contaminate the natural 
component, it may considerably affect the bulk isotope signature. Analytically, the 
signal of the non-enriched isotope peaks decreases considerably, making the isotope 
ratio analysis irreproducible. Starting with initial 56FeFe(II)-FeS as large as -308 ‰, one 
would expect to produce large error bars on the predicted equilibrium 56FeFe(II)-FeS 
using the three isotope method. However in our case, the enrichment was so large that 
experimental and analytical errors are diluted on the projection on the SFL. The extent 
of isotopic exchange F is given by (Graham et al., 1981; Criss, 1999; Johnson et al., 












=    (5.12) 
where the subscripts 0 and eq stand for initial and equilibrium, respectively. The 
advantage when using enriched starting material, is that the value of the equilibrium 
56Feeq (a few per mil) is negligible compared to the starting fractionation (a few 




Figure 5.2: Experimental mass balance for the 56FeFeS ~ 308 ‰ and 
56FeFeS ~ 2.6 ‰ starting 
experiments, calculated from Eq. 5.11. Grey areas represent the experimental external precision based 
on the reproducibility of the replicates. 
 
Fig. 5.3 describes the evolution of the isotope composition of Fe(II)as and FeSm as 
a function of time. Isotopes exchange rapidly within the first 96 hours of ageing. After 
96 hours, the exchange slows down and the extent of isotopic exchange is asymptotic 
to the equilibrium composition. At the end of the experiment, 75 % of isotopes had 
exchanged at 2°C and 85 % of isotopes had exchanged at 25°C after 4 months ageing. 
At equilibrium, the three isotope methods predicts 56Fe enriched FeSm with respect to 
Fe(II)aq for both 25°C and 2°C (Fig. 5.4). Fe isotope fractionation is larger at 2°C 
where 56FeFe(II)-FeS = -0.52 ± 0.16 ‰ than at 25°C where 56FeFe(II)-FeS = -0.33 ± 0.12 
‰, although within error, these are strictly the same. 
 
Figure 5.3: Time evolution of Fe isotope compositions of FeSm (circles) and Fe(II)aq (triangles) at 25°C 
(filled signs) and 2°C (open signs). 2°C experiments were stopped after one month. 25°C experiments 
were stopped after four months. The grey area is the bulk composition of the system including errors. 
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5.3.2. Experiment starting with 
56
FeFeS ~ 2.6 ‰ at 25°C 
For the reasons explained above, it was assumed that decreasing the initial 
fractionation between the phases from ~ 308 ‰ to ~ 2.6 ‰ would produce smaller 
error bars on the predicted 56FeFe(II)-FeS. However in actuality, because the 
compositions of the starting materials are so near to the equilibrium value, the 
experimental error is too large to determine 56FeFe(II)-FeS with precision. Although 
trends were visible on a three isotope plot, the 95 % confidence envelopes were larger 
than the predicted fractionation. 
 
Figure 5.4: Three isotope plots starting with 56FeFeS ~ 308 ‰ and predicted equilibrium Fe isotope 
fractionations on the SFL between FeSm (open circles) and Fe(II)aq (filled circles). 
56FeFe(II)-FeS is the 
difference between the intersections of the regression lines with the SFL. 95 % confidence envelopes 
are calculated from Eq. 5.2. 
 
5.4. Discussion 
5.4.1. Equilibrium fractionation and mechanisms for isotope exchange 
The Fe isotope equilibrium fractionation factor for the exchange reaction between 
Fe(II)aq and FeSm (Eq. 5.13), 
54/56
)( maq FeSIIFe −
α , is 0.99948 ± 0.00002 at 2°C and 0.99967 ± 
0.00002 at 25°C, and is given by Eq. 5.14: 
aqmaqm IIFeFeSIIFeFeS )()(





















α    (5.14) 
Our experimentation demonstrates that at equilibrium, mackinawite is enriched in 
56Fe in respect with Fe(II)aq. This confirms that the Fe isotope fractionation between 
 183 
FeSm and Fe(II)aq after 168 hours ageing, first observed by Butler et al. (2005) does 
not represent equilibrium, but a dynamic steady state. Similarly, Böttcher et al. (1998) 
came to the same conclusion from their S isotope study on FeSm precipitation. We 
suggest that the reasons for the slow isotope exchange in the aqueous Fe-S system 
involve the asymmetric kinetics of dissolution and precipitation of FeSm and the 
growth of FeSm nanoparticles. As noted in the introduction, the rates of precipitation 
(including nucleation and crystal growth) and dissolution of FeSm in the FeSm-H2O 
system are well known (e.g. Rickard, 1995; Pankow and Morgan, 1978; Rickard and 
Luther, 2007). The rate of FeSm dissolution is limited by the transport of components 
through the particle diffusion boundary layer. This means that the driving force for the 
rate is essentially the chemical components potential (including Fe2+, S(-II) and H+) 
between the FeSm surface and the solution. As the bulk system approaches 
equilibrium, the chemical potential becomes smaller and the rate decreases. Moreover, 
the exchange process might be complicated by crystal growth, which includes 
oriented aggregation growth and Ostwald ripening, where small particles dissolve in 
favour of bigger ones. Interestingly, studies on growth mechanisms for ZnS 
nanoparticles (e.g. Huang et al., 2003) and other Fe oxides nanoparticulate systems 
(e.g. Waychunas et al., 2005) indicate that in the nanoscale domain, particles are 
likely to grow via aggregation growth rather than via Ostwald-ripening. Rickard 
(2006) discussed the solubility of FeSm and showed that FeSm is sparingly soluble 
(pKsp = 3.5 ± 0.25). This means that if the mechanism responsible for Fe isotope 
exchange is dissolution-precipitation, it might be restricted to the mineral-media 
interface, rather than between whole FeSm particles and the solution, as one would 
expect with Ostwald-ripening. Since the particle surface area is inversely proportional 
to the rate of dissolution (e.g. Pankow and Morgan, 1978; Rickard and Sjoberg, 
1983), this tends to further inhibit the rate of approach to equilibrium. Experimentally, 
after 30 days, Fe isotopic exchange reaches an apparent constant value of ~ 75% and 
~ 85% of exchange for 2°C and 25°C, respectively. The temperature dependence of 
the isotopic exchange suggests that at higher temperatures, the system would reach 
equilibrium more rapidly. 
 
The pH of the Fe(II) solution was ~ 4, and the dominant Fe bearing species in the 
aqueous solution is the hexaqua Fe[H2O]6
2+ (normally referred as Fe2+). Up to ~ 45% 





aq (PHREEQC Interactive 2.15.0
® gave 45% and Visual 
MINTEQ 2.61® 42%). In Fe[H2O]6SO4
0
aq, there is no Fe-SO4
2- bond as SO4
2- is only 
bonded to the inner-sphere of Fe2+. Its participation in Fe(II)aq speciation has thus a 
negligible effect on the recorded Fe isotope fractionation since the ligand-exchange 
mechanism occurring remains unaffected. Rickard (2006) showed that under acidic 
conditions, the equilibrium solubility of FeSm is described by log Ksp = log {Fe
2+} + 
log {H2S} – 2 log {H
+}. Under neutral to alkaline conditions, the equilibrium 
solubility of FeSm is pH independent, and FeSm dissolves into FeS
0
aq. In our 
experiment, the Fe(II)aq solution was ~ pH 4 and [S(-II)] was 0.05 M. Fig. 5.5 shows 
the solubility curves for FeSm at various [S(-II)]. For [S(-II)] = 0.05 M (this study) 
the dominant Fe(II) species at pH 4 is Fe2+. For these reasons, the measured 
equilibrium fractionation between Fe(II)aq and FeSm equates to the equilibrium 
isotope fractionation between the chemical species Fe2+aq and FeSm, 56FeFe2+-FeS. 
 
 
Figure 5.5: Modified from Rickard (2006). Total dissolved Fe(II) activity in equilibrium with FeSm for 
various total [S(-II)] (bold lines). pH dependent and independent reactions are showed as fine lines. 
Our experiment corresponds to the region marked by a circle. The grey star represents the limit at 
which FeSaq becomes the dominant Fe(II)aq species, as opposed to Fe
2+ (pH ~ 5.2 for [S(-II)] = 0.05 
M). 
 
For pH > 5.2, FeSm solubility is pH independent and total dissolved Fe(II) species 




multinuclear Fe-S complexes whose stoichiometry ranges from Fe2S2 to Fe150S150 
where the first condensed phase precipitates. Luther and Rickard (2005) showed that 
metal sulfide clusters in the Fe-S, Cu-S and Zn-S systems are structurally congruent 
with the first-formed solid phase. This leads to a limited energy barrier in the 
nucleation of these phases from solution. Rickard and Morse (2005) emphasised on 
the structural similarity between Fe2S2 and FeSm. This means that the alkaline 
dissolution of FeSm into FeS
0
aq may involve less Fe-S bond breaking than under acidic 
conditions, and the majority of Fe(II) is ligated by S both in solution or in the solid 
phase. For these reasons we propose that under neutral to alkaline conditions, the 
resulting Fe isotope fractionation between FeSm and FeS
0
aq is small and insignificant. 
The equilibrium isotope distribution between Fe2+aq and FeSm is independent of the 
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∆≈∆ , and that the fractionation 
factor determined in this study is applicable to equilibrium isotope distributions 
between Fe2+aq and FeSm at alkaline pH. It is important to emphasise however that, 
unlike at acid pH, the analytically measured isotopic fractionation between Fe(II)aq 
(i.e. all dissolved Fe(II) species) and FeSm at neutral to alkaline pH is controlled by 
the predominance of the FeS0aq reservoir over the Fe
2+
aq reservoir. Unfortunately, the 
low total dissolved Fe concentrations present at alkaline pH make this area difficult to 
access experimentally. 
 
5.4.2. Comparison with calculated predictions 
To our knowledge, no calculated data exist for the equilibrium fractionation 
between Fe(II)aq and FeSm. However, -factors for aqueous Fe(II), pyrite and the 
Fe(II) monosulfide troilite have been documented (e.g. Schauble et al., 2001; Anbar et 
al., 2005; Polyakov et al., 2000; Polyakov and Mineev, 2007; Blanchard et al., 2009). 
Schauble et al. (2001) used published vibrational data and empirical force field model 
(the Modified Urey-Bradley Force Field model, MUBFF) to estimate the -factors of 
numerous Fe(II) and Fe(III) aqueous complexes including hexaqua Fe(II). Jarzecki et 
al. (2004) and Anbar et al. (2005) used Density Function Theory (DFT) to estimate 
the -factors of hexaqua Fe(III) and hexaqua Fe(II). Polyakov and Mineev (2000) and 
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Polyakov et al. (2007) used Mössbauer and inelastic nuclear resonant X-ray scattering 
(INRXS) data to provide -factors for pyrite and troilite among others. In order to 
interpret natural data measured in pyrite, they assumed that the -factors for 
mackinawite would be similar to those for troilite, since both are Fe(II) monosulfides. 
Blanchard et al. (2009) used first principles calculations (Schauble et al., 2001,2006) 
to discuss the pyrite -factors given by the technique from Polyakov and co-workers. 
Fig. 5.6 shows the temperature dependence of equilibrium 56FeFe(II)-sulfide for pyrite, 
troilite and our experiment. -factors for Fe(II)aq are from Schauble et al. (2001) and 
Anbar et al. (2005). -factors for pyrite and troilite are from Blanchard et al. (2009), 
Polyakov and Mineev (2000) and Polyakov et al. (2007). Our results demonstrate that 
mackinawite and troilite, do not display similar fractionations with respect to Fe(II)aq, 
which is expected since troilite is a hexagonal Fe(II) monosulfide, with no stability 
region at low temperature (Rickard and Luther, 2007). Equilibrium enrichment of 
heavier Fe isotopes in FeSm is consistent with calculated fractionations for pyrite, 
which is predicted to incorporate heavy isotopes. 
Beard et al. (2010) observed that in general, comparisons between predicted and 
observed equilibrium fractionations are more consistent for fluid-fluid or mineral-
mineral fractionations, rather than for fluid-mineral fractionations. In our case, 
calculated values for FeSm -factors are needed to assess the consistency between 
theory and experiments. 
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Figure 5.6: A: -factors for troilite (bold-dot line, Polyakov et al., 2007), Fe(II)aq (grey dot lines, 
Schauble et al., 2001; Anbar et al., 2005) and pyrite (plain lines, Blanchard et al., 2009; Ployakov and 
Mineev, 2000; Polyakov et al., 2007). B: Temperature dependence of 56FeFe(II)-mineral for average pyrite 
(bold line), average troilite (dot-line) and our experimental results (filled squares) calculated from the 
-factors from A. Grey areas correspond to the uncertainties from calculations. 
 
5.4.3. Comparison with other experimental studies 
Experimental studies have shown that redox processes produce the largest 
equilibrium Fe isotope fractionations. At 20°C, equilibrium fractionation between 
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Fe(III)aq and Fe(II)aq is ~ +3 ‰ (Johnson et al., 2002; Welch et al., 2003), 56FeFe(II)aq-
hematite is ~ - 3 ‰ (Johnson et al., 2002; Skulan et al., 2002; Welch et al., 2003); 
56FeFe(II)aq-magnetite is ~ -1.3 ‰ (Johnson et al., 2005), and 56FeFe(II)aq-Fe(III)oxide is ~ -
0.9 ‰ (Bullen et al., 2001) and Beard et al. (2010) observed a 56FeFe(II)aq-goethite of ~ -
1 ‰. In our experiment, [Fe] was equimolar in FeSm and Fe(II)aq and no redox 
process was involved. By analogy, Wiesli et al. (2004) found that the equilibrium 
fractionation recorded between the non-redox Fe(II)aq-siderite couple was ~ 0.48 ‰. 
Amongst all transition metal-sulfides, only the behaviour of Cu and Zn isotopes 
during the precipitation of CuS and ZnS have been studied. CuS precipitates from 
Cu(II)aq with 65CuCu(II)aq-CuS = 3.06 ± 0.14 ‰ (Ehrlich et al., 2004). Ehrlich et al. 
(2004) interpreted this result as a redox effect, since the precipitate is reduced to 
Cu(I)S from the aqueous Cu(II). Like FeS and CuS, Archer (2007) showed that ZnS 
precipitates from Zn(II)aq with depletion in heavy isotopes (66ZnZn(II)aq-ZnS ~ 0.4 ‰). 
However, both Ehrlich et al. (2004) and Archer (2007) argued that their values were 
likely to be kinetic fractionations, CuS and ZnS being significantly less soluble than 
FeSm (KspFeS = 3.5, (Rickard, 2006); KspCuS = 22.2, (Smith et al., 1976); Kspsphalerite = 
10.93, (Dyrssen and Kremling, 1990); where Ksp values given here are for free 
hexaqua species and the minerals). 
 
5.4.4. Implications for modern natural systems 
In marine sedimentary environments, the predominant Fe aqueous species include 
Fe(III)hydroxyl complexes and Fe2+ (Turner et al., 1981). Rickard and Morse (2005) 
argued that in anoxic, sulfidic environments, Fe(III) species are not significant and 
concluded that Fe2+ is the dominant Fe non-sulfide species under those conditions. In 
anoxic sedimentary systems isolated from hydrothermal inputs, sources for Fe2+ 
include i) microbial Fe(III) reduction and ii) sulfidation of detrital and/or authigenic 
highly reactive Fe(III) oxides. Both mechanisms occur at the early stages of 
diagenesis (Canfield et al., 1992; Poulton and Raiswell 2002). Raiswell and Canfield 
(1998) showed that modern anoxic/suboxic sediments (e.g. Black Sea, Cariaca Basin, 
Framvaren Fjord) are enriched in highly reactive Fe minerals. Mechanisms for Fe(III) 
(oxy)hydroxides reduction to Fe(II) are summarised by Wells et al. (1995). 
Sulfidation of Fe(III) oxyhydroxides, such as goethite, is a fast process (Rickard, 
1974; Pyzik and Sommer, 1981; Wei and Osseo-Asare, 1996) that occurs via 
dissolution of the mineral surface, reduction of Fe(III) to Fe(II) and subsequent 
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precipitation of FeSm. In such environments, the major source for S(-II) is bacterial 
sulfate reduction, BSR (Raiswell and Berner, 1985) which occurs at a lower rate than 
Fe reduction (e.g. Berner, 1981; Canfield et al., 1992). Canfield et al. (1992) thus 
concluded that enrichment in dissolved S(-II) in those environments could only occur 
after partial sulfidation of Fe(III) oxides. Hence, FeSm and dissolved Fe(II) should 
coexist in most environments in which {S(-II)} and {Fe(II)} are low (where I.A.P 
just exceeds KspFeS) or where {Fe(II)} is significantly greater than {S(-II)}, i.e. in 
some marginal environments (costal, deltaic and ridge areas), at the oxic-anoxic 
interface where sulfide starts forming from sulphate reduction or within the anoxic 
zone in which H2S reduces Fe(III) species to Fe
2+. In environments in which Fe 
reduction is extensive, the process may be localised to the boundary between the 
suboxic and the anoxic zones. Rickard and Morse (2005) noted that FeSm has been 
principally observed in Fe rich environments, and rarely observed under “normal” 
marine conditions. They showed that where FeSm is present, Fe(II) remains in solution 
as FeS0aq or as Fe(II)aq at quite large concentrations. Our results and those from Butler 
et al. (2005) converge to the same conclusion: in the 2-40°C range, the Fe-S system is 
slow to attain isotopic equilibrium. This means that for surface environments, the 
equilibrium number cannot be simply applied, and naturally occurring FeSm is likely 
to conserve its slow-exchange kinetic signature. Severmann et al. (2006) measured the 
Fe isotope compositions of highly reactive Fe in the anoxic margin basins. They 
documented 56Fe values for pore waters, pyrite, and HCl extractable solid phases (i.e. 
FeSm and Fe(OH)3). Fig. 5.7 compares the natural measurements with experimentally 
determined kinetic and equilibrium fractionations between Fe(II)aq and the solids. The 
data suggest that under diagenetic conditions, the solid products are not in equilibrium 
with the pore water. Rickard et al. (2007) showed in a cross-over plot that there is no 
direct link between FeSm, AVS, and pyrite within the same sediment, since Fe(II)aq 
can remain dissolved for large temporal and spatial scales in anoxic environments. 
Therefore, the measured compositions of natural sediments do not necessarily provide 
fractionation factors between the phases but reflect complicated interaction between 
the solids and the surrounding liquid. 
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Figure 5.7: Plot of the isotopic compositions of pore water versus the solid highly reactive iron phases, 
modified after Johnson et al. (2008). Data for pyrite (filled squares) and HCl extracted phases (grey 
diamonds and open circles) are from Severmann et al. (2006). Compositions for FeSm were derived 
from HCl extraction data where Fe(II)HCl > 80%, as suggested by Johnson et al. (2008). Kinetic 
56FeFe(II)aq-FeSm are from Butler et al. (2005). We used our 2°C values for equilibrium 
56FeFe(II)aq-FeSm. 
Kinetic and equilibrium 56FeFe(II)aq-Fe(OH)3 are from Johnson et al. (2004). 
 
5.4.5. Implications for ancient sedimentary signatures 
In the Fe-S system, Fe is eventually sequestered into pyrite. At least 28 different 
reactions have been reported for low temperature aqueous synthesis of pyrite (Rickard 
and Luther, 2007). The use of FeSm as the Fe(II) reactant for one of these reactions is 
popular amongst the experimental community since FeSm first precipitates, giving 
sufficient nutrient concentration to produce a useful mass of pyrite. In modern natural 
environments, as mentioned above, FeSm as a reactant is limited to inshore and 
freshwater systems or as a surface product of Fe oxyhydroxide sulfidation. Thus the 
Fe isotope fractionation recorded during the formation of FeSm need not influence the 
Fe isotope composition of pyrite from all geological environments. However, it is 
possible that FeSm may have played a major role in diagenetic pyrite formation in 
sedimentary systems older than ~ 2.4 Ga, in which oceans were Fe(II)aq rich and 
anoxic (e.g. Holland, 1984). Interestingly, it is in those Proterozoic to Archean 
sediments that pyrite displays the largest Fe isotope excursions. There has been 
widespread interest in the possible use of 56Fepyrite as a paleo-proxy for seawater 
compositions (e.g. Anbar and Rouxel, 2007; Archer and Vance, 2006). But the 
fractionation involved during the pyrite formation stage is still unknown. Rouxel et al. 
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(2005) showed that Proterozoic pyrites display positive 56Fe, which is in agreement 
with the equilibrium calculations for pyrite (Polyakov et al., 2007; Polyakov and 
Mineev, 2000) and our experimental prediction for mackinawite. However the 
negative isotopic composition of Archean pyrites implies that further fractionating 
mechanisms are involved. 
The results of this experimentation, along with those reported by Butler et al. 
(2005), suggest that FeSm Fe isotope compositions are contained in a ~ 1.4 ‰ range 
depending on the degree of FeSm precipitation and equilibration. Depending on the 
rate of pyrite formation, pyrite might record the lowest 56Fe where FeFeS is rapidly 
incorporated into pyrite. Mechanistically, FeSm dissolves into FeSaq which reacts with 
S(-II) to form pyrite. The final composition of pyrite will thus depend on the 
fractionation occurring during FeSm dissolution, on the extent of mixing with free 
hexaqua Fe(II) and on the extent of pyritisation. For higher temperatures, i.e. during 




We have determined the Fe isotope equilibrium fractionation between Fe(II)aq and 
mackinawite at 2°C and 25°C using the three-isotope method. Equilibrium 
fractionation 56FeFe(II)-FeS is -0.52 ± 0.16 ‰ at 2°C and -0.33 ± 0.12 ‰ at 25°C and is 
equivalent to the distribution between the species Fe2+aq and FeSm (56FeFe2+-FeS). 
Fractionations produce 56Fe enriched mackinawite and 56Fe depleted dissolved Fe(II). 
Our results contrast with the kinetic fractionation of 56FeFe(II)-FeS = +0.85 to +0.30 ‰ 
determined by (Butler et al., 2005) with which mackinawite remains depleted even 
after long term ageing. This means that depending on the degree of FeSm precipitation 
from solution, and the degree of isotope exchange during equilibration, FeSm displays 
56Fe values in a ~ 1.4 ‰ range. At low temperatures, equilibrium is not reached in 
periods of less than years. This means that in natural systems, FeSm is likely to be 
depleted with regard to its equilibrium value and record a kinetic signature. Further 
experiments are required to assess the mechanisms responsible for the Fe isotope 
exchange between aqueous and solid phases. 
Our experimental predictions are significantly below the calculated fractionations 
for the hexagonal Fe(II) monosulfide troilite. There is no obvious evidence why 
troilite and mackinawite should produce similar -factors.  
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Here, we provide the first experimentally determined equilibrium numbers for any 
metal sulfides. This work is fundamental to isolate and understand each step of Fe 
isotope fractionations during the formation of pyrite under diagenetic conditions. 
Further experiments are required to investigate the Fe isotope fractionations occurring 
in the neutral to alkaline region, where Fe(II)aq speciation is dominated by the clusters 
FeS0aq. However, we predict that the fractionation between FeS
0
aq and FeSm will be 
small. Experimental isotopic studies in this system would be helpful in further 
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We provide the first quantification of the extent and the direction of Fe isotope fractionation associated 
with low temperature pyrite formation. We demonstrate that abiotic pyrite formation is accompanied by 
a large Fe isotope fractionation without the intervention of any Fe(II) redox change. The measured 
kinetic isotope fractionation factor ’FeS-pyrite = 1.0022 ± 0.0007. Combined fractionation factors 
between Fe2+aq, mackinawite (FeSm) and pyrite permit the generation of pyrite with Fe isotope 
signatures that encapsulate the full range of sedimentary 56Fepyrite recorded in both Archean and 
modern sediments. Archean Fe isotope excursions reflect various degrees of pyritisation, extent of 
Fe(II)aq utilisation, and variations in source composition rather than microbial dissimilatory Fe(III) 
reduction only. Our results show that sedimentary pyrite is not a passive recorder of the Fe isotope 
composition of the reactive Fe(II) reservoir forming pyrite. It is the formation process itself that 
influences pyrite Fe isotope signatures with consequent implications for the interpretation of 
sedimentary pyrite Fe isotope compositions throughout geological time. 
 






Going backwards in geological time, the analysis and interpretation of textural, 
compositional and isotopic signatures contained within pyrite become progressively 
more important as a means to inform debate concerning models for the evolution of 
the Earth, ocean and atmosphere system. Over the last decade growing interest in Fe 
isotopes as biogeochemical tracers has led to the collection of a spectrum of data 
which illustrates the variation of 56Fe for sedimentary pyrite throughout the Earth’s 
history. In modern anoxic basins, diagenetic pyrite displays isotopic compositions of 
between -0.5 and -1 ‰ (Severmann et al., 2006). A compilation of Phanerozoic to 
Mesoproterozoic pyrite (Matthews et al., 2004; Anbar and Rouxel, 2007) and bulk 
black shales (Yamaguchi et al., 2005; Rouxel et al., 2005), in which pyrite is the 
dominant Fe bearing mineral, records larger variations (56Fe ~ +0.2 to -1 ‰). The 
late Paleoproterozoic (2.3 Ga to 1.7 Ga) is characterised by more positive 56Fepyrite 
and a range comprised between ~ +1.2 to -0.5 ‰ (Yamaguchi et al., 2005; Rouxel et 
al., 2005). Early Paleoproterozoic and Archean sedimentary pyrites are characterised 
by the appearance of very negative 56Fepyrite with a range comprised between ~ +0.5 
to -3.5 ‰ (Rouxel et al., 2005; Archer and Vance, 2006; Czaja et al., 2010). 
Detailed interpretations of the fluctuating secular 56Fepyrite trends are still debated. 
It has been generalised that abiotic pyrite formation should record a fractionation of a 
similar magnitude to those occurring during FeSm precipitation (Severmann et al., 
2006; Matthews et al., 2004; Yamaguchi et al., 2005; Rouxel et al., 2005; Archer and 
Vance, 2006; Czaja et al., 2010; Nishizawa et al., 2010) where 56FeFe(II)-FeS varies 
from +0.9 ‰ to +0.3 ‰ (Butler et al., 2005). This is because FeSm, the first iron 
sulphide to form on mixing Fe(II)aq and S(-II)aq, has been conventionally considered 
to play a central role in diagenetic pyrite formation. Polyakov et al. (2007) suggested 
that 56Fe depletion observed in sedimentary pyrite is a product of a rapid non-
fractionating conversion from FeSm. Such assumptions required that some mechanism 
was necessary in order to produce 56Fe isotope excursions more negative than - 1 ‰ 
as recorded in Archean sedimentary rocks. Some workers (Czaja et al., 2010; Johnson 
et al., 2008a,b) have sought to invoke microbial processes to explain the observed Fe 
isotope fractionations. Under anoxic conditions, the two major microbial respiration 
mechanisms involve the reduction of highly reactive Fe(III) (oxy)hydroxides (DIR), 
and sulphate reduction (BSR) (Berner, 1981) and both mechanisms produce large Fe 
and S isotope fractionations (Icopini et al., 2004; Crosby et al., 2007; Johnson et al., 
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2005; Habicht and Canfield, 1997). Johnson et al. (2008b) emphasised that DIR can 
produce large amounts of 56Fe depleted Fe(II)aq that could explain the large Fe isotope 
variations observed in sedimentary pyrite and BIFs. This was supported by co-
variations in Fe and S isotope systematics observed in Archean pyrite that have been 
interpreted as evidence for coupled Fe(III) and sulphate microbial reductions (Archer 
and Vance, 2006). In contrast, other workers (Anbar and Rouxel, 2007; Rouxel et al., 
2005) proposed that Proterozoic and Archean pyrite Fe isotope variations were more 
likely to reflect global redox changes in the oceans as suggested by the synchroneity 
between Fe isotope variations and the long term redox scheme made from S and C 
isotope data (Canfield et al., 2000; Bekker et al., 2004). They put emphasis on the 
correlation between the evolution of 56Fepyrite and the progressive increase of 
atmospheric O2 partial pressure, 10
-5 times the present atmospheric level during the 
Archean and the Hadean (Bekker et al., 2004; Canfield, 2005), with progressive 
atmospheric O2 increase ~ 50 Ma before the so called “Great Oxidation Event” (GOE, 
2.2-2.45 Ga) (Anbar et al., 2007; Reinhard et al., 2009). They proposed that Fe 
removal as Fe (oxy)hydroxides and BIFs precursor minerals would produce 
isotopically light seawater Fe(II)aq which would be then incorporated as Fe sulphides, 
and argued that if DIR and BSR alone were responsible for those Fe isotope 
signatures, such large variations should be as well identified in modern anoxic 
sediments, where these microbial processes are substantial (Raiswell and Canfield, 
1998; Poulton and Raiswell, 2002). 
Interestingly, both of these models are based on the hypothesis that pyrite is a 
passive recorder of the Fe(II)aq reservoir from which it forms. The assumption is that 
in order to produce isotopically light pyrite, the required condition is the prior 
formation of an isotopically light Fe(II)aq pool, and laboratories have focused on 
determining which processes could contribute to the formation of such a reservoir 
(Nishizawa et al., 2010). In the absence of measured or calculated fractionation 
factors for sedimentary pyrite formation, these divergent interpretations remain 
difficult or impossible to test. Reduced partition 56/54-factors have been calculated for 
various Fe(II) and Fe(III) dissolved species, including hexaqua Fe(II) and Fe(III) 
(Anbar et al., 2005) and for pyrite (Polyakov et al., 2007; Blanchard et al., 2009). 
Theoretical fractionation factors between Fe(II)aq and Fe(III)aq are consistent with 
experimentally determined fractionation (Welch et al., 2003) with 56FeFe(II)-Fe(III) ~ -3 
‰ at 20°C. Theoretical computations predict 56Fe enriched pyrite up to ~ +1 ‰ with 
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56FeFe(II)-pyrite varying from ~ -2.5 to -4.5 ‰ at 20°C (Polyakov et al., 2007; 
Blanchard et al., 2009). However, there has been no experimentally measured Fe 
isotope fractionation for pyrite formation to date. The collection of experimental data 
on Fe isotope fractionations within the Fe-S system is meagre, since only two 
experimental studies (Butler et al., 2005; Guilbaud et al., 2010) have been published 
and both focus on kinetic isotope fractionations between Fe(II)aq and FeSm. Here, we 
report the first experimentally derived Fe isotope fractionation factor for abiotic pyrite 
formation at 40°C and 100°C at pH 6. 
 
6.2. Kinetic Fe isotope fractionation 
Pyrite was synthesised from FeSm (initial 56FeFeS was +0.3 ‰) and H2S reactants 
under anoxic conditions via the H2S pathway (Rickard, 1997; Rickard and Luther, 
1997; Butler et al., 2004) (See end and supplementary data for detailed experimental 
and analytical methods and tabulated results). Our results (Fig. 6.1a) show that at 
40°C and 100°C, the abiotic fractionation 56FeFe(II)RES-pyrite (where the subscript 
“RES” stands for “reservoir”) varies from +1.7 to +3.0 ‰ ± 0.1 ‰ (~2.2 ‰ on 
average). Isotopic mass balance for each experiment (Supplementary Table S1) 
indicates that the experimental error is small and our results are reproducible. The 
kinetic fractionation factors, ’, are ’Fe(II)RES-pyrite = 1.0025 ± 0.0007 and 1.0021 ± 
0.0004 at 40°C and 100°C, respectively. Within errors, these fractionation factors are 
indistinguishable and no temperature dependence is determinable. The overall kinetic 
fractionation factor is ’Fe(II)RES-pyrite = 1.0022 ± 0.0007. This experimentally 
determined fractionation factor is large compared to the assumed fractionations 
described above. The kinetics and mechanism of the reaction of FeSm and H2S were 
explored by Rickard (1997) and Rickard and Luther (1997) using experimental 
protocols and reactants identical to those utilised in this study. We found maximum 
rates of pyrite formation (~2.8 x 10-6 mol pyrite l-1 s-1) close to those described by 
Rickard (1997) (~ 3 x 10-6 mol pyrite l-1 s-1). Since over the 25°C-125°C temperature 
range, the pyrite forming process is mechanistically uniform (Rickard, 1997; Rickard 
and Luther, 1997), the observed temperature independent effect indicates that our 
results may be extrapolated with reasonable confidence to ambient temperatures. 
Rickard (1997) and Rickard and Luther (Rickard and Luther, 1997) found that FeSm 




aqm FeSFeS →   (6.1) 
222
0 HFeSSHFeSaq +=+  (6.2) 
In our experimental protocol we could only separate pyrite from the Fe(II) reservoir 
which is Fe(II)RES = FeSm + FeS
0
aq. Fe isotope fractionation during FeSm dissolution 
into FeS0aq is unknown, but supposedly very small since FeSm and FeS
0
aq are 
structurally congruent (Luther and Rickard, 2005). This means that essentially, 
measured 56FeFe(II)RES-pyrite = 56FeFeSm-pyrite ~ 56FeFeS(0)aq-pyrite. 
 
 
Figure 6.1: Experimental results. Rayleigh models (grey curves) for which FeSm transfers into pyrite in 
a closed system (A) or for which FeSm first dissolves into FeS
0
aq which homogenises with FeSm before 
transfering into pyrite with a 2.2 ‰ fractionation (B). White and grey symbols represent the 
experiments at 40°C and 100°C, respectively. 
 
56Fe values for Fe(II)RES and pyrite fit with a simple Rayleigh model for the 
experiments carried out at 40°C (Fig. 6.1a, details of the models are given in the 
Supplementary Data Section III). In this model, Fe(II)RES is considered as one phase 
transferred into pyrite in a closed system. Applying a simple Rayleigh equation to the 
100°C experiments does not describe the trend of the experimental data, and the 
system apparently evolves along an isotopically equilibrated pathway (Fig. 6.1a). 
However, mechanistically, only FeS0aq transfers into pyrite (Eq. 6.2). This means that 
when a portion of FeS0aq is sequestered into pyrite, Fe(II)RES is comprised of FeSm and 
56Fe enriched FeS0aq. We suggest that the process of pyrite formation from FeS
0
aq 
itself is accompanied by 56FeFeS(0)aq-pyrite ~ 2.2 ‰. At 100°C, 56Fe enriched FeS0aq 
remaining in the reservoir equilibrates with FeSm. Fig. 6.1b shows a Rayleigh model 
that allows continuous FeSm-FeS
0
aq equilibration within the reservoir during pyrite 
precipitation. Thus, although the closed system is described by a kinetic fractionation 
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until complete conversion of one phase into another, the isotopic evolution curves can 
be mistaken for equilibrium lines. 
Our experimentally determined results differ considerably from the theoretical 
computations that predict 56Fe enrichment in pyrite at equilibrium (Polyakov et al., 
2007; Blanchard et al., 2009). Pyrite is very sparingly soluble in sedimentary 
environments (Rickard and Luther, 2007), and pyrite formation is effectively a 
unidirectional reaction. Therefore the subsequent fractionation cannot reflect isotopic 
equilibrium. The reason why such large fractionation is recorded during a reaction 
that does not involve any redox change for Fe(II) atoms is not certain. Significantly 
lower fractionations have been observed during non-redox FeSm formation from 
Fe(II)aq (Butler et al., 2005) (56FeFe(II)-FeS varying from +0.9 to +0.3 ‰). Although 
there is no redox change occurring for Fe(II) during pyrite formation, there is a shift 
from Fe(II) in a tetrahedrally coordinated high spin d6 configuration in FeS0aq to Fe(II) 
in an octahedrally coordinated low spin d6 configuration in pyrite (Rickard and 
Luther, 2007). Preferential incorporation of 56Fe depleted Fe(II) into pyrite may be 
related to selection during this change of coordination and spin state (Schauble, 2004) 
during pyrite formation. 
 
6.3. Implications for modern and ancient sedimentary pyrite signatures 
In most sedimentary environments, the H2S pathway is the dominant pyrite 
forming mechanism since polysulphide is a minor S(-II)aq species relative to H2Saq 
under acidic to neutral pH (Luther et al., 2003).  It is unlikely that polysulphides 
accumulate in the ferruginous pool without quickly nucleating pyrite and further 
pyrite formation involves H2S. Such a large fractionation between FeS
0
aq and pyrite 
via the H2S pathway has major implications for ancient sedimentary rocks. The 
predominance of the H2S pathway in pyrite formation may even have been increased 
in more acidic (Grotzinger and Kasting, 1993) Archean and Proterozoic oceans. 
Moreover, the role of FeSm as a reactant for pyrite formation may have been 
particularly important in Proterozoic and Archean oceans, which were characterised 
by a high Fe(II)aq-to-sulphate ratio due to extensive hydrothermal weathering of basalt 
seafloor, and low oxidative continental weathering (Isley, 1995; Canfield, 2004). In 
anoxic Archean oceans, the precipitation of iron sulphides was thus restricted to 
regions were BSR was actively producing S(-II). If we assume that at those times, 
hydrothermal activity continually provided the oceans with intense Fe(II)aq fluxes 
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with an isotopic composition ~ 0 ‰ (Yamaguchi et al., 2005; Johnson et al., 2008a), 
Fe(II) would be partly removed from solution as FeSm in regions where BSR occurs 
with isotopic compositions varying from  -0.9 to -0.3 ‰ (Butler et al., 2005). As the 
fractionation between FeSm and FeS
0
aq should be insignificant, FeSm dissolution into 




aq would produce a range of 
isotopic compositions varying from  -0.9 to +0.5 ‰ for FeS0aq (Guilbaud et al., 2010, 
2009). Depending on the rate and the extent of pyrite formation, subsequent pyrite 
would record isotopic compositions varying from ~ -3.1 to + 0.5 ‰ (Fig. 6.2). This 
means that combining our result for 56FeFeS(0)aq-pyrite with kinetic and equilibrium Fe 
isotope fractionation between Fe2+aq and FeSm, the almost entire range of natural 
pyrite compositions falls within the range of possible compositions generated by the 
abiological pyrite formation process itself and that Archean excursions need not 
reflect particular redox or DIR contributions. 
 
Figure 6.2: Schematic diagram representing the abiotic formation of 56Fe depleted pyrite. The light grey 
circle represents the isotopic composition of Archean Fe2+aq seawater. The two dark grey rectangles 
represent the kinetic and equilibrium isotopic compositions of FeSm when 10 % of Archean Fe
2+
aq 
precipitates as FeSm. 100 % pyritisation from FeSm would produce pyrite isotopic compositions (grey 
stars) close to those of FeSm. Partial pyritisation would kinetically fractionate lighter isotopes such as 
56FeFeSm-pyrite = 2.2 ‰ and subsequent pyrite formation could record 
56Fe values as low as – 3.2 ‰. 
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The idea that a large 56Fe depleted Fe(II)aq pool in the Archean was required in 
order to produce depleted pyrite raised the following question: in what sediment is the 
mass-balancing 56Fe enriched Fe reservoir recorded (Czaja et al., 2010; Johnson et al., 
2008b)? Johnson et al. (2008a,b) pointed out that although BIFs also display some 
negative 56Fe, their mean isotopic composition is ~ 0 ‰. Similarly, even though 
Archean pyrites display 56Fepyrite values down to -3.5 ‰, the isotopic distribution 
clusters between -1.2 and 2.2 ‰ (Fig. 6.3). If the pyrite forming mechanism itself is 
characterised by a 2.2 ‰ fractionation, most Archean sedimentary pyrite signatures 
indicate that the Fe isotope composition of the Fe(II)aq reservoir was ~ 0 ‰. Also, 
considering that the mineral-forming mechanism is the origin of the fractionation, 
there is no need for a large 56Fe depleted Fe(II)aq to be produced prior to pyrite 
formation, and therefore no need for a large mass-balancing 56Fe enriched reservoir 
Fe(II)aq to remain after pyrite formation. This is particularly true for an environment 
in which Fe(II)aq with 56Fe ~ 0 ‰ is continually injected into the system by 
hydrothermal vents as it is the case in the Archean, because the 56Fe enriched Fe(II) 
produced during pyrite formation is then diluted in the large Fe(II)aq pool. Certainly, 
both DIR and the removal of Fe(II)aq as BIFs in ferruginous regions would promote 
the production of 56Fe depleted fluids enabling the formation of light sedimentary 
pyrite. DIR produces 56Fe depleted Fe(II)aq such as at equilibrium,  56FeFe(II)aq-ferric 
oxide ~ -1.3 ‰ (Crosby et al., 2007; Johnson et al., 2005). If one assumes that the 
initial 56Feferric oxide varies from ~ 0 to +1.5 ‰ (Johnson et al., 2008a), one could 
expect 56Fepyrite values as low as – 4.4 ‰ if DIR was the major Fe(II) source. 
However, such low values have not been observed in any sediment and the low 56Fe 
compositions of Archean sedimentary pyrites are not a clear cut signature for DIR. 
We suggest that low 56Fe signatures in Archean sedimentary pyrite indicate that the 
portion of Fe removed as pyrite was relatively small in respect with the portion of Fe 
remaining in the Fe(II) pool (Canfield, 2005). 
There is now an increasing body of evidence that implies a progressive increase of 
atmospheric PO2 50 to 100 Ma before the GOE, stimulating H2S production through 
the increase sulphate fluxes due to oxidative continental weathering (Scott et al., 
2008; Reinhard et al., 2009; Kendall et al., 2010). Persistence of euxinia throughout 
the Proterozoic would have enhanced Fe(II)aq utilisation as sulphides, narrowing 
down the range of 56Fepyrite. In the Proterozoic oceans, strongly stratified with oxic 
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shallow waters, euxinic mid-depth proximal regions and deep, distal ferruginous 
waters (Poulton et al., 2010), both pyritic black shales and BIFs or their Fe oxide 
precipitate precursors are quantitative Fe(II)aq sinks and BIFs deposition ends in the 
late Proterozoic. In these oceans in which Fe(II)aq is extensively utilised as pyrite or 
oxides, 56Fe would progressively reflect the values of the Fe(II)aq source. The 2.3 to 
~1.8 Ga period, for which 56Fepyrite displays values up to ~ +1.2 ‰, also coincides 
with sporadic BIFs deposition. Isley and Abbott (Isley and Abbott, 1999) suggested 
that BIFs deposition may reflect episodic reducing Fe-rich pulses from hydrothermal 
activity rather than permanent ferruginous oceans. Assuming that Fe(II)aq inputs from 
hydrothermal vents decrease, 56Fe enriched Fe(III) bearing (hydr)oxides would then 
become a potential contributor for Fe(II)aq sources. Dissolution of Fe(III) (hydr)oxides 
by H2S produces 
56Fe enriched Fe(II)aq (McAnena et al., 2009), and the isotopic 
composition of the source would be 56Fe enriched. Dissolution of siderite would also 
contribute to the production of 56Fe enriched Fe(II)aq (Johnson et al., 2005). 
 
Figure 6.3: Modified after Johnson et al. (2008b). The Fe isotopic distribution of some Archean BIFs 
minerals (magnetite and siderite) in the Hamersley and Transvaal Basins (1) and of some Archean 
sulphidic shales (pyrite and pyrite nodules) in the Hamersley (2 and 3) and Griqualand Basins (2). BIFs 
data are from Johnson et al. (2008a, 2003). Pyrite data are from Rouxel et al. (2005). The mean 
weighed value is ~ 0 ‰ for BIFs and ~ -1.5 ‰ for Archean sedimentary pyrite. The black areas 
represent the possible spectrum of pyrite isotope signatures (this study) when pyrite forms from 
precipitated FeSm that represents 10 % of the Fe(II)aq reservoir (Butler et al., 2005; Guilbaud et al., 
2010b, 2009). The grey area represents the composition range between igneous rocks and hydrothermal 
fluids. 
 
The end of the Proterozoic is characterised by the decrease of Fe(II)aq in oceans 
and the spatial limitation of anoxic and ferruginous basins. In this context, major DIR 
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and H2S reduction become the major Fe(II)aq sources with respect to hydrothermal 
Fe2+aq inputs. Lower Fe(II)aq:sulphate would promote higher degrees of sulphide 
precipitation. The implication is that where [S(-II)] is not a limiting factor for pyrite 
formation, pyrite should display 56Fepyrite values rapidly approaching 56Fesource. 
56Fepyrite values varying from ~ -0.5 to ~ -1 ‰ in euxinic sediments where [Fe(II)aq] 
can be very low and pyrite represents up to ~ 60 % of the highly reactive iron (Santa 
Barbara basin, Severmann et al., 2006) support our data. In these modern sediments, 
where DIR can be extensive (Monterey Canyon, Severmann et al., 2006), pore water 
Fe(II)aq is 
56Fe depleted. However, fractionation factors cannot be directly calculated 
from the measured Fe isotopic compositions of the natural phases since Fe(II)aq can 
remain dissolved for large temporal scales and there is no evidence why coexisting 
Fe2+aq, FeSm and pyrite within a sediment should be cogenetic (Rickard and Morse, 
2005). Rickard and Luther (2007) note that sedimentary sulphides cannot be treated in 
terms of static mass balance. Fe isotope data from benthic fluxes (Severmann et al., 
2010), estuarine pore waters (Rouxel et al., 2008) and Fe(II) adsorption experiments 
(Teutsch et al., 2005) suggest that the production of 56Fe depleted pore water Fe(II)aq 
is not only due to DIR but also to Fe partial removal as 56Fe enriched (hydr)oxides 
and Fe adsorption onto Fe (hydr)oxides. 
The equilibrium Fe isotope fractionation between Fe2+aq and pyrite has not been 
experimentally determined. Under normal sedimentary conditions it is unlikely that 
isotope exchange and equilibration significantly modify primary pyrite compositions 
due to the extremely low solubility of pyrite. Theoretical computations predict 56Fe 
enriched pyrite (Polyakov et al., 2007; Blanchard et al., 2009). Homogeneous, 56Fe 
enriched secondary pyrites (56Fe ~ +0.95 ‰) were documented in the amphibolite-
facies metamorphosed (~550°C) Isua Greenstone Belt BIFs (~ 3.8 Ga) (Whitehouse 
and Fedo, 2007). Although it is difficult to assess whether or not these signatures 
could reflect isotopic equilibrium with secondary fluids, it is worth noting that these 
secondary, high temperature pyrite signatures differ consequently from those recorded 




Our work gives new perspectives for the use of Fe isotope fractionations as 
biogeochemical proxy. In particular, we show that highly 56Fe depleted pyrite as 
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found in the Archean can be produced abiotically, without redox involvement for 
Fe(II), and is therefore not indicative of DIR nor redox processes. We propose that the 
pyrite forming process itself is responsible for the large Fe isotope fractionation and 
that the extent of Fe utilisation as sulphides determines the Fe isotope variations 
recorded in pyrite throughout the Earth’s history. Where pyrite formation is extensive, 
the measured 56Fepyrite may reflect the composition of the Fe(II) reservoir. Our data 
are consistent with the recent understanding of the oceans redox and chemical 
evolutions. In Archean oceans, BSR active regions favoured sulphidic Fe 
sequestration and the removed Fe constituted a small portion of the total Fe budget in 
the widespread ferruginous oceans. When coupled with C and S isotope systematics, 
the use of Fe isotopes remains a very powerful tool for reconstructing paleo-
biogeochemical processes across basin wide scales (Archer and Vance, 2006; Czaja et 
al., 2010).  
 
6.5. Methods 
Full experimental and analytical methods are detailed in the Supplementary Data 
sections. Under anoxic conditions, 0.05 mol FeSm was weighed into a reaction vessel 
and 10 mL MOPS (3-N-morpholinopropanesulfonic acid) pH 6 was added. The 
reaction vessel was attached to a gas transfer manifold, purged with O2-free grade N2 
and evacuated. H2S was produced by reacting 50 vol% H2SO4 with NaSO4.9H2O and 
transferred into the reaction vessel through the manifold. Reactions were performed at 
100°C or 40°C for durations up to five days. Products were freeze-dried and 
characterised by XRD and SEM analysis. Pyrite was separated from Fe(II)RES by 
preferential acid dissolution. Both 56/54Fepyrite and 
56/54FeFe(II)RES were analysed with an 
IsoProbe MC-ICP-MS following established protocol(Guilbaud et al., 2010). 
Precision on 56Fe and 57Fe was ± 0.08 ‰ and ± 0.16 ‰, respectively. Extent of 
pyritisation (% Py) was determined by calibrated XRD analysis and by 
spectrophotometric [Fe] determination. 
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6.7. Supplementary Data Section I: Experimental methods 
All reagents were of analytical grade and solutions were prepared using 17-18 
Mcm deionised water, sparged with O2-free grade N2 for 30 min (Butler et al., 
1994). FeSm synthesis and the preparation of solutions were performed under O2 free 
conditions in a N2-filled re-circulating Saffron alpha
® anoxic chamber. Iron solutions 
were made by dissolution of Mohr’s salt Fe(NH4)(SO4).6H2O (Sigma Aldrich™) in 
N2 sparged water. Mohr’s salt was used for its ability to resist oxidation. Sulphide 
solutions were made by dissolution of Na2S.9H2O (Sigma Aldrich™) in N2 sparged 
water. FeSm was precipitated mixing 100 mL 0.6 M Na2S.9H2O solution with 100 mL 
0.6 M (NH4)2Fe(SO4)2 solution (Rickard, 1997). The precipitate was filtered with a 
Buchner filter (Whatman™ No. 1 paper) and the filtrate was filtered with a 0.45 m 
membrane Millipore™ filter. Freshly precipitated FeSm was re-suspended in water 
and re-filtered three times, freeze-dried for three days on a Mini-Lyotrap (LTE®) 
freeze-dryer and stored in the glove-box (Rickard et al., 2006). The non-metal 
complexing buffer (Kandegedara and Rorabacher, 1999) MOPS (3-N-
morpholinopropanesulfonic acid, pKa = 7.31, Fisher™) was made by dissolution of 
its sodium salt and buffered to pH 6 by NaOH titration. Ti(III) citrate was prepared 
adding 5 mL 15% TiCl3 to 50 mL 0.2 M Na citrate and buffered to pH 7 with Na2CO3 
(Zehnder and Wuhrman, 1976; Rickard, 1997). 
In the glove box, 0.005 mol of freeze-dried FeSm was introduced into a reaction-
vessel and 10 mL of a 0.05 M MOPS (pH 6) buffer were added. The reaction-vessel 
was either a heat-sealed glass ampoule (Rickard, 1997; Butler and Rickard, 2000; 
Butler et al., 2004 in the case of the “Py” experiments) or a rubber sealed serum bottle 
(Drobner et al., 1990; Butler and Rickard, 2000 in the case of the “SB” experiments). 
Sealed reaction-vessels were closed and attached to a gas-transfer manifold (Rickard, 
1997). The manifold was flushed with O2-free grade N2 and pumped down to ~ -14 
PSI (~ -97 kPa, full vacuum) three times. A serum bottle containing a weighed 
amount of Na2S.9H2O was attached to the manifold with a hypodermic needle and 
50% v/v N2 sparged H2SO4 was injected into the serum bottle via a syringe to 
generate H2S. After H2S transfer into the reaction-vessel, the pressure was adjusted to 
slight under-pressure (~ -2.5 PSI or ~ -17 kPa) to ensure the sealing of the vessel 
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using a glassblower’s torch (for Py experiments). Excess H2S was pumped out to 
waste. The sealed reaction-vessel was kept at constant temperature in a 100°C furnace 
or in a 40°C water bath. Vessels were allowed different durations of reaction, and 
frozen to stop the reaction for pending mineral extraction. 
Once frozen, the reaction-vessel was opened, flushed with N2 to remove the 
excess of H2S from the head-space, and attached to a freeze-dryer for three days. In 
the glove-box, ~ 0.1 g of the solids, i.e. a mixture of mackinawite, pyrite and MOPS 
salts, was loaded and sealed onto the metal (Al) support of an environmental sample 
holder for immediate XRD characterisation (Guilbaud et al., 2010a). A small portion 
of the solids were carbon coated for immediate SEM analysis. Separation between 
pyrite and mackinawite from the remaining solids was completed using modified 
preferential dissolution of existing protocols (e.g.  Huerta-Diaz and Morse, 1990; 
Severmann et al., 2006). Fig. 2.7 (chapter II) shows the technical protocol for the 
separation between pyrite and its Fe(II) reservoir (initially FeSm). Solids (0.1 g) were 
introduced into a serum bottle along with 2 mL H2O and a few drops of Ti(III) citrate. 
Ti(III) citrates ensures the complete dissolution of FeSm in HCl, avoiding the 
formation of insoluble S(0) by poising Eh to low negative values (Rickard et al., 
2006). Ti(III) is not sufficiently reducing to encourage the dissolution of pyrite. 
Rickard et al. (2006) performed FeSm digestion in hot 1.2 M or 6 M HCl and 5 mL 
Ti(III) citrate. Our aim was to maximise quantitative FeSm dissolution with minimum 
Fe input from Ti(III) citrate and from FeS2 partial dissolution. Best results were 
obtained by adding a few drops Ti(III) citrate to FeSm in 1.2 M HCl. This volume 
decreases the input of Fe from Ti(III) citrate to < 0.7 % of Fe brought by FeSm when 
FeSm constitutes 5 % of total Fe. In other words, even for the lowest FeSm 
concentrations, FeTi(III)citrate is still negligible compared to FeFeSm, and has no impact 
on the measured isotopic compositions. In a fume cupboard, 20 mL 1.2 M purged HCl 
was injected into the serum bottle via a hypodermic syringe in order to dissolve only 
FeSm and the MOPS salts. Remaining solids, essentially pyrite, were separated from 
solution on a 0.45 m membrane Millipore™ filter and dissolved with a few drops of 
concentrated HNO3. No solids passed the filter. Potential partial dissolution of pyrite 
into the FeFeS solution and its consequences are discussed later. Both Fepyrite and FeFeS 
solutions were taken to dryness, treated with H2O2 for quantitative removal of the 
carbon-salts left by MOPS. During this process, Ti from Ti(III) citrate precipitated as 
insoluble Ti-oxides that were removed by filtration. Fe solutions were dissolved in 
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aqua regia, evaporated and re-dissolved in 5 % HNO3 for pending [Fe] determination 
and Fe isotope ratios analysis. 
 
6.8. Supplementary Data Section II: Analytical methods 
We tested the determination of the pyrite percentage (%Py) from the high peak 
area (around 16° 2
 for mackinawite, and around 32° 2
 for pyrite) with standard 
mackinawite-pyrite mixtures. Freeze-dried mackinawite was prepared as described 
above. Natural pyrite was ground with a McCrone® mill for 12 min down to a mean 
diameter of 4 m (analysed on a Beckman Coulter LS® particle size analyser). 
Typical mixtures were 0, 20, 30, 50, 60, 70, 80, 85 and 100 wt%Py. About 0.1 g of 
the sample was loaded onto a metal environmental sample holder. The environmental 
holder containing the sample was loaded on a Bruker D8 Advance® Diffractometer. 
XRD analysis was performed using CuK primary radiation generated at an 
accelerating voltage of 40KV in the range of 2-65° 2
 with a 1s/0.02° 2
 counting 
time. The diffracted X-rays were recorded by a Sol-x™ energy dispersive detector. 
Data were filtered to remove CuKII peaks. Peak areas for mackinawite and pyrite 
respond linearly to the weighted %Py from the standard mixtures (Fig. 2.10 in chapter 
II). Precision on %Py calculated from the peak areas is given by replicates 
measurements of the calibration mixture and is ± 7 % (2 level). Measuring the peak 
areas for mackinawite and pyrite in our samples thus allowed us to determine a degree 
of pyritisation. The MOPS salts did not show any peak on the XRD spectra and did 
not perturb the standard response.  
 
Total Fe concentrations in FeFeS and Fepyrite solutions were determined in order to 
confirm the extent of pyritisation given by the XRD scans. We used the thiocyanate 
method (Vogel, 1951) to determine [Fe(III)] in the solutions by comparison with a 
calibration curve. Fe solutions were acidified with 2 mL 1:5 HNO3, oxidised with a 
few drops of 0.2 M potassium permanganate, reacted with 5 mL 4 M potassium 
thiocyanate and made up to 50 mL. [Fe(III)] analysis was performed on a M501 single 
beam spectrophotometer (Spectronic Analytical Instruments®) using a wavelength of 
480 m. The Beer-Lambert’s law is followed for a 0 to 5 ppm [Fe(III)] range with a 
precision 2 = ± 0.1 ppm. Table S1 compares the relative %Py obtained with [Fe(III)] 
analysis and with XRD analysis. 
 
 214 
Sample imaging, mineral products determination and texture description were 
performed via backscatter detector on a Philips XL30CP® Scanning Electron 
Microscope (SEM) at 20 kV. Qualitative chemical analysis on the material surface 
was carried out with PGT® Spirit X-ray analysis as a mineralogical check.  
 
Fe isotope analysis has been described in detail elsewhere (Guilbaud et al., 2010b). 
Samples (Fe(III) in HCl) were taken to dryness and re-dissolved in 5% HNO3. No 
column chemistry was performed since our samples were experimentally synthesised 
from analytical grade reagents. 56/54Fe and 57/54Fe isotope ratios were measured on a 
GV IsoProbe (formerly Micromass) multi-collection inductively coupled mass 
spectrometer (MC-ICP-MS). The major challenge for accurate and precise 
measurement of Fe isotopes is the removal of atomic and polyatomic interferences 
induced by the Ar plasma. This was achieved by increasing the signal-to-background 
ratio (using high concentration samples and introducing collision gases into the 
hexapole to decrease and/or remove the interferences) and by stabilising the 
instrumental mass bias minimising the hexapole potential and decreasing the 
extraction voltage. 3-10 ppm Fe solutions were introduced into an ApexQ inlet system 
at 50 µL.min-1 to maximise the signal to ~0.3 V on mass 54, ~6 V on mass 56 and 
~0.02 V on mass 57. Hexapole rf amplitude was set at 50% which enhances 
transmission of Fe masses. The analysis was run in hard extraction mode (-250 V). 1.8 
mL min-1 Ar and 2 mL min-1 H2 were introduced into the hexapole collision cell to 
completely remove ArN+ on mass 54 and ArOH+ on mass 57 and to decrease ArO+ on 
mass 56 to 0.006 V which represents 0.1% of the Fe peak. Cr+ interferences on mass 
54 were monitored on mass 52 but never detected. Instrumental mass bias was 
corrected by bracketing each sample with a standard and Fe isotope results are 
































Feδ   
The precision of our measurements was the reproducibility 2sd for the sample set 
described in this manuscript, obtained by measuring an external standard and was ± 
0.08 ‰ and ± 0.16 ‰ (2) for 56Fe and 57Fe respectively. 
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6.9. Supplementary Data Section III: Modelling approach 
Models for the isotopic evolution of the FeSm-FeS
0
aq-pyrite system at 40°C and 
100°C have been calculated in Matlab 7.7.0 (MathWorks®). If we consider a system 
in which phase A (here Fe(II)RES = FeSm + FeS
0
aq) incrementally transfers into phase 
B (pyrite) with the Fe isotope fractionation 56FeFe(II)RES-pyrite without any further 
exchange between A and B, the isotopic evolution of the system is described by the 
















where f is the fraction of Fe(II)RES remaining in the system at each time t, and  stands 
for the fractionation factor between pyrite and Fe(II)RES. This simple Rayleigh 
fractionation has been applied to the 40°C data (Fig. 6.1a), but is not a close fit to the 
100°C data.  
For the 100°C data, we considered the fact that only FeS0aq transfers into pyrite 
with the 56FeFeS(0)aq-pyrite fractionation, and that at this temperature the remaining 56Fe 
enriched FeS0aq can homogenise with FeSm. The isotopic evolution of each phase is 
calculated for three steps: i) the dissolution of FeSm into FeS
0
aq, ii) the 
56Fe depleted 
pyrite forming reaction from FeS0aq and iii) the isotopic homogenisation between 
FeSm and 
56Fe enriched FeS0aq. 
 
i) FeSm dissolution step 
In this step pyrite is not formed yet, and we assume that there is no Fe isotope 
fractionation involved during the dissolution of FeSm into FeS
0
aq. If q is the amount of 
FeSm dissolved into FeS
0


















































































ii) Pyrite forming step 
In this step, FeSm is unchanged, whereas z amount of FeS
0
aq is transferred into 
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iii) Homogenisation of the Fe(II) reservoir 
In this step, pyrite is unchanged, whereas FeSm and FeS
0
aq exchange and 
homogenise (still assuming that there is no isotope fractionation between FeSm and 































































































































































The three steps mentioned above were calculated until complete consumption of 
the Fe(II) reservoir. We used the FeSm solubility data from Rickard (2006) to 
determine the concentration of FeS0aq. In order to keep the concentration of FeS
0
aq 
constant, we set equal values for q and z, i.e. we assume that dissolution of FeSm to 
FeS0aq is equal or faster than consumption of FeS
0
aq to form FeS2. 
 
6.10. Supplementary Data Section IV: Results and discussion for the separation 
procedure 
Experimental results are summarised in Table S1. For all experiments, final 
products were pyrite and mackinawite. No Fe(II) oxidation happened during reaction. 
The use of hermetically sealed glass ampoules or serum bottles gave identical Fe 
isotope results. The only effect we could identify using different reaction vessels was 
the rate of pyrite formation. Initial 56FeFeSm was 0.30 ± 0.08 ‰ Isotopic mass balance 
for each experiment (0.29 ± 0.09 ‰) indicates that the experimental error is small and 
our results are reproducible. A three-isotope plot (Fig. S1) supports the quality of our 
data points which are consistent with Fe isotope fractionation along the terrestrial 
mass fractionation line. Our data highlight the large fractionation occurring during 
pyrite formation with FeSm and H2S as reactants. Final precision on the extent of 
pyritisation (%Py) is ± 10 %. Typical SEM images of pyrite micro-cubes and 
mackinawite aggregates for different reaction durations with qualitative (standard 
free) chemical analysis at the mineral surface are shown by Fig. 2.11 (chapter II). 
 
Figure S1: Analytical quality control for all experimental samples including the Baker Fe solution 
(external standard, in red) normalised with IRMM-14 in a three isotope plot. The slope of the line is 
consistent with the terrestrial mass fractionation line. 
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The risk of Fepyrite contamination during FeSm dissolution with HCl was examined. 
This risk is enhanced when the ratio FeSm/FeS2 decreases. We used cold 1.2 M HCl 
rather than 6 M HCl in order to reduce FeS2 dissolution and measured a maximum of 
0.2 % dissolution from the initial FeS2 phase. This means that when the FeSm/FeS2 
ratio is the lowest, potential pollution of FeFeSm by Fepyrite represents at maximum 
0.027 % of FeFeSm. The theoretical Fe isotope composition of pyrite necessary to 
decrease by 0.1 ‰ the composition of observed FeSm is shown by Fig. 2.5 (chapter 
II). The figure suggests that contamination bias may become a problem when > 95 % 
pyritisation has occurred (i.e. when < 5 % FeSm remains in the system, shaded area). 
None of our data correspond to this high %Py region, and we conclude that our results 
are free from cross-contamination. 
Removal of organic matter left by MOPS after freeze-drying was crucial to 
prevent carbon to be introduced into the MC-ICP-MS. Both aqua regia and hydrogen 
peroxide (VWR™) were tested to oxidatively remove organic carbon. 5 to 10 mL of 
the oxidant was added to the residue and warmed up to 85°C and dried. The procedure 
was repeated three times. The final residue was dissolved in concentrated HCl and 
taken up to volume. 5 L of the solutions were diluted four times in methanol for 
Electron Spray Ionisation Mass Spectrometry (ESI-MS). Results showed that MOPS 
is still present in the solution oxidised with aqua regia whereas MOPS is not 
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detectable in the solution oxidised with hydrogen peroxide. NMR analysis showed the 
persistence of organic molecules in both solutions, but peaks were broad and difficult 
to analyse, perhaps indicating sulphur and nitrogen containing molecules. Total 
Organic Carbon (TOC) analyses showed that 99 % of carbon had been removed from 
the solution oxidised with hydrogen peroxide. 
 
Table S1: Experimental conditions and analytical results. Precision on %Py is ± 10 %. Products were 
identified by XRD and SEM analyses. Analytical precision on 56Fe was given by the reproducibility of 
an external standard (Baker®) at a 2 level and was ± 0.08 ‰ and ± 0.16 ‰ for 56Fe and 57Fe 
respectively. The isotopic composition of starting FeSm was 0.30 ± 0.08 ‰. The kinetic fractionation 
















=− . Precision 
on ’FeS-pyrite is ± 0.0007. The fractionation between FeSm and pyrite 
was pyriteFeSpyriteFeS FeFeFe
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7.1.1. Fe isotopes signatures of sedimentary pyrite 
It has been proposed that the secular variations in the Fe isotope signatures of 
sedimentary pyrite should provide a powerful insight into Archean and Proterozoic 
biogeochemistry (e.g. Matthews et al., 2004; Rouxel et al., 2005; Yamaguchi et al., 
2005; Archer and Vance, 2006; Johnson, Beard, Klein, et al., 2008; Johnson, Beard, 
and Roden, 2008). Early Paleoproterozoic and Archean sedimentary pyrites display a 
large range of Fe isotope compositions, with 56Fepyrite varying from ~ +0.5 to -3.5 ‰ 
(Rouxel et al., 2005; Archer and Vance, 2006; Czaja et al., 2010). The late 
Paleoproterozoic (2.3 Ga to 1.7 Ga), bracketed between the rise of atmospheric 
oxygen and the cessation of the deposition of Banded Iron Formations, is 
characterised by a range comprised between ~ +1.2 to -0.5 ‰ (Rouxel et al., 2005; 
Yamaguchi et al., 2005). Finally, Mesoproterozoic to modern pyrites display 
compositions ranging from ~ +0.2 to -1 ‰ (Matthews et al., 2004; Severmann et al., 
2006; Anbar and Rouxel, 2007). 
Interpretations for the negative Archean 56Fepyrite excursions have mostly focused 
on the formation of a 56Fe depleted Fe(II) pool prior to Fe(II) sequestration into pyrite. 
Potential processes responsible for the formation of such a depleted pool involved 
intense bacterial dissimilatory iron reduction (DIR, e.g. Archer and Vance, 2006; 
Johnson, Beard, Klein, et al., 2008; Johnson, Beard, and Roden, 2008; Czaja et al., 
2010), or prior Fe oxidation (e.g. Rouxel et al., 2005; Anbar and Rouxel, 2007). This 
is because both DIR and Fe oxidation are known to produce 56Fe depleted Fe(II)aq 
fluids (e.g. Johnson et al., 2002, 2005; Skulan et al., 2002; Welch et al., 2003; Croal 
et al., 2004; Icopini et al., 2004; Balci et al., 2006; Crosby et al., 2007). However, it 
was shown in chapter VI that the mechanisms responsible for the formation of iron 
sulphides, and ultimately pyrite, are themselves accompanied by large Fe isotope 
fractionations, and therefore suffice to encapsulate the whole range of sedimentary 
pyrite Fe isotope signatures. 
  
7.1.2. Pyrite formation pathways 
Pyrite formation requires two distinct processes: nucleation and crystal growth. 
The relative rates of pyrite nucleation and crystal growth have been discussed in 
Rickard and Luther (2007), and once pyrite starts nucleating, the rate of pyrite 
formation is controlled by the rate of pyrite crystal growth, and it is crystal growth 
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that is responsible for bulk pyrite formation in sediments. The stoichiometry and rates 
of pyrite formation have been described for two mechanisms: the polysulphide 
pathway and the H2S pathway (e.g. Luther, 1991; Rickard, 1997; Rickard and Luther, 
1997). As S(-II)aq speciation strongly depends on pH (chapter I, section 1.2.1.1), both 
mechanisms depend themselves on the reaction pH. Voltammetric evidence (Luther, 
1991; Rickard, 1997) support the involvement of the dissolved Fe(II) species FeS0aq in 
both reactions, and Rickard et al. (2001) observed that FeS0aq suppression inhibits 
subsequent pyrite formation. 
Butler et al. (2004) compared the rates of both pathways for the experimental 
conditions described by Wilkin and Barnes (1996), who used 100 mg FeSm and a H2S 
partial pressure of 0.03 atm. Using surface areas of 30 m2 g-1 for FeSm and 1.4 x 10
3 
cm2 g-1, they showed that at pH 7, pyrite forms at a rate of ~ 8 x 10-11 M L-1 s-1 via the 
polysulphide pathway when FeSm is present: 
0
aqm FeSFeS →    (7.1) 
−− =+ 220 ])[( nnaq SFeSSFeS  (7.2) 
−
−
− += 2 12
2])[( nn SFeSSFeS  (7.3) 
−
−
− +=+ 2 12
20
nnaq SFeSSFeS  (7.4) 
The reaction with H2S forms pyrite for the conditions described above at a rate of 
~ 2 x 10-8 M L-1 s-1 at pH 7 when FeSm is present: 
0
aqm FeSFeS →    (7.5) 
][ 22
0 SHFeSSHFeSaq −=+  (7.6) 
222 ][ HFeSSHFeS +=−   (7.7) 
222
0 HFeSSHFeSaq +=+  (7.8) 
Amongst all pyrite forming reactions reviewed by Rickard and Luther (2007), 
FeSm tends to be a popular Fe(II) reagent in experimental protocols because systems 
saturated with respect to FeSm are close to the supersaturation conditions required for 
rapid pyrite nucleation (Rickard et al., 2007). As explained in chapter I, pyrite 
formation is a dissolution reaction, and the nature of the reactant (FeSm amongst 
others) is therefore irrelevant. Interestingly, out of the numerous pyrite forming 
reactions using FeSm as a reagent reviewed by Rickard and Luther (2007), only one 
successfully synthesised pyrite from undersaturation with respect to FeSm and under 
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FeS0aq stability field (Harmandas et al., 1998). Harmandas et al. (1998) used pyrite 
seeds as nucleation surface to favour pyrite growth in a continuous flow reactor. 
Because nucleation is favoured for substrates where the surface free energy difference 
between the substrate and the nucleating phase tends to zero, the presence of pyrite 
seeds facilitates pyrite nucleation. Even though, pyrite growth is an oxidation reaction 
(where S(-II) in H2S needs to be oxidised into S(-I) in S2
2-) and not simply an 
accretion of Fe and S atoms. In Harmandas et al. (1998) experiments, pyrite grew via 
the H2S pathway (Eq. 7.8). The rates of pyrite forming pathways indicate that the 
polysulphide pathway might be the controlling mechanism for pyrite nucleation, 
whilst the H2S pathway is the controlling mechanism for pyrite crystal growth. 
 
7.1.3. Fe isotope fractionation during bulk pyrite formation 
Bulk pyrite formation carried out at pH 6 through the reaction of FeSm with H2S is 
characterised by a large kinetic fractionation favouring the incorporation of lighter 
isotopes into the neoformed pyrite (56FeFeSm-pyrite ~ 2.2 ‰, chapter VI). It was 
assumed that under such experimental protocols, most of the observed Fe isotope 
fractionation reflects the crystal growth mechanism, since pyrite nucleation barrier is 
rapidly overcome with suitable FeSm substrate (Rickard, 1997). However, batch 
experiments do not permit us to assess the relative contribution of both nucleation and 
crystal growth mechanisms in the final Fe isotope signature. Major disadvantages 
when performing batch experiments is the very little freedom with which experiments 
can be run. Large reactant concentrations used in chapter VI are not representative of 
natural conditions, in which Fe concentrations are nano- to millimolar, and FeSm 
formation is restricted to Fe rich environments. Furthermore, the rates and 
concentrations are continuously changing in batch experiments, unlike in natural 
systems in which Fe(II) inputs are continuously provided by hydrothermal vents, river 
loads and dissimilatory iron reduction (chapter I, section 1.2.1.2). Finally, as the two 
pyrite forming mechanisms depend on pH, the use of large amounts of pH buffer can 
be required to examine one particular mechanism. 
The aim of the study is to develop a protocol permitting the determination of the 
Fe isotope fractionation produced under stable conditions and reactant concentrations 
approximating those representative of natural sediments using a chemostatic reaction 
vessel. Such experiments permit us to assess a wider pH range (5 to 8) without using 
any pH buffer and also permit us to form pyrite from less concentrated conditions. We 
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used pyrite seeds as a nucleation surface (Harmandas et al., 1998), and millimolar 
Fe(II)aq and S(-II)aq were introduced continuously into the chemostatic reaction vessel 
to grow pyrite from saturation with respect to FeSm (Wilkin and Barnes, 1996; 
Wolthers et al., 2005). 
 
7.2. Experimental Methods 
7.2.1. Reactants 
All reagents and acids were analytical grade and solutions were prepared using 
18.2 M cm deionised water and made up in O2 free grade N2 sparged (Butler et al., 
1994) 0.2 M NaCl. Iron(II) solution was made by dissolution of Mohr’s salt 
Fe(NH4)2(SO4)2.6H2O (Sigma Aldrich™) in N2 sparged 0.2 M NaCl. Mohr’s salt was 
used for its ability to resist oxidation in solution. Sulphide solution was made by 
dissolution of Na2S.9H2O (Sigma Aldrich™) in N2 sparged 0.2 M NaCl. 0.005 M H
+ 
solution was prepared by dilution of concentrated HCl in N2 sparged 0.2 M NaCl. 




Two pyrite seeds were encapsulated in an epoxy resin, allowing one pyrite surface 
to be in contact with the media. The pyrite surface was cleaned with 0.01 M HCl, 
rinsed with deionised water and freeze-dried to prevent oxidation. Before the 
experiment, the pyrite seeds were introduced into the chemostat reaction vessel whose 
capacity is set at 1.4 L with a float. The chemostat reactor (Fig. 7.1) was filled with 
the 0.2 M NaCl media for the benefit of the pH electrode, sealed and the reaction was 
stirred with a magnetic stirrer (Fig. 2.3 in chapter II). All reagent solutions (i.e. 2 L 
0.5 x 10-3 M Fe(II)aq and 2 L 10
-3 M S(-II)aq), the pH adjusting solutions (i.e. 0.005 M 
HCl and 0.005 M NaOH), and the reaction vessel were N2-sparged for 30 min. Trace 
amounts of oxygen in the oxygen-free grade N2 supply was removed through a 
Supelco® gas carrier purifier which uses zirconium turnings to remove oxygen at 
temperatures > 400°C. 
Reactants (i.e. Fe(II)aq and S(-II)aq) were continuously introduced into a sealed 2 L 
glass reaction vessel via a Masterflex® peristaltic pump. The pH was measured, 
monitored and controlled with a Eutech Instruments pH 190® pH/ORP controller 
adjusting the reaction at pH 7 ± 0.1 with 0.005 M HCl and NaOH. The volume was 
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maintained at a constant level with a float control and excess solution was pumped out 
to a Pb(II) acetate containing waste. Pb(II) acetate ensured quantitative H2S 
precipitation as PbS. 
After one week reaction, 150 mL of the solution were sampled and filtered under 
flowing N2 on a 0.45 m membrane Millipore™ filter to collect the suspending solids. 
The filter was treated with 1.2 M cold HCl to quantitatively dissolve FeSm. After HCl 
treatment, the filter was clear, indicating that pyrite suspensions were limited or 
nonexistent. The Fe solution was evaporated to almost dryness to remove excess acid 
and re-taken in 5 % HNO3. The solution was essentially Fe(III)aq in nitric acid and 
was stored, pending [Fe] determination and Fe isotope analysis. The pyrite seeds were 
collected, rinsed and dried with absorbing paper and stored in a N2-filled re-
circulating Saffron alpha® anoxic chamber pending secondary electron microscope 
(SEM) and reflected light microscope analyses. After microscopic analysis, the pyrite 
surface was scraped with a scalpel to collect pyrite overgrowths. Solids were 
dissolved in concentrated HNO3, and remaining carbon from the SEM coating was 
removed by vacuum filtration. The Fe solution was evaporated to almost dryness to 
remove excess acid and re-taken in 5 % HNO3. The solution was essentially Fe(III)aq 
in nitric acid, and was stored, pending for [Fe] determination and Fe isotope analysis. 
  
  
Figure 7.1: A: Overview on the chemostatic reaction vessel. The black colour of the reaction reflects 
the presence of mackinawite in the system. B: Zoom on the pH electrode and the float controlling the 
constant volume of solution in the chemostat. 
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7.3. Analytical methods 
7.3.1. Microscopy 
Pyrite seeds were taken out of the anoxic chamber and carbon coated for 
immediate SEM analysis. Surface imaging, mineral products determination and 
texture description were performed via backscatter detector on a Philips XL30CP® 
Scanning Electron Microscope (SEM) at 20 kV. Qualitative chemical analysis on the 
material surface was carried out with PGT® Spirit X-ray analysis as a mineral check. 
The pyrite overgrowth removal by scalpel scraping was checked with reflected light 
on a Leica DM250 microscope. 
 
7.3.2. Spectrophotometric determination of [Fe(III)] 
We used the thiocyanate method (Vogel, 1951) to determine [Fe(III)] in the 
solution by comparison with a calibration curve. Fe solutions were acidified with 2 
mL 1:5 HNO3, oxidised with a few drops of 0.2 M potassium permanganate, reacted 
with 4 M potassium thiocyanate and analysed at a wavelength of 480 m. The Beer-
Lambert’s law is followed for a 0 to 5 ppm [Fe(III)] range with a precision 2 of ± 0.1 
ppm. 
 
7.4. Results and discussion 
7.4.1. The presence of pyrite overgrowths 
SEM imaging shows that for both pyrite seeds, the surface is characterised by two 
topographic zones: higher relief zones separated linearly by depressions (Fig. 7.2.A). 
The linearity of the covering material could reflect the overgrowth alignment along 
the crystallographic axis of the original pyrite surface. There is evidence supporting 
that the upper zones are authigenic pyrite overgrowths covering the original pyrite 
surface, which is still observable in the linear depressions. First, the upper material is 
characterised by the presence of hemispherical depressions spread all over its surface 
(Fig. 7.2.A,B,C,F), but these depressions are not present on the original surface. 
Furthermore, this material does not cover silicate inclusions (Fig. 7.2.B,C,D,E,F), 
which is consistent with pyrite overgrowth mechanism. Initial evidence supporting 
pyrite as the neoformed product is that PGT analysis indicates that these overgrowths 
have a typical FeS2 signature. Analysis of the edges of inclusion minerals also 
confirms FeS2 signatures. There is no evidence of oxidation since no S(0) or Fe(III) 
phase is detected. Fig. 7.2.E,F shows the effect of the physical removal of the carbon 
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coated authigenic phase by scalpel scraping. Finally, [Fe] determination indicates that 
~ 0.6 mg Fe was collected from the surface, which further indicates that pyrite has 
been formed on the surface of the pyrite seeds. 
 
 
Figure 7.2: Secondary electron and reflected light microscopy of the reacted pyrite seeds surface. A: 
arrows show the linear depressions scattering the overgrowths. B: the arrow shows the hemispherical 
depressions within the overgrowths. C: A silicate inclusion free from pyrite cover. D: Pyrite 
overgrowths are present at the edges of the inclusion. E and F: Reflected light imaging of the pyrite 
surface after partial removal of the overgrowths. 
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The micrometric size of pyrite overgrowths produced within this experiment is 
consistent with results from other laboratory-grown pyrite overgrowths, which never 
reproduced coarse-size pyrite as widely found in nature, as noted by Grimes et al. 
(2002). This indicates that laboratory experiments tend to work with concentrations 
far above the pyrite supersaturation limit, favouring the development of numerous 
nucleation sites rather than pyrite crystal growth. The geochemistry, including isotope 
geochemistry, of pyrite formation at FeS undersaturation, and consequently at 
conditions more favourable to pyrite growth, is a comparatively under-explored topic 
in experimental research into the iron sulphide system. 
  
7.4.2. Pyrite forming mechanism 
The pH of the Fe(II)aq solution was ~ 4, and at this pH the dominant Fe bearing 
species is the hexaqua Fe[H2O]6
2+ (normally referred as Fe2+). Up to ~ 12% of the 
total dissolved Fe(II) was constituted by the weak outer-sphere SO4
2- ligand complex, 
Fe[H2O]6SO4
0
aq (calculated in Visual MINTEQ 3.0
®). In the alkaline sulphide 
solution, S(-II) speciation is dominated by HS- (Fig. 1.5 in chapter I). Reagent 
solutions were pumped into the reaction vessel at a rate of 0.4 mL min-1. The pH of 
the reaction was set at pH 7.00 ± 0.1. Fig. 2.4 in chapter II shows that the reaction pH 
was constant through time. 
Rickard (2006) showed that log K1,sp(FeSm) = 3.5 ± 0.25 for the solubility reaction 
under acidic conditions (Eq. 7.9): 
SHFeHFeSm 2
22 +=+ ++   (7.9) 
For neutral to alkaline regions, where S(-II)aq speciation is dominated by HS
-, Eq. 7.9 
can be extended to Eq. 7.10: 
−++ +=+ HSFeHFeSm
2   (7.10) 
As pK1(H2S) is 6.98 (Suleimenov and Seward, 1997), logK2,sp(FeSm) for reaction 10 is 
~ -3.5. Under neutral to alkaline conditions, the equilibrium solubility of FeSm is 
dominated by FeS0aq, with logK0(FeSm) = -5.7 (Rickard, 2006). This means that at pH 
7, when mixing Fe2+aq and HS
- at low concentrations, FeS0aq forms when log{Fe
2+} + 
log{HS-} + pH 	 2.2. When log{FeS0aq} 	 -5.7, mackinawite starts precipitating from 
solution. At pH 7 and for [S(-II)] = 10-3 M, equilibrium solubility of FeSm is 




Figure 7.3: S(-II)aq speciation as H2S and polysulphides (red curves) and total activity of dissolved 
Fe(II) in equilibrium with FeSm (black curves) for {S(-II)} = 10
-3 M as a function of pH. The grey 
area represents the experimental pH conditions, for which FeS0aq is the dominant Fe(II)aq species and 
H2S the dominant S(-II)aq species relevant for pyrite formation. 
 
The fact that H2Saq is the dominant S(-II)aq species in the system does not exclude 
potential pyrite supersaturation with respect to S2
2- and Fe2+ only. Harmandas et al. 
(1998) showed that the pyrite supersaturation limit, pyrite, for the reaction (Eq. 7.11): 
−+ += 22
2
2 SFeFeS    (7.11) 












=Ω   (7.12) 
where Ksp(FeS2) is the solubility product of pyrite for reaction 7.11, and Ksp(FeS2) = 
10-24 for reaction 7.11 (Rickard and Luther, 2007). Harmandas et al. (1998) showed 
that pyrite ~ 1014 for reaction 7.11. Rickard and Luther (2007) suggested that for pH 
7, pyrite supersaturation limit in terms of {Fe2+} and {H2S} in the presence of FeSm is 
pyrite = 1010.7. For the experimental data illustrated in Fig. 7.3, pyrite ~ 3 x 102 on the 
basis of {Fe2+} and {S2
2-}. Therefore, the polysulphide pathway in pyrite formation is 
unlikely to be of importance since pyrite is undersaturated with respect to 
polysulphides. 
 
7.5. Conclusions and implications for natural systems 
Pyrite overgrowths were formed at the surface of pyrite seeds in a continuous flow 
reactor from the reaction of FeS0aq with H2S. Fe isotope analysis has not been 
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performed yet, but the Fe isotopic compositions of the pyrite overgrowths and the 
Fe(II) source should provide the isotope fractionation recorded during the mechanism 
involving pyrite growth. Experimental conditions were representative of 
environments with near marine pH and continuous input of  millimolar [Fe(-II)]total 
and [S(-II)]total. These preliminary results are pertinent for potential future research on 
the Fe isotope fractionations produced with varying reactant concentrations and pH. 
They provide the experimental basis to examine the behaviour of Fe isotopes during 
pyrite nucleation and growth at conditions approaching those of the natural 
environment and therefore to explore the details of Fe isotope distribution in modern 
sedimentary environmental conditions. 
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The careful analysis of Fe isotopes in various synthetic iron sulphides (e.g. 
Guilbaud, Ellam, et al., 2010; Guilbaud, Butler, et al., 2010) has demonstrated the 
usefulness of Fe isotopes in tracing the chemical behaviour of Fe atoms within the 
diagenetic Fe-S system. The aim of this PhD project was to evaluate potential Fe 
isotope fractionations occurring during the abiological formation of iron sulphides and 
ultimately pyrite. Fig. 8.1 summarises the abiotic Fe isotope fractionations observed 
for major iron sulphide forming mechanisms. 
 
Figure 8.1: Experimentally determined Fe isotope fractionations occurring abiotically in the diagenetic 
Fe-S system. Note that the fractionation between FeS0aq and FeSm is assumed to be ~ 0 ‰ but has not 
been directly measured. The major Fe-S phases investigated in this PhD are in blue, and the 
corresponding fractionations in grey. 
 





(Chapters IV and V) 
The precipitation of FeSm from the reaction of Fe(II)aq with HS
-
aq incorporates 
kinetically lighter isotopes into solid FeSm nanoparticles, which is consistent with 
previously published work (Butler et al., 2005). Isotopic exchange between FeSm and 
Fe(II)aq is controlled by the nanoparticle growth mechanism and rapidly asymptotes 
when ~ 75 % of Fe atoms have exchanged between the Fe(II)aq and FeSm 
nanoparticles. The rates of isotopic exchange between FeSm and Fe(II)aq are consistent 
with FeSm nanoparticles that i) have a core-shell structure that restricts Fe mobility to 
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the surface shell, and ii) grow by aggregation-growth rather than Ostwald ripening 
(Chapter IV) (Guilbaud, Butler, et al., 2010). Such core-shell structures have been 
observed in other transition metal sulphide nanoparticles such as NiS (Huang et al., 
2009) and ZnS (Zhang et al., 2003). Due to the platy shape of FeSm nanoparticles, it is 
difficult to confirm the core-shell structure of FeSm by HRTEM imaging (Ohfuji and 
Rickard, 2006), although FeSm edges are diffuse, which may indicate a disordered 
surface. Aggregation crystal growth has been observed for other nanoparticulate 
systems such as goethite nanoparticles (e.g. Waychunas et al., 2005), with consequent 
implications for environmental investigations of contaminant metal trapping during 
nanoparticle growth. 
Results suggest that the Fe(II)aq-FeSm couple in low temperature environments is 
kinetically inhibited from achieving isotopic equilibrium, at which FeSm is predicted 
to incorporate heavier isotopes with respect to Fe2+aq (Chapter V, Guilbaud et al., 
submitted to Geochimica et Cosmochimica Acta). It is important to note that 56Fe 
depletion in FeSm with respect to Fe(II)aq is due to kinetic effects (Butler et al., 2005) 
and does not represent isotopic equilibrium as has been proposed (e.g. Johnson et al., 
2008). Therefore in modern anoxic sedimentary environments (e.g. Severmann et al., 
2006), in which FeSm is a reactive Fe phase, the isotopic composition of FeSm is not 
in equilibrium with porewater Fe(II)aq. The idea that low temperature nanoparticles 
should be in equilibrium with the media is disproved for the Fe-S system. 
 
8.2. The mobility of Fe isotopes during the formation of sedimentary pyrite 
(Chapter VI and VII) 
Pyrite formation from the reaction of FeS0aq with H2Saq is accompanied by a large 
abiotic kinetic fractionation where the pyrite product is 56Fe depleted with respect to 
the Fe(II) pool from which it forms (Chapter VI, Guilbaud et al., submitted to Nature 
Communications). Pyrite formation is a unidirectional reaction, and atomic exchange 
between pyrite and the media after Fe sequestration into pyrite is strictly limited by 
the very low solubility of pyrite at low temperatures. This confirms that the pyrite 
forming mechanism itself can produce fractionations larger than 1 ‰, without the 
intervention of any biologically mediated reaction, or any redox change occurring to 
the Fe chemistry. Results highlight that contrary to previously proposed models (e.g. 
Rouxel et al., 2005; Johnson et al., 2008), pyrite is not a passive recorder of the Fe(II) 
pool from which it forms. The full range of Fe isotope signatures recorded in modern 
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and ancient sedimentary sulphides can be produced abiotically combining the 
fractionation factors between Fe2+aq, FeSm and pyrite. The secular variations in Fe 
isotope compositions of pyrite reflect various extents of Fe(II)aq utilisation and 
degrees of pyritisation, as well as variations in source composition. 
Using the experimentally determined 56FeFeS-pyrite of ~ 2‰, most Archean 
sedimentary pyrite signatures indicate that the Fe isotope composition of the Fe(II)aq 
reservoir was ~ 0 ‰, which is consistent with the supposed composition of Archean 
hydrothermal fluxes (e.g. Yamaguchi et al., 2005). There is no need for a large 56Fe 
depleted Fe(II)aq pool to be produced prior to pyrite formation, and therefore no need 
for a large mass-balancing 56Fe enriched reservoir Fe(II)aq to remain after pyrite 
formation. This is particularly true for an environment in which Fe(II)aq with 56Fe ~ 0 
‰ is continually injected into the system by hydrothermal vents as it is the case in the 
Archean, because the 56Fe enriched Fe(II) produced during pyrite formation is then 
diluted in the large Fe(II)aq pool. Certainly, both DIR and the removal of Fe(II)aq as 
BIFs in ferruginous regions would promote the production of 56Fe depleted fluids 
enabling the formation of light sedimentary pyrite. We suggest that low 56Fe 
signatures in Archean sedimentary pyrite indicate that the portion of Fe removed as 
pyrite was relatively small in respect with the portion of reactive Fe remaining in the 
Fe(II) pool (e.g. Canfield, 2005). 
Pyrite grows when reactant concentrations approach those of natural environments 
and are continuously introduced into the system (chapter VII). The mechanism 
involves the reaction of FeS0aq with H2S. Isotopic analysis for this experiment has not 
been performed yet but should provide the basis for the development of future work in 
exploring Fe isotope fractionations from natural conditions. 
 
8.3. Some ideas for future work 
Some fundamental answers have been provided by the results of the experiments 
carried out through this PhD, opening up a range of new questions for Fe isotopes in 
the Fe-S system, and offering a strong basis to approach experimentally this field of 
stable isotope geochemistry. The subsequent section reviews some ideas of further 
research that could be studied in continuity of the work presented in this thesis. 
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8.3.1. Kinetic Fe isotope fractionation between Fe
2+
aq and FeSm via the H2S pathway 
The precipitation of FeSm by addition of Na2S.9H2O into Fe(II)aq follows the HS
- 
formation pathway (Eq. 1.5 in chapter I) as Na2S.9H2O is strongly alkaline. However, 
this mechanism may not be representative of Archean seawater conditions in which 
pH is expected to be acidic (e.g. Grotzinger and Kasting, 1993), and H2S to dominate 
S(-II)aq speciation. As the H2S pathway involves a different FeSm forming 
mechanism, the resulting Fe isotope fractionation between Fe(II)aq and FeSm may be 
also different. Preliminary results (Pkala, pers. comm.) suggest that a fractionation 
significantly different from the one involved in the HS- pathway occurs with the H2S 
pathway. Experimental design would involve the use of buffered Fe(II)aq and S(-II)aq 
solutions by non-complexing buffers. The difficulty with such a design is to buffer a 
H2Saq solution at ~ pH 4 without H2S to be removed as a gas or forming S(0). 
Alternatively, to avoid the use of any buffer, H2S(g) can be transferred into a non-
buffered Fe(II)aq solution via a gas transfer manifold (Chapter II, section 2.2.2.3). 
 




The results presented in chapter V suggest that at equilibrium, a significant Fe 
isotope fractionation between Fe2+aq and FeSm records 
56Fe enrichment in the solid 
FeSm. In chapter VI, we made the assumption that the dissolution of FeSm into FeS
0
aq 
under neutral to alkaline conditions should experience little or insignificant 
fractionation since FeSm and FeS
0
aq are structurally congruent (Luther and Rickard, 
2005). In order to verify this assumption, it is essential to determine experimentally 
both kinetic and equilibrium fractionations between FeSm and FeS
0
aq. FeSm solubility 
indicates that FeS0aq dominates the Fe(II)aq speciation for neutral to alkaline pH 
(Rickard, 2006). Experimentally, it is not trivial to work with stable FeS0aq solutions 





reservoir is orders of magnitude smaller than the FeSm reservoir, making its collection 
difficult for isotope analysis. Those issues can be overcome with a chemostatic 
reaction vessel which allows the use of large volumes to concentrate the reactants. 
Several floating dialysis membranes containing FeSm would be placed in the reaction 
solution buffered at pH 8 (MOPS), to guarantee that FeS0aq dominates Fe(II)aq 
speciation at equilibrium. FeSm nanoparticles would be contained within the 
membranes unlike FeS0aq, although Buffle et al. (1988) showed that the smallest FeSm 
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nanoparticles may display a diffusion behaviour. The H2S or purified O2-free N2 
sparged buffered solution would be continuously introduced into the chemostat, and 
the excess volume collected and evaporated to concentrate Fe from FeS0aq. Time 
series Fe isotope analysis would be possible by sampling one dialysis membrane and 
its FeFeS(0)aq equivalent through time. 
Similar experimental design can be done for the determination of the Fe isotope 
fractionation between FeS0aq and FeSm at equilibrium starting with labelled FeS
0
aq and 
“normal” FeSm for the three isotope method. Because the size of both reservoirs is 
disproportionate, the exchange curves will be asymmetric, and therefore a large 
isotopic enrichment (e.g. > 100 ‰) would be necessary in the FeS0aq phase to ensure a 
significant drift in the Fe isotope composition of FeSm during isotope exchange. In the 
case where the FeS0aq reservoir is too small for Fe isotope analysis, the equilibrium 
fractionation can still be predicted using the extent of isotopic exchange calculated 
from the FeSm isotopic composition. 
 
8.3.3. Determination of the Fe isotope fractionation during pyrite formation involving 
polysulphides as a S(-II)aq reactant 
Chapter VI presented the Fe isotope fractionation resulting from the formation of 
pyrite when FeSm dissolves and reacts with H2S. Butler et al. (2004) confirmed that 
the polysulphide pathway (Eq. 1.9 in chapter I) may involve more Fe-S bond breaking 
than the H2S pathway. As a result, the Fe fractionation recorded during this pyrite 
forming pathway could be consequently different to those recorded for the H2S 
pathway. The experimental procedure would involve the use of tetrasulphide, Na2S4 
rather than H2S to react with FeS
0
aq. The reaction pH would be adjusted by the non-
complexing MOPS buffer at pH 8. The experimental and extraction protocols would 
then follow those described in chapter II. 
 
8.3.4. Determination of the equilibrium Fe fractionation between Fe
2+
aq and pyrite 
Results from chapter VI show that the formation of sedimentary pyrite is a 
unidirectional reaction recording kinetic isotope effects. Theoretically derived 
equilibrium numbers between Fe2+aq and pyrite (e.g. Polyakov et al., 2007) can 
therefore not be compared with the results in chapter VI. However such comparison 
would be useful to assess Fe isotopic equilibrium in hydrothermal systems or during 
Fe mobilisation by burial diagenetic fluids. The three isotope method could be applied 
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to the Fe2+aq-pyrite system at 100-150°C. 
56Fe enriched pyrite microcubes could be 
formed as described in chapter V and VI, and left in contact with a Fe(II)aq solution of 
natural isotopic composition at 100°C to allow Fe isotopes to exchange between both 
phases. If the assumption that 56FeFeSm-FeS(0)aq = 0 ‰ is true, the result from this 
experiment (i.e. 56FeFe2+-pyrite) would also provide indirectly the equilibrium 
fractionation between FeS0aq and pyrite. 
 
8.3.5. Pyrite crystal growth from undersaturated and saturated conditions with 
respect to FeSm 
If the assumption that 56FeFeSm-FeS(0)aq = 0 ‰ is not true, it becomes quite clear 
that the measured fractionation in chapter VI represents 56FeFeSm-pyrite and not 
56FeFeS(0)aq-pyrite. The range of variables accessible using a chemostatic reactor open 
up a variety of possible research, including pyrite formation from conditions 
undersaturated with respect to FeSm (Harmandas et al., 1998), which would directly 
assess 56FeFeS(0)aq-pyrite. 
 
8.3.6. The role of microorganisms for the Fe isotope signatures of pyrite 
Pyrite forming reactions conducted in microbiological experiments have 
documented rates of pyrite formation substantially larger than those from abiotic 
systems (e.g. Canfield et al., 1998). Whether or not biologically mediated reactions 
have also an influence on the Fe isotope signature recorded in pyrite is not known. 
Again, the chemostatic approach described above could assess this question by 
investigating the rates of pyrite formation when microorganisms are present and the 
subsequent Fe isotope composition of pyrite. 
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